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This thesis considers the evolution and dynamic behaviour of the northern Uummannaq Ice 

Stream System (UISS), a large ice stream which extended to the Greenland shelf edge 

during the Last Glacial Maximum (LGM).  The Uummannaq region has been shown to be 

dominated by areas of selective linear erosion (SLE) and areal scour.  Over multiple glacial 

cycles, enhanced by favourable geology and uplift, SLE controlled the formation of a 

confluent fjord system which triggered the onset and development of the UISS.  At the 

LGM, northern UISS ice thicknesses reached 1400-1968 m a.s.l., comparable to data from 

the southern UISS.  However, in the north, thicknesses were not sufficient to overtop fjord 

confines, with ice flow remaining topographically controlled. 

The presence of thick, fast ice flowing ice in the onset zone suggests that subglacial 

conditions within the study area were characterised by intense basal sliding.  The evolution 

of bedforms (roches moutonnées and whalebacks) was influenced by basal ice dynamics, 

but bedrock type, joints and bedding were also critical controls on bedform morphometry. 

Deglaciation following the LGM began on the outer shelf by 14.9 kyr, with increased air 

temperature, rising relative sea-level and bathymetric over-deepening driving the UISS to 

the outer edge of coastal fjords by 11.4-11.0 kyr.  Geochronological data demonstrate that 

the retreat rate of the northern and southern UISS became highly asynchronous during the 

early-Holocene.  In the south, topographic constrictions stabilised the ice from 11.0-9.3 kyr, 

before it retreated beyond its present ice margin at 8.7 kyr. Ice in the north became pinned 

at the mouth of Rink-Karrat Isfjord between 11.6-6.9 kyr, remaining stable through the 

Holocene Thermal Maximum, demonstrating the ability of topography to override climate 

and sea-level drivers. 

Geomorphological and sedimentological evidence has demonstrated that the Svartenhuk 

Peninsula in the northern Uummannaq region, previously cited as an LGM ice-free enclave, 

was overrun by ice during the LGM.  Ice was sourced from the Svartenhuk interior, and 

expanded radially to the present coastline.  This is contrary to existing work, and suggests 

there may be a need to reassess the evidence for interstadial, high sea-level conditions 

throughout Greenland. 
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CHAPTER ONE 

Introduction 

 

1.1. Introduction 

 

The Greenland Ice Sheet (GIS) (Figure 1.1) is the only remaining ice sheet in the northern 

hemisphere.  It contains over 7 m of sea-level equivalent, presently contributing 0.5 mm a-1 

to global sea-level rise (Shepherd and Wingham, 2007).  Under future climate change 

scenarios, this contribution to average sea-level from the GIS is expected to rise (Rignot et 

al., 2011).  The meltwater produced by the GIS (through surface melting, ocean melting, and 

iceberg calving) has important effects upon global mean sea-level and ocean circulation in 

the areas surrounding Greenland, as well as the wider North Atlantic.  The potential changes 

in the amount and intensity of meltwater produced by the GIS are driven through 

fluctuations in ice sheet mass balance, and increases in calving from outlet glacier termini.  

Recent analysis has shown a marked increase in GIS mass loss over the past decade (Box et 

al., 2012).  This has been through increases in: surface melting (Mote, 2007, Fettweis et al., 

2011); runoff (Box, 2006, Ettema, 2009); dynamic thinning (Krabill et al., 2004, Pritchard et 

al., 2009); and glacier discharge (Rignot and Kanagaratnam, 2006, Howat et al., 2008).  Of 

this loss, ~50% is thought to be through surface melt, and ~50% is thought to be through 

dynamic ice sheet effects (van den Broeke et al., 2009).  Outlet glaciers in Greenland are 

particularly susceptible to dynamic changes in a warming climate as they are ocean 

terminating, meaning they are affected by oceanic warming and relative sea-level rise in 

addition to atmospheric warming (Nick et al., 2009).  However, the processes causing these 

recent dynamic changes remain poorly constrained, with air temperature, ocean 

temperature, and relative sea-level likely to be influential forcing mechanisms.  As a result 

of the global ramifications enhanced GIS melt will cause, it is of vital importance that we 

have a robust understanding of the interactions between climate, oceans, and the GIS. 

 

However, present observational data are limited in their time-scale, and are insufficient for 

predicting future dynamic changes in GIS behaviour.  Thus, in order to provide a robust 

understanding of the role atmospheric and oceanic changes have upon ice sheet dynamics, 

we must look to the palaeo-record.  Well constrained palaeo-glaciological reconstructions of 

the GIS allow the factors controlling ice sheet and ice stream retreat behaviour to be 

analysed.  In turn this can inform predictions about the future behaviour of the GIS.  



 

 

Developments in our knowledge of ice sheet activity has demonstrated that fast-flowing  

 

Figure 1.1. Map of Greenland and its immediate vicinity, with key land-masses and water-

bodies labelled.  The location of the study area is shown by the red box, and in Figures 1.3 

and 1.4. 

 

outlet glaciers drain the majority of the GIS and are the largest source of present mass loss, 

exerting a strong control upon ice sheet mass balance (Figure 1.2) (Rignot and 

Kanagaratnam, 2006, Joughin et al., 2010).  It is thought that these fast flowing outlet 

glaciers have been the most dynamic portions of the GIS in the past, and will continue to be 

in the future.  Therefore, the study of past ice streams extent and behaviour will assist in 



 

 

developing a fuller understanding of how these systems responded to climate change, 

allowing more robust predictions about their future activity.  In areas of favourable 

topographic settings, over-deepened fjords can converge, acting to enhance ice stream 

onset, and trigger the formation of large composite ice streams (Lowe and Anderson, 2002, 

Ó Cofaigh et al., 2002, Angelis and Kleman, 2008, Ottesen et al., 2008, Swift et al., 2008, 

Roberts et al., 2010, 2013).  Large-scale ice streams such as this are likely to have played a 

key role in the regulation of GIS mass balance, and the evacuation of ice to the shelf-edge 

during previous glacial periods.  However, there is a widespread  

 

Figure 1.2. Map of flow speed velocities (in colour) for the winter 2005-2006, displayed 

overprinted upon a radar mosaic for the same period (from Joughin et al., 2010). 



 

 

 
 

paucity of information concerning the location and behaviour of these large ice streams 

throughout Greenland.  The Uummannaq region in central West Greenland is an area of 

highly convergent fjords, containing a series of high discharging outlet glaciers.  Recent 

research has demonstrated that these outlet glaciers advanced and coalesced during the 

Last Glacial Maximum (LGM), forming the Uummannaq Ice Stream System (UISS) (Ó Cofaigh 

et al., 2013b, Roberts et al., 2013).  This extended 300 km offshore, reaching its terminal 

position at the shelf-edge where it formed a trough mouth fan (Ó Cofaigh et al., 2013a, 

2013b).  During the LGM the UISS is thought to have exerted a major influence upon the 

dynamics of the West GIS, and is predicted to have drained ~5% of the total GIS (calculated 

from Rignot and Kanagaratnam, 2006).  Work has shown that post-LGM deglaciation of the 

UISS began by 14.9 cal. kyr BP (Ó Cofaigh et al., 2013b), with outlet glaciers in the south of 

the region reaching present fjord heads by 8.7 kyr (Roberts et al., 2013).  Despite 

development in our understanding of UISS behaviour from its LGM margin to present both 

offshore (McCarthy, 2011, Ó Cofaigh et al., 2013b) and in the south of the system (Roberts 

et al., 2013), the dynamic behaviour of the northern UISS is unknown.  Therefore, producing 

a record of the extent and behaviour of the entire system is a key step in understanding the 

process that control large ice stream behaviour during deglaciation. 

 

As well as their contribution to relative sea-level and oceanic circulation, ice sheets have 

played an important role in landscape evolution throughout the Quaternary.  Ice streams, 

the most active portions of ice sheets, are particularly important in the development of the 

landscape in previously glaciated regions.  Understanding the way ice sheets are organised 

is therefore important for analysing their impact upon landscapes.  The extensive 

partitioning which they cause determines ice sheet-landscape interaction, and the resultant 

imprint upon the landscape (Kleman, 1994, Kleman and Borgström, 1994, Hughes, 1995, 

Kleman and Glasser, 2007, Kleman et al., 2008, Stroeven and Swift, 2008, Angelis and 

Kleman, 2008, Winsborrow et al., 2010).  These landscapes of extreme contrast can develop 

over timescales of 100 ka to 1 Ma through positive feedbacks of selective linear erosion, 

flow convergence, and subglacial thermal organisation (Kessler et al., 2008, Jamieson et al., 

2008, Kleman and Glasser, 2007). 

 

 

 



 

 

1.2. Study area: the Uummannaq region 

 

1.2.1. Regional geography 

 

The Uummannaq region is a mountainous area of West Greenland, with peaks reaching 

>2000 m a.s.l.  It lies between 70.33°N and 72.00°N and covers ~40,000 km2.  The region is 

in the Low to High-Arctic transition with mean annual air temperatures of -3C to -7C (Box, 

2006).  At present, the West Greenland Current (WGC) operates offshore, bringing warm 

subsurface water close to the present fjords (Holland et al., 2008a).  The area is 

characterised by a series of deep, fjords, running northeast – southwest in the north, and  

 

Figure 1.3. Topographic and bathymetric overview of the Uummannaq region, with key 

locations marked.  Bathymetric depths are from GEBCO data, and topography from ASTER 

data. 



 

 

 

Figure 1.4.  Topographic DEM of the Uummannaq region from ASTER data.  Note that the 

boundary between land and ice sheet is not marked. 

 

southeast to northwest in the south, producing a convergent pattern (Figure 1.3 and 1.4).  

These are currently occupied by marine terminating outlet glaciers which drain the central 

West Greenland Ice Sheet.  The majority of fjords are at least 500 m deep, and become 

confluent in Igdlorssuit Sund, and the Uummannaq Trough, the latter of which extends to 

the shelf edge.  It is the highly convergent fjord configuration, and deep cross-shelf trough 

has led to the hypothesis that the region fostered a large ice stream system during the LGM 

(Ó Cofaigh et al., 2013b, Roberts et al., 2013).  The Uummannaq trough (Figure 1.3) is more 

than 800 m deep, although several areas of shallow topography have been identified from 

multibeam data (in places < 300 m depth) (Harff, 2007, Ó Cofaigh, 2009).  The bathymetry of 

this region shows an underwater sill to the north of Ubekendt Ejland, through Qeqertat 

Imat, with water depths of <200 m a.s.l., significantly less than the surrounding waters. 

 

 

 



 

 

1.2.2. Geological setting 

 

The Uummannaq region is characterised by three distinct geological regions, separated by a 

series of north-south running faults (Figure 1.5).  The eastern most and oldest of these 

regions is formed of Precambrian basement rock.  This forms the convergent inner fjord 

system (Figures 1.3, 1.4, and 1.5).  This basement is comprised of Archean orthogneisses 

(~2800 Ma) (Garde and Steenfelt, 1999), overlain by  Palaeoproterozoic sediments (Kalsbeek 

et al., 1998, Bonow et al., 2007).  These sediments are part of the Nûkavsak, Qeqertarssuaq 

and Marmorilik Formations, which together form the Karrat Group, part of the extensive 

Rinkian mobile belt of west Greenland (Kalsbeek et al., 1998). The Nûkavsak Formation is 

the most extensive of these, and comprises the majority of surficial outcropping bedrock in 

the northern half of the Uummannaq region.  It is comprised of interlayered granular 

semipelite (metagreywacke) and politic schist, interpreted as turbidites, and shows little 

lithological variation through its vertical and horizontal extent (Kalsbeek et al., 1998, 

Henderson and Pulvertaft, 1987a).  The metagreywacke exhibits multiple sub-vertical and 

sub-horizontal joints, and thin beds (c.10cm).  In the field, infrequent outcrops of sub-

horizontally bedded quartzite bands were found.  To the south of these, lithologies from the 

Karrat Group are not found, and the Archean gneiss forms the surficial bedrock. 

 

To the west, lying between the outer margin of the fjord system and Ubekendt Ejland, in the 

Nuussuaq Basin, is a unit of Cretaceous-Tertiary marine mudstones and sandstones, 

deposited in a fluvial and wave dominated environment (Pedersen and Pulvertaft, 1992, 

Dam et al., 2000).  They are bounded to the east by an extensional fault system, though the 

deposits are likely to have extended further in the past, and are now either eroded or 

overlain (Henriksen et al., 2000). 

 

West of this are a series of basalts, laid down during major eruptions at the continental edge 

during the initial phases of seafloor spreading in the Tertiary (Henriksen et al., 2000).  The 

volcanics contain high levels of picrites and olivine basalts, and are iron-bearing (Clarke and 

Pedersen, 1976).  The basalts reach thicknesses of 10km, as seen on Ubekendt, and were 

initially lain down between 61 and 59 Ma, with a period of later eruptions at 52.5 Ma on 

Ubekendt, Svartenhuk and Nuussuaq (Henriksen et al., 2000). 

 

 



 

 

Figure 1.5. Map of the Uummannaq region showing dominant bedrock geology.  The three 

distinct geological regions can be seen, separated by north to south trending faults (adapted 

from Steenfelt et al., 1998). 

 

1.2.3. Glaciological setting 

 

Central West Greenland has the highest concentration of outlet glaciers in Greenland (Reeh, 

1985).  The Uummannaq region contains 11 major outlet glaciers of varying size and 

discharge, the largest of which are Rink Isbræ and Store Gletscher, which produces 10.5-

16.7km3 a-1 and 13.2-17.5km3 a-1 ice that calves into the ocean (Table 2.1) (Figure 1.7) 

(Bauer et al., 1968, Carbonnell and Bauer, 1968, Rignot and Kanagaratnam, 2006).  Between 

2000 and 2010 these outlets have experienced a combined net area loss of 51km2 (Box and 

Decker, 2011).  Umiámáko glacier experienced the most change during this period, with a 

large 15km2 loss between 2005 – 2006 (Box and Decker, 2011).  Rink Isbræ and Store 

Gletscher both maintained relatively stable ice front positions between 2000 and 2010.  Due 

to variations in subglacial bed topography and ice sheet glaciology, outlet glacier drainage 

basin varies widely throughout the Uummannaq region (Figure 1.8).  An extensive subglacial 
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Figure 1.6. Geological map enlargement of the northern Uummannaq region, showing the distinct difference between the Svartenhuk Peninsula in the West, and the fjordic region to the East. Previously 
identified Quaternary deposits are also shown (adapted from Henderson and Pulvertaft, 1987b). 
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Fjord Name Outlet Glaciers Mouth location Snout location Orient. (°) 
Length 

(km) 
Width at 
SL (km) 

Plateau height 
(m a.s.l.) 

Max. water 
depth (m)a 

Max ice flux 
(km3 yr-1)b 

Northern Fjords 

Ingia Fjord Ingia Isbrǽ 
71.73°N 
53.32°W 

72.00°N 
52.70°W 

213.43 38.5 4.5 1444 - 1.1 

Rink-Karrat Fjord 
Umiámáko Isbrǽ,Rink 
Isbrǽ 

71.40°N 
53.07°W 

71.73°N 
53.65°W 

238.12 63.6 6.2 1791 1108 11.8 

Kangerdlug. 
Kangerlussuup 
Sermersua 

71.38°N 
53.00°W 

71.45°N 
51.83°W 

263.22 61.7 4.2 1894 570 2.4 

Southern Fjords 

Kangerdluar Kangerluarsuup Sermia 
71.13°N 
52.30°W 

71.25°N 
51.52°W 

244.96 34.9 5.7 1671 770 0.3 

Perdlerjiup Kangerdlua Perlerfiup Sermia 
71.05°N 
52.00°W 

70.98°N 
50.95°W 

282.01 42.5 5.5 1388 1246 1 

Itivdliarssup Kangerdlua 
Sermeq Silarleq, 
Kangigdleq 

70.98°N 
51.97°W 

70.80°N 
51.00°W 

302.1 42.5 5.56 1332 844 7.6 

Sermigdlip Kangerdlua Sermilik 
70.7°N 

51.52°W 
70.62°N 
50.63°W 

291.5 38.2 4.4 1180 1287 2.6 

Qarajaqs Isfjord 
Lille Gletscher, Store 
Gletscher 

70.68°N 
52.28°W 

70.37°N 
50.60°W 

302.7 75.4 6. 9 1308 956 17.8 

aData from GEBCO_08 Grid and Hareø-Prøven bathymetric charts 
bData from (Bauer, 1968, Carbonell and Bauer, 1968, Rignot and Kanagaratnam, 2006) 
 

Table 2.1.  Fjord names, locations, characteristics and outlet glacier ice flux throughout the Uummannaq region.  The outlet glaciers found within 

each fjord are named, and their locations are identified in Figure 1.3. 

1
0
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Figure 1.7. Estimated maximum (red) and minimum (grey) ice production from glaciers 
within the Uummannaq Region.  Modified from Weidick and Bennike (2007) (data from 
Bauer, 1968, Carbonell and Bauer, 1968). 
 

mountain range exists to the north of the Uummannaq region, at 72°N.  The subglacial 

topography of this area is >900m asl, persisting for at least 200km inland (Bamber et al., 

2001).  This has acted to block ice from the north, and restrict the drainage basin size of 

outlet glaciers in the north of the Uummannaq region. 

 

1.2.4. Glacial history – Last Glacial Maximum to present 

 

During its LGM maximum extent the UISS extended to a shelf-edge position, depositing 

sediment at the trough mouth fan at the edge of the Uummannaq Trough (Ó Cofaigh et al., 

2013b). Recent offshore studies have provided evidence of ice out to the shelf-edge at the 

LGM, and have provided a minimum age of deglaciation of 14.9 cal. kyr BP.  Dates from 

organic material in the area (Patorfik and Svartenhuk) have placed deglaciation to the 

present coastline as between 10.5-9.5 kyr BP (Kelly, 1985).  Geomorphological and 

terrestrial cosmogenic nuclide dates from the south of Ubekendt Ejland suggests a relatively 

rapid initial retreat after the local LGM (Roberts et al., 2013).  Following this retreat from 

the continental shelf, the south of the UISS is thought to have deglaciated rapidly back into 

its fjord confines by 11.4 kyr in the south (Roberts et al., 2013).  Here, the outlet glaciers 

became pinned by topography, inducing slowdowns and standstills.  After this, early 

Holocene retreat back to the present ice margin took place, driven by surface thinning 

(Roberts et al., 2013).  These dates are in agreement with a radiocarbon date from the 

northern coast of Nuussuaq (10800 cal. yrs BP - Simonarson, 1981).  Despite this extensive  
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Figure 1.8. Map of flow speed velocities (in colour) for the winter 2005-2006, displayed over 

a 2000-2001 SAR mosaic, with contours at every 250 m a-1 (from Joughin et al., 2010).  Note 

the variability in the width of the fast ice flow corridor (> 50 m a-1) across outlet glaciers in 

the Uummannaq region.  Outlet glaciers in the far north of the region (Ingia and Umiámáko 

Isbræ) appear very narrow, and topographically confined, whereas those in the south show 

less topographic confinement. 

 

chronology from the southern UISS, the glacial history of the north of the region remains 

unknown, with deglaciation constrained by a single radiocarbon date from eastern 

Svartenhuk (10500 cal. yrs. BP – Bennike, 2000).  As a result, the behaviour of the northern 

half of the UISS, and its synchroneity or asynchroneity with the southern sector of the UISS 

is not understood.  The factors which have controlled the retreat also remain unknown, and 

are currently poorly constrained.  However, as mentioned above, topography, as well as 

post-glacial relative sea-level rise, Holocene air temperature increased, and ocean warming 

are likely to have played important roles.  

 

The glacial history of the region has been characterised by extensive selective linear erosion, 

plateau formation, and areal scour, throughout the Quaternary.  This has led to the 
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development of a series of high relief fjords and extensive relict plateau surfaces (Sugden, 

1974; This Study, Chapter Three).  These fjords are highly confluent to the east and south of 

Ubekendt Ejland, and contain contemporary outlet glaciers (Figure 1.3 and 1.7).  Recent 

research has demonstrated that these outlet glaciers advanced and coalesced during the 

Last Glacial Maximum (LGM), forming the Uummannaq Ice Stream System (UISS) (Roberts et 

al., 2013, Ó Cofaigh et al., 2013b).  Areas to the north (Svartenhuk) and south (Nuussuaq) of 

the Uummannaq region represent large topographic barriers, and would have assisted in 

confining ice flow into the Uummannaq Trough.  The Svartenhuk Peninsula is of particular 

interest as it is relatively low lying, and previous work has reported that it has experienced 

little to no glacial erosion (Sugden, 1974), with sedimentological studies displaying extensive 

raised marine deposits, and no evidence for glaciation (Rink, 1853, Steenstrup, 1883, 

Laursen, 1944, Funder, 1989b, Bennike et al., 1994).  It is instead thought that the peninsula 

was occupied by local mountain and plateau glaciers (Bennike et al., 1994).  It is possible 

that the conditions on Svartenhuk were aided by the positive feedback links, through the 

intense drawdown of ice through the Uummannaq Trough.  This would have starved 

peripheral areas, such as the Svartenhuk Peninsula, of ice sheet ice, allowing the growth of 

localised mountain valley glaciers. 

 

During the LGM the UISS would have exerted a major influence upon the dynamics of the 

West GIS, and is predicted to have drained 5-6% of the total GIS (calculated from Rignot and 

Kanagaratnam, 2006).  Work has shown that post-LGM deglaciation of the UISS began by 

14.9 cal. kyr BP (Ó Cofaigh et al., 2013b), with outlet glaciers in the south of the region 

reached present fjord heads by 8.7 kyr (Roberts et al., 2013).  Despite development in our 

understanding of UISS behaviour from its LGM margin to present both offshore (McCarthy, 

2011, Ó Cofaigh et al., 2013b) and in the south of the system (Roberts et al., 2013), 

knowledge of the north of the UISS is absent.  The Uummannaq region represents a 

seemingly unique example of large-scale fjord confluence a palaeo-ice stream onset.  As a 

result, producing a record of the extent and behaviour of the entire system is a key step in 

understanding the process that control large ice stream behaviour during deglaciation. 

 

1.2.5.   Central West Greenland relative sea-level history – Last Glacial Maximum to 

present 

 

Patterns of relative sea-level (RSL) change through West Greenland have been relatively 

well documented, and prior to sea-floor bathymetric study were one of the principle 
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sources of dating ice sheet retreat (Weidick, 1968, Funder and Hansen, 1996).  In West 

Greenland these RSL records have been constructed through an amalgamation of: 

radiocarbon dates of shells from raised marine deposits (Weidick, 1972, Weidick, 1976, 

Donner and JUNGNER, 1975, Kelly, 1985, Funder, 1989b); dates from mammalian bones, 

driftwood, and archaeological remains; and ages on lake sediment from isolation basins 

(Foged, 1977, Bennike, 1995, Long et al., 1999). 

Figure 1.9.  Map of the regional trends in marine limits from central West Greenland as 

hypothesised by Weidick (1992).  Based upon sea level data and model predictions. 

 

Following ice expansion at the Last Glacial Maximum, widespread ice sheet break-up led to 

large amounts of ice sheet melt, and a subsequent global eustatic RSL rise.  This eustatic RSL 

rise is likely to have begun at ~16 cal. kyr BP and reached its peak (expressed as the local 

marine limit) at ~11 cal. kyr BP (Simpson et al., 2009).  Though the marine limit varies, 

dependent upon the local ice loading and unloading history, the regional marine limit trend 

in Disko Bugt is shown in Figure 1.9.  After reaching the marine limit, RSL fell as glacio-
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isostatic rebound was able to out-pace continuing eustatic RSL rise (Long et al., 1999).  This 

RSL fall continued until 4.4-3.2 cal. kyr BP, when submergence then occurred (Rasch and 

Nielsen, 1994, Rasch and Nielsen, 1995, Rasch and Jensen, 1997, Rasch et al., 1997, Long et 

al., 1999), thought to be due to renewed ice sheet advance and crustal re-loading during the 

Neoglacial (Kelly, 1980, Weidick, 1993, Weidick, 1996).  The Disko Bugt region is the most 

studied region of West Greenland, and therefore has the best resolved RSL history.  This is 

based upon raised marine deposits and isolation basin stratigraphy, and has a regional 

record to 11 cal. kyr BP (Figure 1.10) (Long et al., 1999).  This record has been since 

extended to ~16 cal. kyr BP using glaciological model predictions (Simpson et al. 2009).  In 

Disko Bugt the RSL record is highly spatially variable, with marine limits ranging from ~40 to 

120 m (Figure 1.9) due to the timing of ice sheet unloading (Long et al., 1999). 

 

 

Figure 1.10.  A series of five relative sea-level curves from the Disko Bugt region, from 0 - 11 

cal. ka BP.  Curves 1-4 were constructed by Weidick (1996), and 5 by Long et al. (1999).  The 

dashed line represents a modelled extension of results from 11 – 16 cal. ka BP, taken from 

Simpson et al. (2009). 

 

The marine limit in the Uummannaq region is currently poorly constrained as a result of 

limited marine indicators (perched boulders and raised marine deposits) (see Figure 1.11).  

Based upon a series of undated marine sediments, the marine limit in southern Svartenhuk 

has been ascribed to ~35 m a.s.l. (Kelly, 1985). However, evidence of a marine limit of at 

least 70 m a.s.l. has been found in southwestern Svartenhuk (see Chapter Six).  Other 

investigations from the Uummannaq region place the marine limit on northern Ubekendt 

Eljand at 65 m a.s.l. (Roberts, pers. comm) and at ~35 m a.s.l close to Store Gletscher 

present margin (Roberts et al., 2013) (Figure 1.11). 
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Figure 1.11. Map of the regional marine limits from the Uummannaq region.  The marine 

limit contours are an estimate based upon the data collected from this study and Roberts et 

al. (2013). 

 

1.3. Research aims and objectives 

 

This thesis broadly aims to investigate the long-term dynamics of the Uummannaq Ice 

Stream System, West Greenland, with a focused placed upon its northern sector.  During the 

Last Glacial Maximum and previous Pleistocene glaciations, outlet glaciers throughout the 

Uummannaq region coalesced to form the Uummannaq Ice Stream System, advancing to 

the shelf-edge (Ó Cofaigh et al., 2013b, Roberts et al., 2013).  The identification of this 

system is recent, and its northern sector has received little research attention.  As a result, it 

represents an important, unstudied location in which to analyse ice stream dynamic retreat 

behaviour, landscape development in an area of intense glacial activity, and the evolution of 

areas peripheral to ice streams.  These broad aims will be investigated using the following 

objectives: 

 

1. To describe and evaluate the regional-scale distribution of glacial landsystems 

throughout the Uummannaq region, and investigate the factors controlling their 

distribution throughout the Quaternary. 
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2. To understand the Last Glacial Maximum dynamic behaviour of the Uummannaq 

Ice Stream System 

3. To evaluate and understand the subglacial conditions controlling bedrock bedform 

development in an area of rapid palaeo-ice flow 

4. To investigate the controls which have governed the evolution and glaciation of 

areas peripheral to large ice stream system 

 

1.4. Thesis structure 

 

Beyond the introduction, this thesis contains six chapters: 

 

Chapter Two provides a synopsis of published material deemed relevant to this study.  It 

outlines the current theoretical and observed knowledge of ice streams, and their 

importance in ice sheet mass balance and regulation.  Methods of palaeo-ice stream 

reconstruction are discussed, with a focus upon evidence from palaeo-ice streams on rigid 

(bedrock) beds.  Following this, the present state of outlet glaciers throughout Greenland is 

discussed, and their relationship with climatic and oceanic forcing (air temperature, ocean 

temperature, and relative sea-level) is analysed.  A short review of the glacial history of 

West Greenland is provided, detailing known information of terminal ice extent during both 

MIS 6 and MIS 4-2 (LGM), and current understanding of deglaciation of West Greenland and 

Baffin Bay.  Following this, a review focusing on West Greenland ice stream history is 

presented.  Finally the regional geography, geology, current glacial setting, and previous 

research undertaken in the study site (the Uummannaq region) are presented.   

 

Chapter Three addresses Research Objective 1, aiming to understand glacial and non-glacial 

landscape distribution throughout the Uummannaq region.  This is achieved through new 

high-resolution remote and field geomorphological mapping, which delimited areas of 

selective linear erosion, area scour, dissected plateau, mountain valley and cirque glaciers, 

lowland terrestrial deposition, and no – little evidence of glacial erosion.  These results are 

combined with the known geological structure of the region, and its Neogene and 

Quaternary uplift history.  This provides a model of long-term landscape development, 

varying with altitude and time. 

 

Chapter Four addresses Research Objective 2, understanding the extent, thickness, and 

deglacial behaviour of the northern UISS.  Investigation of geomorphology in combination 
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with surface exposure dating (10Be and 26Al cosmogenic isotopes) allows the upper limit of 

the most recent (LGM) glaciation to be identified.  This dual approach prevents the 

possibility of mis-interpretation of geomorphological data, and allows robust reconstruction 

of LGM ice thickness in the northern UISS.  In addition, geochronological data allow the 

retreat of the northern UISS to be constrained, and processes causing this retreat to be 

identified.  Initial retreat to the mid-fjord was shown to be relatively rapid, and synchronous 

with the southern UISS, driven by increasing air temperature and relative sea-level.  

However, a major marginal still-stand occurred at 11.5-6.9 kyr, driven by topographic 

constrictions (shallow bed and narrow fjord walls).  This chronology is shown to vary from 

other published records of ice stream retreat, demonstrating the asynchroneity of ice 

stream response across West Greenland. 

 

Chapter Five addresses Research Objective 3, presenting new bedrock bedform and 

structural geology data from as series of four sub-areas within inner fjord margins of the 

northern UISS.  Analysis of the data shows that, though influential, palaeo-ice flow 

properties (e.g. direction, ice thickness) are not the primary factor controlling bedform 

morphology within this study.  Bedding plane orientation relative to ice flow and dip, joint 

orientation, dip, and frequency, are shown to play important roles in bedform width, length, 

type, and elongation.  Lateral plucking is also found on a series of bedforms from Ingia Fjord, 

demonstrating that this mechanism is not exclusive to the development of negative 

landforms (see Krabbendam and Bradwell, 2011). 

 

Chapter Six addresses Research Objective 4, investigating the Late-Quaternary history of the 

Svartenhuk Peninsula.  This is carried out using geomorphological and sedimentological 

analysis of both new and previously studied sites along the southern Svartenhuk coastline.  

Results provide strong evidence for extensive glaciation during the Late-Quaternary, 

radiating from the inner mountainous massifs of the peninsula.  Results are integrated to 

form a process-based model for sediment deposition throughout the region.  This region 

appears unique throughout Greenland, and its investigation is important in order to develop 

a regional-scale understanding of ice activity in close proximity to a large ice stream.  

 

Following these substantive chapters, Chapter Seven provides a synthesis of results and 

interpretations from the preceding chapters, with respect to the main aims of the thesis.  It 

then brings these results together and discusses the wider importance of the study. 
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It should be noted that this thesis does not contain a standalone methods or study site 

chapter.  Instead, relevant study site and methodological information is contained within 

each of the substantive results and interpretations chapters (Chapters Three - Seven).  This 

has been done in order to provide the reader with relevant information when needed and 

for publication purposes. 
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CHAPTER TWO 

Literature Review: Ice streams and their importance to the Greenland Ice Sheet; past and 

present 

 

2.1. The Greenland Ice Sheet 

 

2.1.1. Present ice sheet dynamics 

 

Recent research into large tidewater outlet glaciers and ice streams in the high-latitudes has 

shown an almost universal signature of increased ice discharge into the oceans since the 

1990s (Bindschadler, 2006).  Greenland Ice Sheet (GIS) is the only ice sheet in the Northern 

Hemisphere, and is extremely vulnerable to rising temperatures in this area.  Recent studies 

from GRACE data have shown that melting of the GIS is responsible for 15% - 30% of global 

sea-level rise since 2003 (Figure 2.1) (Velicogna, 2009, Velicogna and Wahr, 2006, Chen et 

al., 2006, van den Broeke et al., 2009, Khan et al., 2010).  Of this loss, ~50% is thought to be 

loss through surface melt, and ~50% is thought to be loss through dynamic ice sheet effects 

(van den Broeke et al., 2009).  Including the contribution made by dynamic discharge by 

ocean-terminating outlet glaciers, it is now thought that Greenland could add 0.16-0.54 m 

to global sea-level rise by 2100 AD (Pfeffer et al., 2008), with Greenland’s contribution to  

 

Figure 2.1.  GRACE monthly mass solutions of the whole of the GIS, from April 2002 to 2006 

(from Velicogna and Wahr, 2006). 
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global sea-level between 2002 and 2006 estimated at 0.5±0.1mm a-1 (Velicogna and Wahr, 

2006).  Clearly this is of concern, as is the notion that the mechanisms behind this current 

and future ice mass loss are not fully understood.  Hence, associated predictions can have 

inherently large errors associated. 

 

The past two decades has seen rapid increases in the flow speed of a number of tidewater 

outlet glaciers in Greenland (Rignot and Kanagaratnam, 2006, Howat et al., 2007), 

accompanied by surface thinning (Abdalati et al., 2001, Krabill et al., 2004, Thomas et al., 

2009).  These changes are now acknowledged to be too rapid to be solely explained by 

increases in summer melting of the ice surface (Abdalati et al., 2001, Thomas et al., 2009).  

Investigation has demonstrated widespread acceleration in glaciers, concentrated in 

particular south of ~69-70oN (Krabill et al., 2004, Chen et al., 2006, Rignot and 

Kanagaratnam, 2006, Velicogna and Wahr, 2006, Moon et al., 2012, Bjorck et al., 2012), with 

an average ice front retreat of 2.3km between 2001 and 2005 (Seale et al., 2011).  North of 

this, little significant ice front retreat was recorded over the period (Seale et al., 2011). 

 

This acceleration has occurred in both East and West Greenland, but due to their 

unparalleled ice mass loss over the past two decades, the majority of research has focused 

upon three of Greenland’s outlet.  Major changes have occurred at Jakobshavn Isbræ, 

Helheim Glacier and Kangerdlugssuaq Glacier, with dramatic thinning (15m a-1, 40m a-1, and 

25m a-1 since 2003 respectively), marked terminus retreat, and doubling of ice flow 

velocities (Joughin et al., 2004, Bindschadler, 2006, Howat et al., 2005, 2011, 2008b, 2008c, 

Krabill et al., 1999).  More recently it has been shown that the ice loss trend originally 

documented in southern Greenland can now be found in northwest Greenland, with the 

majority of marine terminating outlet glaciers displaying marked thinning and retreat 

between 2005 and 2009 (Khan et al., 2010, McFadden et al., 2011, Bjorck et al., 2012, Kjær 

et al., 2012).  The synchroneity of fluctuations, between Jakobshavn, Helheim and 

Kangerdlugssuaq, as well as the entire west coast is striking, suggesting that their 

fluctuations are controlled by a regional forcing factor, and that this factor is intimately 

linked to dynamic ice stream response (Luckman et al., 2006). 

 

These newly recognised, rapid changes in ice discharge have caused a paradigm shift in our 

view of the way glaciers respond to climatic change.  Originally, the response of marine 

terminating ice sheets to climatic forcing was thought to be relatively slow (10 – 100 yrs), 

with the inherent potential for rapid retreat (Meier and Post, 1987).  This has been 



22 
 

highlighted by recent work, demonstrating that the marine terminating portions of ice 

sheets can respond on sub-decadal to seasonal time-scales, often presenting an immediate 

response to climatic or oceanic forcing (Joughin et al., 2004, Truffer and Fahnestock, 2007, 

Nick et al., 2009). 

 

Thomas et al., (2009) propose the existence of four types of outlet glacier response type in 

Greenland today: 

1. Glaciers with thinning rates which have been increasing since 1998.  The changes in 

thinning rate are small, and explicable by precipitation driven mass balance changes 

2. Similar to the first category but with more rapid thinning and retreat, concentrated 

about the glacier terminus.  Thinning rates are too high to be mass balance driven.  

Areas thinning are beneath present sea-level, suggesting that thinning is due to 

ungrounding of ice near the grounding line, which reduces the buttressing effect. 

3. Glaciers characterised by rapid thinning (>10m a-1) within several tens of kilometres 

of the terminus, with increasing rates since 1998-99.  The area of thinning is thought 

to be below sea-level.  The outlets of Helheim, Jakobshavn and Kangerdlussuaq all 

fall into this category.  Thinning and retreat in these examples appears driven by a 

deep bed close to the present grounding line. 

4. Glaciers in the recovery stage of a typical surge cycle, showing near coastal thinning, 

and upstream thickening, too high to be explainable by mass balance changes. 

Thomas et al., (2009) also demonstrated that glaciers with shallow gradient beds have far 

lower thinning rates than those with steep gradient beds.  Thus, they suggest that the 

thinning is primarily a response to bed topography as opposed to surface melt, and propose 

deep ocean warming as a trigger mechanism.  This would first affect outlet glaciers with 

beds which run into deep fjords, meaning they are more susceptible to warming of deep 

ocean waters. 

 

Despite the wealth of research undertaken around Greenland, and the clear parallels 

between recent acceleration, thinning, and retreat of outlet glaciers, and both oceanic and 

climatic warming, the mechanisms linking these remain poorly understood, and direct links 

are unclear (Vieli and Nick, 2011).  The current changes are typified by marginal thinning and 

increased discharge via calving (Howat et al., 2007), paralleled by an increase in the length 

and intensity of the Greenland melt season over the past decade (Hanna et al., 2005).  

However, it is unlikely that simply enhanced levels of surface melting and therefore changes 

in mass balance are able to produce thinning of inland areas of the Greenland Ice Sheet 
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exceeding 1m a-1 (Abdalati et al., 2001).  Work by Zwally et al. (2002), attributed the 

seasonal acceleration of outlet glaciers to the rapid delivery of increased levels of meltwater 

to the ice-bed interface, enhancing basal lubrication and glacial sliding.  This would lead to a 

positive feedback in which increases in the ablation area would occur, leading to further 

surface melt and meltwater delivery (Parizek and Alley, 2004).  Though existence of this 

mechanism has been verified (Shepherd et al., 2009, Das et al., 2008), its impact appears to 

be confined to land-terminating outlet glaciers, which are normally slow moving (Joughin, 

2008), and appear to have minimal impact upon larger outlet glaciers, such as Jakobshavn 

Isbræ (Joughin et al., 2008c).  Studies have shown that the effect of seasonal melting on 

overall ice velocity is minimal.  Van de Wal et al. (2008) found that seasonal meltwater only 

accounted for 10-20% of flow acceleration, and Andersen et al. (2011) demonstrated that an 

increase in melt of 45% caused a velocity change of 2-4%.  Similarly, a number of studies 

have rejected increases in basal lubrication as the cause of increased flow velocities based 

upon their modelled outputs from outlet glaciers (e.g. Nick et al., 2009). 

 

Instead authors have proposed that dynamic factors affecting outlet glaciers are responsible 

for the observed changes.  However, no dynamic forcing factor with a clear causative link to 

ice acceleration has been found.  Due to this, large scale numerical ice-sheet models remain 

unable to simulate observed changes accurately (Vieli and Nick, 2011).  The vast majority of 

outlet glaciers in Greenland are tidewater, and therefore terminate in fjords.  This means 

they are extremely sensitive to changes in oceanic properties, even over short times scales 

(annual to decadal) (Bamber et al., 2007).  A number of studies have now shown that marine 

terminating glaciers are experiencing far more extensive thinning and retreat than their 

terrestrial counterparts (Moon and Joughin, 2008, Sole et al., 2008, Holland, 2010).  Land 

terminating glaciers have been shown to thin primarily in accordance with rates of surface 

melt, whereas ocean terminating outlet glaciers appear to thin as a result of changes to 

their ocean-based termini (Seale et al., 2011).  The importance of ocean water upon glacier 

thinning rates has been strengthened by recent work, which shows a reproducible pattern 

of thinning commencing at the terminus and moving up-ice, suggesting a trigger mechanism 

which acts upon the terminus first (Thomas, 2004, Howat et al., 2008, Nick et al., 2009).  

However, there is a lack of ocean data from glacier calving fronts, meaning that the exact 

processes by which ocean changes are linked to dynamic changes are still unclear (Holland, 

2010, Straneo et al., 2010, Christoffersen et al., 2011).  The dynamic changes seen appear to 

be caused by perturbations to the outlet glacier ice front, in deeply incised fjords, 

coincidental with the warming waters seen around Greenland.  Mapping of the movement 
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of warm water in both West (Holland et al., 2008b) and East (Seale et al., 2011) Greenland 

has provided a clear mechanism by which synchronous retreat and acceleration could occur.  

However – studies have found outlet glacier retreat to be ubiquitous, but asynchronous, and 

unexplainable by variations in ocean temperature (McFadden et al., 2011).  The principal 

method by which these increased ocean temperatures can cause perturbations at the 

glacier front is by basal melt.  This thins the floating portion of the glacier tongue, or can 

cause undercutting of grounded calving fronts (Bindschadler, 2006, Benn et al., 2007, Rignot 

et al., 2010, Straneo et al., 2010).  This leads to increased fracturing and calving rates.  

Alternatively, increased meltwater could enter the fjord as plumes beneath the glacier 

tongue, mixing warm fjord water towards the glacier (Holland, 2010, Rignot et al., 2010).  

However, Rignot et al., (2010) showed that large variations in water properties occur 

between fjords only 30km apart, meaning that any extrapolation based upon oceanic 

conditions from one fjord is problematic 

 

Changes witnessed as a result of oceanic warming can often be explained by stress 

perturbations (McFadden et al., 2011).  Driving stresses from tidewater glaciers are 

generally opposed by resistance from basal and lateral shear stresses, as well as longitudinal 

stresses (Nick et al., 2009).  The majority of flow resistance to marine terminating glaciers 

(as opposed to basal drag on land-terminating glaciers) is provided by shear stresses 

imposed by fjord walls (McFadden et al., 2011).  Thus, a reduction in any of these, via 

thinning or dramatic calving at the ice front, leads to a reduction in the resistive stresses, 

and consequent flow acceleration (Thomas, 2004, Luckman et al., 2006, Howat et al., 2007, 

Nick et al., 2009).  The same reduction in stresses can result from the removal of the 

buttressing effect of ice tongues via increased calving (Joughin et al., 2004).  This can then 

cause further acceleration, due to penetration of water to the grounding zone, reducing 

basal drag (McFadden et al., 2011).  A decrease in sea ice or removal of an ice shelf can also 

reduce flow resistance in a similar way, reducing the buttressing effect (Luckman et al., 

2006).  This process has been demonstrated in modelling results from Jakobshavn Isbræ, 

where enhanced ocean melt has been shown to trigger those changes observed, via 

increases in calving and consequent terminus retreat and loss of buttressing (Vieli and Nick, 

2011, Joughin et al., 2012).  However, observations have shown Jakobshavn Isbræ to 

continue its high flow speeds, whilst retaining a stable terminus.  This is in contrast to 

modelled results, which show a reduction in flow velocity once a stable margin was 

established (Vieli and Nick, 2011).  These studies confirm the suspected sensitivity of 

tidewater outlet glaciers to marine perturbations, and their ability to adjust rapidly (Nick et 
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al., 2009, Vieli and Nick, 2011).  Despite this knowledge, current published studies have a 

number of short falls, due to resolution, and the seemingly unique nature of each outlet 

glacier.  Current ice-sheet models are 5-10km in resolution, which is adequate for 

reconstructions of wide-scale changes, but is not high enough to resolve the narrow, deep 

outlet glaciers (Vieli and Nick, 2011).  Models designed for specific outlet glaciers have had 

more success in investigating and understanding these dynamic changes (Thomas, 2004, 

Nick et al., 2009, Vieli and Nick, 2011).  However, as every outlet glacier is inherently unique, 

results concerning the forcing factors important to one glacier cannot be extrapolated to 

others.  Similarly, Seale et al. (2011) studies of modern day processes either provide good 

spatial coverage but limited temporal coverage (Sole et al., 2008, Moon and Joughin, 2008), 

or good temporal coverage, but poor spatial coverage (Joughin et al., 2004, 2008a, Thomas, 

2004, Luckman et al., 2006).  Therefore, forcing factors are specific to individual tidewater 

outlet glaciers, meaning that extrapolation across regions of Greenland, or even between 

neighbouring outlet glaciers is inherently problematic, and uncertainty over the mechanisms 

behind dynamic ice loss in Greenland remain. 

 

Understanding the mechanisms and processes which control GIS behaviour is of vital 

importance for our ability to understand the likely magnitude and speed of future changes it 

is likely to experience.  However, as demonstrated above, our understanding of present day 

glaciological processes remains complicated.  Observations aiming to explain these 

processes and changes are restricted to short time scales (~ two decades).  As a result, these 

observations are unable to resolve long-term trends in outlet glacier dynamics required for 

future sea-level predictions (e.g. IPCC).  This hinders our ability to produce rigorous 

predictions for the future behaviour of outlet glaciers throughout Greenland.  Thus, in order 

to improve these predictions we must look to the ancient record.  This record provides a 

longer-term perspective for the dynamic changes witnessed, and can provide information 

about the magnitude and speed of changes to the GIS in the past.  This can then be used to 

help better understand, and predict, the changes occurring at the present day. 

 

2.1.2. Late-Quaternary glacial history of the West Greenland Ice Sheet 

 

A large amount of research has been undertaken into the glacial history of the GIS, both 

onshore and offshore.  However, as the focus of this study is on central West Greenland, 

this review of the GIS’ glacial history is focused solely upon West Greenland. 
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2.1.2.1. Saalian glaciation 

 

Funder et al. (2011) review the evidence for Saalian glaciation (MIS 6) in West Greenland.  It 

is likely that the majority of onshore evidence recording this glaciation in West Greenland 

has been removed by erosion during subsequent cold stages (Weichselian; MIS 5d – 1) 

glaciation.  However, as MIS 6 glaciation is thought to have been the most extensive 

glaciation of the  

 

 Figure 2.2.  Map of central West Greenland, showing generalised offshore bathymetry and 

large offshore moraines (from Roberts et al., 2010). 
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past 300 kyr (Funder et al., 2011), it is likely that a large amount of the evidence for it is 

offshore.  Glacial sediments from north-west Greenland have provided evidence for two 

glaciations predating MIS5e; the Agpat and Narssarsuk glaciations, both of which were more 

extensive than Weichselian ice advances (Kelly et al., 1999).  In addition, recent terrestrial 

cosmogenic nuclide (TCN) exposure dates from south west Greenland have suggested that 

mountain summits remained ice free during the LGM, and were last overridden by erosive 

ice during the Saalian (Rinterknecht et al., 2009, Roberts et al., 2009).  However, no 

evidence of Saalian glacial activity has been recorded from central West Greenland, 

including in the large cross-shelf troughs of Jakobshavn and Uummannaq. 

 

There are two major moraine systems offshore of the west coast of Greenland: the outer 

Hellefisk moraines (~100 km offshore, running from 61° - 69° N); and the inner Hellefisk 

moraines (also named the Fiskebanke moraines) (~40 km offshore) (Figure 2.2) (Brett and 

Zarudzki, 1979, Zarudzki, 1979).  There is some evidence to suggest that the Hellefisk 

moraines date to Saalian glaciation (Brett and Zarudzki, 1979, Zarudzki, 1979, Kelly, 1985).  

This age was initially proposed by Kelly (1985), as a result of an ice surface projection 

produced through the extrapolation of trimlines and deeply weathered till and erratics 

throughout the coastal mountains of West Greenland.  As a result the outer 

Hellefisk/Fiskebanke moraines, located inside the Hellefisk moraines, were assigned an LGM 

(Sisimiut glaciation) age.  However, the correlation of the Hellefisk moraines to a Saalian 

glaciation is currently circumstantial, and lacks any robust direct dating control. 

 

2.1.2.2. Last Glacial Maximum ice sheet extent 

 

The local Last Glacial Maximum (LGM) in West Greenland occurred at ~22 kyr BP (the 

Sisimiut Stade) (Bennike and Bjorck, 2002, Weidick and Bennike, 2007), and is thought to 

have been characterised by contemporaneous ice expansion onto the continental shelf 

(Figure 2.3).  Ice expansion throughout central and Northwest Greenland is thought to have 

been relatively restricted, with major ice sheet expansion only occurring in the south. 

 

The expansion across West Greenland is known to have reached at least the Inner Hellefisk 

moraines (Figure 2.2), and is thought to have reached the shelf edge in places (Funder, 

1989b, Bennike and Bjorck, 2002).  Recent work from offshore western Greenland has now 

provided robust evidence that the outer Hellefisk moraines are LGM in age, and the inner  
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Figure 2.3. Reconstructed LGM ice sheet margin from observational and conceptual data.  

Dates showing onset of ice sheet break-up on the shelf are marked with data collated by 

Funder et al. (2011).  Additional data has been included from England (England, 1999) and 

(Ó Cofaigh et al., 2013b). 

 

Fiskebanke date to Greenland Stadial 1 (correlative to the Younger Dryas) (Funder et al., 

2011, Ó Cofaigh et al., 2013b).  The precise limit of LGM ice sheet extent throughout West 

Greenland is not known, as it lies offshore, and the number of offshore-studies is limited 

(Weidick and Bennike, 2007, Ó Cofaigh et al., 2013b).  As a result of this, evidence for ice 

extent was provided by trimline mapping. 
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Trimlines are the boundaries between zones of differentially weathered material (Dyke, 

1977); distinct altitudinal boundaries at the lower boundary of frost-weathered bedrock 

(Sollid and Sørbel, 1979, Nesje and Sejrup, 1988, Kleman and Borgström, 1994, Ballantyne, 

1997).  Research into the phenomenon of weathering zones began in Arctic Canada, and has 

since been used in numerous palaeo-glaciated regions to hypothesis limits of glacial 

erosion.  

 

Glacial trimlines are usually thought to represent either: (1) the upper limit of erosion by the 

last ice sheet, with areas above the trimline represent land exposed to periglacial conditions 

for at least a single glacial cycle; (2) an englacial thermal boundary, representing the point at 

which the subglacial thermal regime of the ice sheet switched from a higher altitude region 

of cold-based ice, to a lower region of warm based ice (Stone et al., 1998).  However, 

differentiating between these scenarios can be extremely difficult due to the similar 

geomorphological imprints left by all three processes.  This equifinality has led to intense 

debate regarding the genesis of these geomorphological indicators, with some supporting 

trimlines as robust indicators of ice sheet surface (Ballantyne, 1997, Sollid and Sørbel, 1979, 

Nesje and Sejrup, 1988, Nesje and Dahl, 1990), and other suggesting they reflect englacial 

thermal boundaries (Sugden, 1978).  Recent advances in surface exposure dating have 

changed the way in which trimlines are interpreted, and led to differentiation between the 

two hypotheses.  However, these only remain useful on a case by case basis due to the likely 

equifinality of both hypotheses.   

 

Extensive trimlines throughout West Greenland were mapped up to 1100 m a.s.l. by Kelly 

(1985), and interpreted as the upper limit of glaciation.  Kelly (1985) inferred ice thickness in 

south west Greenland from this trimline evidence, and identified some possible areas of 

extremely low ice thicknesses (Upernavik and Svartenhuk).  Extrapolation of these trimlines 

offshore allowed an estimate of former ice sheet extent on the shelf, with ice extending at 

least 30 - 35 km onto the inner shelf throughout West Greenland and forming the inner 

Fiskebanke moraines (Kelly, 1985, Funder, 1989b). 

 

However, since the advent of cosmogenic nuclide exposure dating, trimline evidence has 

been questioned.  Though still an important geomorphological indicator of palaeo-ice 

thicknesses, more strength can be put in interpretations made using geomorphological and 

exposure dating methods, as differentiation between ice surface trimlines, and englacial 

thermal boundaries can be made (Fabel et al., 2012).  Kelly’s (1985) hypothesised ice sheet 
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thicknesses of <1100 m a.s.l. throughout southern West Greenland are supported by 

exposure ages in the Sisimiut region, which have confirmed that previously identified 

trimlines do mark the upper limit of erosive LGM ice (Rinterknecht et al., 2009, Roberts et 

al., 2009).  However, the lateral extent of LGM ice in southern West Greenland remains 

debated, between the inner-shelf Fiskebanke moraines (Kelly, 1985, Funder et al., 2011), 

and the outer-shelf (Weidick et al., 2004, Roberts et al., 2009).  In contrast, research further 

south suggests that ice up to 1500m thick covered the coastal mountains during the LGM 

and reached the continental shelf edge (Bennike et al., 2002, Weidick et al., 2004). In Disko 

Bugt evidence for the offshore limit of Sisimiut Stade ice is, again circumstantial, and 

remains undated, though workers have again related LGM ice extent to the inner 

Fiskebanke moraines (Kelly, 1985, Weidick and Bennike, 2007).  This would have left coastal 

mountain summits ice free, as evidenced by weathering limits (Kelly, 1985). 

 

Current ice sheet wide models lack the spatial resolution to accurately resolve individual 

fjords, ice streams, and their ice thicknesses.  However, they remain a useful tool for 

understanding ice sheet wide processes.  Estimates from model reconstructions have placed 

ice thickness in the Kangerdlussuaq area at 1100-1300m (Tarasov and Peltier, 2002).  

Simpson et al. (2009) used relative sea-level (RSL) and ice extent field data to constrain a 

three-dimensional model of the GIS.  This model placed the LGM limit at a mid-outer shelf 

position on the western coast of Greenland, possibly coincident with the Outer Hellefisk 

moraines (Simpson et al., 2009).  Funder and Hansen’s (1996) work shows the LGM ice limit 

as located offshore in most of Greenland, but it is evident that the central- and north- 

western limits of the ice margin are very poorly constrained.  Thus, present knowledge of 

LGM ice sheet extent and thickness in West Greenland is fragmentary, and relies strongly 

upon trimline interpretations with little robust chronological control. 

 

2.1.2.3. Last Glacial Maximum deglaciation: timing and behaviour 

 

The response of the extent and thickness of the GIS to post-LGM climatic changes is 

currently poorly constrained by existing 14C and TCN ages (Clark et al., 2009), and appears to 

be spatially highly variable.  Onset of deglaciation, as recorded in ocean cores, appears 

highly variable, even in neighbouring ice streams (Figure 2.3).  As a result, determining the 

timing of initial GIS retreat can be problematic.  Following the LGM, air temperature rose 

rapidly until it reached a maximum during Greenland Interstadial 1e (Bølling Interstadial –  
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Figure 2.4.  Compilation of calibrated 14C dates from the Western margin of the Greenland 

Ice Sheet, with 1σ error bars.  These dates represent minimum ages of ice free conditions 

(from Clark et al., 2009). 

 

see Figure 2.6).  This atmospheric warming would have driven increased rates of surface 

ablation, causing down-wasting of the ice sheet, and marginal retreat (Roberts et al., 2009). 

 

In West Greenland, it is likely that rising relative sea-level had an important impact upon the 

deglacial history of the ice sheet.  In central western Greenland sea-level is predicted to 

have risen from 16 cal. kyr BP, reaching its maximum at ~11 cal. kyr BP (Simpson et al., 

2009) (see Section 1.2.5).  This high sea-level stand at the marine limit (~100 m a.s.l.) would 

have first destabilised thin ice, grounded in shallow areas, before increasing water depths 

would have resulted in the destabilisation of thicker ice.  Finally, ocean temperature 

increases would also have an effect upon the retreat of shelf based ice and ice streams.  

Work has suggested that the West Greenland Current (WGC), a warm subsurface ocean 

current, first arrived in Baffin Bay at 10.9 kyr (Knudsen et al., 2008), reaching the coast close 
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to Thule in Northwest Greenland by 10.2 kyr (Funder, 1990b), but only reached the mid-

shelf of the Disko trough at ~9.2cal. kyr BP (Lloyd et al., 2005, McCarthy, 2011).  The 

increasing ocean temperatures would have helped to accelerate ice retreat, via enhanced  

 

Figure 2.5.  Time-distance diagram of present knowledge of ice stream extent in West 

Greenland from the LGM to early Holocene.  Red dots represent radiocarbon ages 

constraining deglaciation from: 1(Ó Cofaigh et al., 2013b), and 2(Lloyd et al., 2005). 

 

 

marginal and basal thinning (Holland et al., 2008a).  There are a number of reconstructions 

of the timing of initial retreat of the GIS from the shelf in West Greenland.  Some suggest 

retreat began following warming during the Bølling Allerød warm period (14.7 – 12.6 kyr 

(Lambeck and Chappell, 2001)); others between 15 and 10 cal. kyr BP (Funder and Hansen, 

1996), whereas others suggest the onset of retreat began between 13 and 11.5 cal. kyr BP 

(Weidick, 1996). 
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Exposure ages from the Sisimiut region of West Greenland suggest deglacial thinning began 

between 21 ± 1.9 10Be kyr and 13.6 ± 1.42 10Be kyr (Roberts et al., 2009), and 12.3 ± 1.5 10Be 

kyr and 8.3 ± 1.2 10Be kyr further north (Rinterknecht et al., 2009).  Offshore work from the 

central West Greenland shelf has shown that retreat began in the Uummannaq trough by 

14.8 cal. kyr BP, and by 13.8 cal. kyr BP in the Disko trough (Ó Cofaigh et al., 2013b).  This 

shows the inherent asynchroneity of GIS outlet glacier response throughout a small region 

of West Greenland.  It should, however, be noted that dates on the onset of deglaciation are 

presently limited in their number, and thus the difference could be a result of chronological 

limitations. 

 

Funder and Hansen (1996) proposed a model for the deglaciation of the GrIS following the 

LGM, featuring two discrete stages.  Initially, eustatic sea-level rise caused increased calving, 

forcing a rapid retreat of the GrIS from the continental shelf by 16 kyr BP.  This period of 

retreat lasted until 10ka, when fjord glaciers began retreat, following a short lived glacier 

readvance (10.3 - 9.5ka; Taserqat Stade (Funder, 1989b)).  Following this, a second, slower 

land-based retreat took place from ~10.0 kyr BP, characterised by ice sheet surface thinning, 

driven by increases in air temperature, and continued calving from within fjord confines 

(Funder and Hansen, 1996).  The initial timing of onset appears compatible with the majority 

of offshore dates around the Greenlandic continental shelf (Figure 2.3), suggesting retreat 

by 16 ka.  Terrestrial radiocarbon ages from the western margin of the GIS are in broad 

agreement with the second stage of the Funder and Hansen (1996) model, with ages 

demonstrating land-based retreat between ~14 and 6 cal ka BP.  However, study of the ages 

demonstrates a spread of results, and hints towards a possible drop in the age of 

deglaciation with increasing latitude (Figure 2.4).  However, recent work has challenged this 

simplistic two stage model of retreat.  Simpson et al. (2009) have suggested that retreat 

induced by high sea-level would have only occurred during a relative sea-level peak 

between 12 and 11ka, not as early as suggested by Funder and Hansen (1996).  This stability 

of thick, topographically confined ice streams into the Holocene is in direct contrast to 

conventional thinking, in which trough based portions of ice sheets retreat rapidly in 

response to rising water depths. 

 

Throughout the Disko Bugt region, central West Greenland, a wealth of deglacial landforms 

and dateable material has allowed the creation of a detailed, if complex, chronology of 

retreat.  This is based upon sediment cores from lakes (Long et al., 1999, Long and Roberts, 

2003), marine settings (Lloyd et al., 2005, Ó Cofaigh et al., 2013b, 2013a), and raised marine 
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deposits (Bennike et al., 1994).  Section 1.2.5. provides an overview of the marine limit 

trends from Disko Bugt and Uummannaq. 

Despite the amount of research into the region, the deglacial history remains debated, with 

reconstructions ranging from rapid to slow stepped retreat.  Initial retreat from the 

continental shelf occurred before 12.3 cal. kyr BP (McCarthy, 2011).  This was followed by 

deglaciation of the western edge of Disko Bugt, which occurred at 11 – 10.2 cal. kyr BP,  

Figure 2.6.  The NGRIP and GRIP ice-core records from the last 30 kyr, with data at 50 yr 

resolution.  The GIC05 chronology was developed using a δ18O, continuous flow analysis, 

electrical conductivity measurement and stratigraphical data (data from Rasmussen et al., 

2006, Lowe et al., 2008). 
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dated using the marine limit (Long and Roberts, 2003).  Similar ages are found throughout 

Disko Bugt, suggesting that deglaciation through the bay was rapid.  In the case of the 

Uummannaq ice stream system, offshore dates from Ó Cofaigh (2013b) demonstrate 

deglaciation was underway by 14.9 cal. kyr BP.  Work from within the fjord system shows 

retreat into a mid-fjord position buy 10.7 cal. kyr BP in the south of (Simonarson, 1981), and 

10.5 cal. kyr BP in the north of the Uummannaq region (Bennike, 2000). 

 

The recent development of terrestrial cosmogenic nuclide dating with improved precision 

has allowed thinning rates to be constrained.   Using vertical transects of cosmogenic 

nuclide dates, workers have been able to measure post-LGM thinning rates of ice streams in 

western Greenland.  Roberts et al. (2009) calculate lowering of 6-12cm a-1 between 21±1.9 

10Be kyr BP and 13.6±1.42 10Be kyr BP, relating to increased temperatures during the Bølling 

Interstadial.  Nearby, Rinterknecht et al. (2009) calculate a similar, but slightly lower rate of 

4-8cm a-1 between 12.3±1.5 10Be kyr BP and 8.3±1.2 10Be kyr BP.  These rates compare with 

modern thinning rates of 10-40cm a-1 for this sector of the GIS (Krabill et al., 2004).  Further 

North, in the Upernavik region, work has shown deglaciation of ice streams to the present 

coastline by 12.5 - 11.1 10Be kyr BP, based upon measurements from erratic-bedrock pairs 

(Corbett et al., 2009). 

 

2.1.2.4. Ice stream history 

 

Through improvements in cosmogenic dating onshore and the application of marine 

geophysical techniques offshore, progress has been made in understanding the long-term 

retreat history of ice stream systems in Greenland.  The coupling of offshore and onshore 

data, in combination with cosmogenic dating (which allows deglacial ages to be determined 

from rock samples), has allowed for development in our understanding of ice stream 

processes.  Though limited in number, some recent work has used these techniques with 

high-quality results (Roberts and Long, 2005, Roberts et al., 2008, 2013, Rinterknecht et al., 

2009, Evans et al., 2009, Ó Cofaigh et al., 2013a, 2013b).  Thus, there remain large areas of 

Greenland suitable for application of these techniques, which have not been studied.  The 

land in West Greenland is characterised by heavily abraded bedrock, with a sparse cover of 

Quaternary sediments, due to intense glacial erosion and sediment evacuation (Funder, 

1989b).  Traditional soft-bedded landforms, used to infer fast ice flow, ice direction, and ice 

stream presence (Stokes and Clark, 1999) are sparse (Roberts et al., 2010).  Though a 

growing field of research has studies the properties of bedrock bedforms in areas of ice 
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streaming (Evans, 1996a, Roberts and Long, 2005, Roberts et al., 2010, Krabbendam and 

Glasser, 2011, Krabbendam and Bradwell, 2011, Hooyer et al., 2012, Iverson, 2012, Eyles, 

2012), their use as an indicator of palaeo-ice flow conditions remains underdeveloped (see 

Chapter Five). 

 

The continental shelf offshore of West Greenland is cut by a minimum of six cross-shelf 

troughs (Brett and Zarudzki, 1979, Funder and Hansen, 1996, Roberts et al., 2010).  These 

are likely to have acted to focus and route outlet glaciers of the GIS toward the shelf edge 

during previous periods of glaciations.  The size of these troughs means they would have 

evacuated a large portion of the West GIS, and would have been of vital importance to the 

mass balance of the ice sheet. 

 

Thus far, the majority of work on LGM ice stream extent in West Greenland has so far 

focused on two main areas.  Firstly, in the Disko Bugt region, the extent, thickness and 

behaviour of Jakobshavn Isbræ has been studied, with authors reporting an LGM advance of 

the ice stream onto the continental shelf (Roberts and Long, 2005, Weidick and Bennike, 

2007), confirmed by recent marine geophysical investigations (Ó Cofaigh et al., 2013b).  

Work onshore has dated a series of inset moraines, now shown to represent an ice marginal 

response of Jakobshavn Isbræ to both the 9.3 and 8.2 kyr events (Long and Roberts, 2002, 

Long et al., 2006, Briner et al., 2010, Young et al., 2011a, 2011b, 2013).  This has 

demonstrated the high sensitivity of large ice streams to short-lived climatic oscillations.  

The second area studied is in the Sisimiut region, the largest ice-free area of land in western 

Greenland.  Here, workers found an advance of topographically routed, outlet glaciers which 

converged into a large ice stream system, and flowed onto the continental shelf.  In this 

region, LGM ice thickness estimates vary from 500 to >1000 m a.s.l. (Roberts et al., 2009, 

Rinterknecht et al., 2009). These thickness estimates are in accordance with modelled ice 

sheet profiles, which reconstruct LGM ice thickness to ~900m a.s.l. in these regions 

(Simpson et al., 2009).  The onset of deglaciation through this ice stream system is relatively 

late compared to ice sheet deglaciation in other areas of Greenland (Roberts et al., 2010).  

This timing, and variability within other systems along the West Greenland coast (Weidick 

and Bennike, 2007, Ó Cofaigh et al., 2013a, Roberts et al., 2013) has led to the suggestion 

that ice stream systems, though vulnerable to rapid deglaciation due to their size, may have 

had a delayed retreat response to post-LGM warming, meaning that ice stream 

characteristics promoted stability on the inner continental shelf into the Holocene (Roberts 

et al., 2010). 
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2.2. Ice streams and their importance in Greenland 

 

Ice streams are  known to exert a considerable influence upon ice sheet dynamics and 

configuration during their advance and retreat stages, forming fast flowing arteries of ice 

which rapidly evacuate inland ice to the ice sheet margin (Stokes and Clark, 2001, Bennett, 

2003).  This is true of the Greenland Ice Sheet both now, and in the past.  Ice streams are 

portions of ice sheets which flow more rapidly than surrounding ice, often by several orders 

of magnitude (Swithinbank, 1954).  They are grounded, and bounded by either slower 

moving ice sheet ice, or topography (Bentley, 1987, Stokes and Clark, 2001, Bennett, 2003, 

Truffer and Echelmeyer, 2003).  Ice streams can be divided into two broad categories: 

topographic (or isbræ), where ice flow is heavily controlled by lateral topographic 

constraints; and pure, where no significant lateral topographic control is exerted upon the 

ice, and ice streams are bounded by slower moving ice (Stokes and Clark, 1999).  Ice streams 

are typically characterised by a series of tributary glaciers, emanating from an ice sheet.  

These coalesce to form an ice stream trunk (Figure 2.7) (Stokes and Clark, 1999).  Due to 

their size and velocity (> one order of magnitude faster than ice sheet ice) they are 

responsible for the majority of ice and sediment discharge from ice sheets.  Their potential 

to discharge much of this into the ocean has global ramifications for ocean currents, 

including the thermohaline circulation (Bennett, 2003), and the mass balance of the ice 

sheet they drain (Bennett, 2003, Ó Cofaigh et al., 2003, Sejrup et al., 2003, Roberts et al., 

2010).  Their instability and variability in response is known to be controlled by both internal 

and external processes (Bennett, 2003), meaning that their behaviour is affected by global, 

regional, and local factors.  Therefore, understanding their short- and long-term variability, 

their relationship to the ice sheets they drain, and their impact upon ice sheet stability in 

the past is of vital importance for predicting ice stream response to current and future 

climate change. 

 

At present, ice streams flowing at > 100 m yr-1 drain the majority of ice from the GIS interior.  

Observations of present-day ice streams have documented their spatially variable, complex 

behaviour.  See section 2.1.3. for a full discussion of current ice stream behaviour in 

Greenland.  In certain settings of convergent topography, large ice stream systems can 

develop, formed of multiple individual ice streams (Ottesen et al., 2008, Roberts et al., 2010, 

Roberts et al., 2013).  Convergent ice flow, often into over-deepened troughs formed over  
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Figure 2.7.  (a) Simplified conceptual model of a pure ice stream, with ice converging in the 

onset zone, feeding the main ice-stream channel (Adapted from Stokes and Clark, 1999); (b 

& c) Conceptual configurations of marine-based ice streams draining into open water (b), 

and feeding ice shelves (c) (from Stokes and Clark, 2001). 

 

multiple glacial cycles, allows these ice stream systems to flow at high velocities.  Coupled 

with their large palaeo-drainage basins, these palaeo-ice streams would have been critical 

to the mass balance of the ice sheet.  Therefore, in order to accurately reconstruct any 

palaeo-ice sheet, it is important to understand the evolution of these large palaeo-ice 

streams. 
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2.2.1. Palaeo-ice stream reconstruction 

 

2.2.1.1. Ice streams with soft beds 

 

Alongside investigation into contemporary ice streams through remote and field based 

observations, much of our present understanding of ice stream processes and activity has 

been achieved through the study of palaeo-ice stream beds.  Specifically, bed accessibility 

allows the study and  

 

interpretation of glacial landforms (e.g. moraines, drumlins, roches moutonnées, eskers, 

striations).  These can be used to delineate areas of palaeo-ice streaming, and establish the 

basal conditions of the ice stream at a specific time during its history (Stokes and Clark, 

1999, Stokes and Clark, 2001).  Initial work by Stokes and Clark (1999) identified and 

developed a series of geomorphological criteria for identifying the former presence of ice 

streams in the geological record, including: highly convergent bedform patterns; highly 

attenuated bedform morphology (length to width ratio of >10:1); sharply delineated shear 

margins.  Following this, Stokes and Clark (2002) then argued that highly attenuated 

bedforms (including mega-scale glacial lineations), with length to width ratios of >10:1 can 

be used to infer zones of fast ice flow, and therefore interpret palaeo-ice streams.  This has 

allowed the identification of palaeo-ice streams, and aided in palaeoglaciological 

reconstructions of ice sheets (Ottesen et al., 2008). 

 

2.2.1.2. Ice streams with rigid beds 

 

West Greenland is known to produce little sediment, the majority of which is rapidly 

evacuated to the continental shelf (Funder, 1989b).  Outlet glaciers throughout West 

Greenland have been generally constrained to over-deepened fjords and continental shelf 

troughs, and terrain above sea-level is often high in relief.  This leaves relatively few onshore 

areas in which soft sediment bedforms could develop.  As a result, soft-bedded 

environments do tend to exist offshore, in the base of contemporary fjords and cross-shelf 

troughs (e.g. Evans et al., 2009, Block and Bell, 2011, Ó Cofaigh et al., 2013b). 
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Figure 2.8. (a) Map of the landscapes of glacial erosion on the ice-free rim of Greenland, as 

mapped by Sugden (1974). 

 

Consequently, the vast majority of glacial landforms reflecting palaeo-ice stream activity 

across ice-free areas of Greenland are erosional in origin.  The majority of recently glaciated, 

low elevation (<1000 m a.s.l.) terrain in West Greenland displays extensive areal scour 

(Figure 2.8) (Sugden, 1974).  Within these areas, erosional glacial landforms such as roches 

moutonnées and whalebacks are ubiquitous (e.g. Glasser and Warren, 1990, Roberts and 

Long, 2005).  From study of these bedrock bedforms, reconstructions of basal conditions, 
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bed-coupling, and relative velocity can be made.  More widely, studies of offshore rigid-bed 

palaeo-ice streams have reported drumlins, crag and tail 

 

features, crudely streamlined forms with blunt stoss sides and tapered lee sides, and p-

forms (Lowe and Anderson, 2002, Ó Cofaigh et al., 2002).  Throughout both Greenland and 

northern Europe, onshore investigations have reported: streamlined roches moutonnées 

and whalebacks (e.g. Gordon, 1981, Sugden et al., 1992b, Roberts and Long, 2005, Roberts 

et al., 2010, Krabbendam and Glasser, 2011); megadrumlins and large-scale crag-and-tail 

forms (Jansson et al., 2003, Ottesen et al., 2008), large bedrock ridges and deep mega-

grooves (Bradwell et al., 2008). 

 

In comparison to soft-sediment bedforms, bedrock bedforms are often able to record a 

complex formation history.  It is important that these complicating factors are appreciated 

when reconstructing ice flow histories.  The nature of bedrock bedforms makes them more 

resistant to erosive forces than soft sediments.  As a result they can form and endure 

modification over multiple glacial cycles (Kleman, 1994, Kleman and Borgström, 1996).  This 

complicates the ice flow history which they record.  Similarly, bedform development 

complication can arise from changes in ice thickness, velocity and direction during a single 

glacial cycle.  These changes cause variations in ice-bed coupling and therefore can alter the 

balance of abrasion and plucking (Roberts and Long, 2005, Roberts et al., 2010, Krabbendam 

and Glasser, 2011, Hooyer et al., 2012, Iverson, 2012).  These factors combine to form 

complex bedforms, requiring careful interpretation.  In addition to external glaciological 

factors, local geological structure can exert a control upon bedform development.  Bedding 

planes, joint orientation and density, and rock hardness act as key controls upon bedform 

morphology (Krabbendam and Glasser, 2011, Roberts et al., 2010, Hooyer et al., 2012).  

Despite these complexities, a number of studies have been able to successfully discriminate 

between the impacts of geology and those of ice dynamics, and have reconstructed the 

evolution of bedrock bedforms in areas of ice streaming (Roberts and Long, 2005, Roberts et 

al., 2009, Bradwell et al., 2008, Krabbendam and Glasser, 2011) 

 

However, in contrast to the study of soft-sediment bedforms, a simple relationship between 

elongation ratio (ELR) and ice velocity cannot be inferred.  Work by Evans (1996a) 

demonstrated that the differences in bedform type (whalebacks and roches moutonnées) 

can be used to differentiate between fast and slow ice flow by inferring if ice-bed 

decoupling and therefore plucking, took place.  If so, this is cited as evidence for the  
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Figure 2.9. Diagram of an idealised bedrock bedform continuum across a hypothetical 

palaeo-ice stream onset zone.  Relationship between bedform morphology, bedform 

density, and subglacial thermal conditions can be seen (from Bradwell et al., 2008). 

 

presence of slow, thin ice.  Bradwell et al. (2008) developed an elongation continuum of 

bedrock bedforms through a palaeo-ice stream onset zone that they related to degrees of 

erosive power, ice velocity, and subglacial thermal regime (Figure 2.9). 

 

Other workers have used bedrock landform morphology to assist in inferring ice flow 

velocities and bed conditions, with close association of RMs and undisturbed tors providing 

evidence for a sharp transition from a cold to warm basal thermal regime (Hall and Glasser, 

2003).  Analysis of bedforms can allow for the creation of flow sets, based upon the 

distribution, density, and form of mapped bedrock features (Jansson et al., 2003, Roberts 

and Long, 2005).  For example, Roberts and Long (2005) used spatial differences in WB and 

RM density and elongation ratio to define the palaeo-margin of Jakobshavn Isbræ, 

separating fast and slow ice flow, having discounted ice thickness as the controlling factor 

upon bedform characteristics.  In rigid-bedded settings, authors have found that bedform 

elongation ratios (ELRs) in areas of ice streaming are low (<5:1) (Roberts and Long, 2005).  

This is in contrast with evidence from former soft-bedded ice streams, where ELRs are often 

>10:1 (Stokes and Clark, 1999).  Some workers have hypothesised that the low ELRs of 

bedforms found beneath palaeo-ice streams in rigid bed settings are due to fixed basal 

perturbations, and high bed roughness.  These factors prevent the basal ice from forming a 

stable subsole or path, thus hindering the formation of bedforms with high elongation ratios 

(Roberts and Long, 2005).  Recent work has contested this, finding high ELRs in rigid bed 

settings (>5 - 25:1), inferring that pathway stability is viable (Bradwell et al., 2008).  

However, many bedrock bedforms can suffer secondary plucking episodes, either during the 

deglacial phase, or in consequent glacial episodes (Roberts and Long, 2005).  
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Other studies have separated the impact of bedrock geology upon bedform development 

from ice flow dynamics.  This has shown that under certain geological settings, changing ice 

dynamics can have minimal impact upon bedform morphology and type (e.g. Roberts et al., 

2010, Krabbendam and Glasser, 2011).  A number of other studies undertaken in West 

Greenland and North-West Scotland have attempted to unravel these complex interactions 

between bedrock bedforms, ice flow dynamics and bedrock structure.  Work by (Gordon, 

1981) explored the role which variations in bedding plane orientation, joint orientation, and 

rock hardness can have upon resultant bedform morphology.  Roberts et al., (2010) 

reported bedform data from areas of ice sheet and ice stream flow in West Greenland.  

Bedforms from areas hypothesised to have experience palaeo-ice sheet flow displayed very 

high ELRs (>10:1), whereas those from areas of palaeo-ice streaming had lower ELRs of 

3.7:1.  This is clearly a function of bedrock structure.  The elongate bedforms from Sisimiut 

(Roberts et al., 2010) (which would be suggestive of fast flow in a soft bed setting), are a 

result of repeated glacial erosion along lines of weakness running sub-parallel to ice flow.  

The form of the less elongate bedforms is also a result of bedrock structure.  Some 

bedforms display multiple plucked faces, suggesting multiple flow directions affected the 

region.  Roberts et al., (2010) related these bedform characteristics to bedrock structure, 

joint density and joint orientation.  In one area ice flow was initially east-west, flowing 

transverse to bedrock.  This created short, wide bedforms.  Following this, ice flow became 

NE-SW, with bedforms and bedrock structure becoming sub-parallel to ice flow.  This 

produced secondary plucked faces, and altered bedform plan form and morphometry 

(Figure 2.10).  In a study from north-west Scotland, Krabbendam and Glasser (2011) 

analysed bedforms from an area of consistent palaeo-ice flow, but across different bedrock 

 

 
Figure 2.10. Diagram of bedrock bedform development in areas of banded bedrock of 

contrasting lithology – orange areas represent resistant lithologies: (a) resistant bedrock 

bands trending NE-SW prior to ice advance; (b) formation of roches moutonnées by plucking 

on the down ice side of bedforms, along joints running transverse to ice flow; (c) ice flow 

becomes parallel to the lithological banding, and plucked faces appear down ice of the new 

ice flow direction (from Roberts et al., 2010). 
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Figure 2.11. Diagram showing the relationship between bedrock hardness and joint spacing, 

and the resultant dominant erosional processes See Krabbendam and Glasser (2011) for full 

details and source of data. 

 

lithologies.  They suggest that in this instance, changes between the dominance of abrasion 

and plucking are due to variations in joint spacing and rock hardness, not changes in ice flow 

dynamics (Figure 2.11). 

 

2.3. Summary 

 

This chapter has provided a summary of the literature relevant to this study.  It has outlined 

the present knowledge of outlet glaciers throughout Greenland, and the processes thought 

to control their behaviour.  In doing this, it is clear that our current understanding is not 

sufficient to reliably link a forcing factor (either climatic or aclimatic) to outlet glacier 

behaviour.  In addition, the records which are used to interrogate these processes have a 

low temporal scale, often only producing observed data for the past two decades.  As a 

result, the present day changes are not fully understood and future predictions concerning 

outlet glacier response and sea-level contributions cannot be made with any certainty.  In 

light of this, looking to the past record of outlet glacier response through Greenland is 

necessary in order to understand the changes observed both today and in the future.  The 

palaeo record can provide a longer timescale reconstruction of ice sheet behaviour, and 
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proxies can be used to reconstruct the magnitude of a variety of factors active upon the ice 

sheet during these times.  This allows the relative contribution of a number of forcing 

factors to be ascertained, and the nature of ice sheet response to be characterised (slow, 

rapid, retreat, advance etc). 

 

Ice streams are known to be the most active portions of ice sheets.  At present they drain 

the majority of ice from the Greenland Ice Sheet, and are also likely to have in the past.  

They therefore represent the places in which long-term ice sheet behaviour can be 

identified and characterised.  In addition, due to the size and speed of these ice steams, 

they are likely to have been of great importance to the mass balance of the Greenland Ice 

Sheet during the Last Glacial Maximum.  Therefore, identifying the location of these ice 

streams during previous periods of glacial activity is of vital importance to understanding 

how the ice sheet evolved and functioned.  This reconstruction is carried out using the 

geomorphological footprint left by the ice stream across the landscape.  This can be difficult 

in regions of highly dissected, bedrock bedded terrain, but has been achieved previously.  

Production of high-resolution studies which record ice stream and ice sheet behaviour over 

long timescales (thousands of years) are therefore a valuable way to predict the way in 

which the Greenland Ice Sheet will respond to future changes in atmospheric and oceanic 

climate. 
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CHAPTER THREE 

Glacial landscape evolution in the Uummannaq region, West Greenland 

 

Abstract 

 

The distribution and development of glaciated and non-glaciated landscapes in the 

Uummannaq region, West Greenland has been investigated using high resolution remote 

and field geomorphological mapping.  As in other continental ice sheet margins, the 

Uummannaq region is characterised by a patchwork of glacial landsystems which have 

developed throughout the Quaternary.  Glacial activity over this period had modified a pre-

glacial fluvial surface.  This pattern is consistent with hypothesised landscape distribution 

resulting from variations in subglacial thermal regime.  The regional landscape is dominated 

by selective linear erosion which has partitioned the landscape.  This has led to the 

development of deep fjords, bordered by high altitude relict plateaux which foster small 

poly-thermal ice caps and small valley glaciers.  Low altitude areas contain areally scoured 

terrain, appearing more concentrated in the south.  Two areas displaying little glacial 

erosion were mapped on the Svartenhuk and Nuussuaq peninsulas, in the north and south 

respectively.  It is likely that during glacial conditions these were not engulfed by ice from 

the Greenland Ice Sheet, due to intense drawdown of ice into the Uummannaq trough.  

They would have instead been partially covered by locally sourced ice caps.  Individual 

landsystem properties vary throughout the region with altitude and location, as a result of 

variability in erosion rates and bedrock geology.  Erosion rates are controlled by internal 

glaciological factors such as ice thickness, basal water pressure, and basal sliding.  From the 

onset of glaciation to present, subglacial thermal organisation (and the resulting selective 

linear erosion it has led to) has been the primary control on landscape development 

throughout the Uummannaq region.  It led to fjord and high-elevation plateaux 

development, and prevented widespread low-elevation areal scour from developing in the 

north.  This selective linear erosion has created an over-deepened, coalescent fjord system 

which helped to seed the onset zone of the large cross-continental shelf Uummannaq ice 

stream system (UISS). 

 

Previous research has suggested that central West Greenland experienced several periods 

of regional uplift from 33 Ma to present.  This uplift has removed surfaces from the impact 

of widespread warm-based glaciation, leaving them as relict landsurfaces.  Because uplift 

began prior to widespread West Greenland glaciation, the highest surfaces within the 



47 
 

Uummannaq region were above the limit of intense, warm-based glacial erosion once it 

began to operate.  This has created an altitude-dependant continuum of landscapes of 

glacial modification throughout the Uummannaq region, from relatively unmodified, high-

elevation plateaux to highly modified, low-elevation trough floors.  Glacial landsystem 

variability appears inexplicable solely through glaciological activity.  Processes of long-term 

uplift, glacial erosion/protection, and spatial variability in erosion intensity have produced a 

highly partitioned landscape. 

 

3.1. Introduction 

 

Ice sheets have played a major role in landscape evolution throughout Earth history, 

especially during the Quaternary Period.  Landscapes of glacial erosion are the product of 

multiple periods of glacial inundation during this time.  The differential action of ice sheets 

and its impact upon landscape evolution has long been known.  Across glacially inundated 

landscapes across the world, early work identified zones of areal scour, selective linear 

erosion and little to no glacial modification (Sugden, 1974).  These differences in ice sheet 

erosion, driven by variation in subglacial thermal regime have been used to explain the 

common juxtaposition of over-deepened troughs and relict plateau surfaces (Sugden, 1974, 

Hall and Glasser, 2003, Swift et al., 2008).  In contrast, areas affected by glaciation but 

located outside the limits of ice sheet influence are characterised by cirque and mountain 

valley glaciers, or small ice caps (Sugden, 1974).  In recent years, the combination of 

geomorphological mapping and terrestrial cosmogenic nuclide (TCN) exposure dating has 

highlighted the complex interplay between landscape preservation beneath areas of cold-

based ice sheet ice, and extensive erosion beneath warm-based ice (Kleman et al., 2008, 

Stroeven and Swift, 2008, Swift et al., 2008, Strasky et al., 2009, Di Nicola et al., 2009).  

More recently the important role of ice streams in controlling ice flux from ice sheets has 

highlighted how they are able to partition their flow.  Their location and areal extent 

determines the interaction between ice streams, ice sheets, and the landscape (Angelis and 

Kleman, 2008, Winsborrow et al., 2010). In many cases, highly topographically confined 

fjords act as tributaries for ice stream onset, forcing convergence and flow acceleration 

through ice drawdown (Lowe and Anderson, 2002, Ó Cofaigh et al., 2002, Ottesen et al., 

2008, Roberts et al., 2013).  In Greenland, the majority of palaeo-ice sheet research has 

focused on developing a robust understanding of ice sheet extent and behaviour at the Last 

Glacial Maximum (LGM) and during previous glaciations (Funder and Hansen, 1996, Bennike 

and Bjorck, 2002, Weidick et al., 2004, Hakansson et al., 2007a, 2007b, Roberts et al., 2009, 
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2010, 2013, Ó Cofaigh et al., 2013b).  However, a number of studies have highlighted the 

effect of regional glacial and non-glacial processes on landscape evolution in Greenland. 

These include the influence of continental scale geological variability on fjord development 

(Swift et al., 2008), and the impact of cross-shelf ice streams  upon ice sheet flow patterns 

(Roberts et al., 2010, 2013). 

 

Alongside glaciation over million year timescales, landscapes develop through Cenozoic 

tectonic uplift, and glacio-isostatic rebound and unloading (Small and Anderson, 1998, Oskin 

and Burbank, 2005, Egholm et al., 2009, Nielsen et al., 2009).  Recent study has led to the 

generation a series of models which couple uplift and landscape development in glaciated 

regions, specifically in Scandinavia (Nielsen et al., 2009, Steer et al., 2012) and West 

Greenland (Japsen et al., 2006, Bonow et al., 2007).  These studies provide a number of 

uplift scenarios for glaciated margins which can then be integrated with hypotheses of 

landscape development.  However, few studies have attempted to integrate ice sheet 

erosion, geological variability, and long-term uplift. 

 

 

 

Figure 3.1. (a) Map of the landscapes of glacial erosion found in the ice-free rim of 

Greenland, as mapped by Sugden (1974); (b) Enlargement of the Uummannaq region, with 

regional bathymetry from GEBCO (adapted from Sugden, 1974). 
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This chapter aims to: i) explore the regional scale impact of ice sheet and ice stream erosion 

upon landscape evolution, by developing a regional map of glacial landscapes in the 

Uummannaq region, at higher-resolution, and in more detail than previous work; ii) assess 

the influence of ice sheet evolution on the process of ice stream onset; and iii) evaluate the 

influence of pre-Quaternary uplift on landscape evolution. 

 

3.2. Background 

 

3.2.1. West Greenland landscape evolution 

 

Previous work has classified the terrestrial glacial and non-glacial landscapes of the entire 

ice free rim of Greenland, based upon morphological and landform characteristics (Figure 

3.1, Sugden, 1974).  These classifications included distinct areas pertaining to large-scale 

warm-based ice sheet erosion (areal scour, selective linear erosion), and small-scale 

landscapes resulting from erosion by individual glaciers (mountain valley glaciers and 

cirques) (Figure 3.1).  A number of isolated areas displaying either little or no sign of glacial 

erosion were also mapped. 

Areally scoured topography, often referred to as ‘knock and lochan’ topography (Linton, 

1963), describes areas affected by ubiquitous glacial erosion through abrasion and plucking.  

This topography is formed by abrasive exploitation of structural weaknesses in bedrock by 

glaciers (Sugden, 1974) and is found in areas of both palaeo- and contemporary ice sheet 

action (Gordon, 1981, Benn and Evans, 2010).  These areas are characterised by depressions 

and adjacent rock bumps often characterised by the presence of many roches moutonnées 

and whalebacks (Sugden, 1974).  The relief of these features is generally limited to several 

metres, promoting debate regarding the depth of erosion through scouring.  Some relate 

products of areal scour to strong glacial erosion (Amantov et al., 2011), others suggesting 

erosion simply “strips” regolith from an older, weathered landscape (Sugden, 1974, Lidmar‐

Bergström, 1997), thus only removing several tens of metres through erosion.  In  West 

Greenland, Bonow (2006b) proposed that the surface morphology of areally scoured regions 

are strongly controlled by a re-exposed, Late-Cretaceous etch surface on the Archean 

basement (75-60 Ma), finding preserved remnants of weathered gneiss and smoothed 

landforms, recently exhumed from the overlying basalt.  Mapping demonstrated that the 

form of these features is strongly controlled by underlying geology, with only slight 

modification through glacial erosion.  That work therefore inferred that the classification of 

large scale landscapes solely upon the type and intensity of glacial erosion is an 
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oversimplification.  Johansson et al., (2001) also suggested this, proposing that etched relief 

is a prerequisite for the development of classic ‘knock and lochan’ topography in Sweden. 

 

Selective linear erosion is characterised by the juxtaposition of high-level plateau surfaces, 

with deep glacially excavated troughs (Sugden, 1968, Sugden, 1974, Sugden, 1978).  This 

highly contrasting landscape is produced through variations in subglacial thermal regime, 

and resultant changes in glacial erosion intensities (Hall and Glasser, 2003).  This acts to 

focus erosion into narrow bands, forming over-deepened fjords.  These dominate many 

glaciated continental margins (e.g. Norway, New Zealand, and Arctic Canada).  In some 

regions of Greenland, intensely incised landscapes have been shown to have developed 

prior to the onset of Quaternary glaciation (Swift et al., 2008).  Particularly in East  

 
Figure 3.2. Topographic overview map of Uummannaq region.  Altitudes are taken from 

ASTER imagery, and bathymetry from GEBCO.  Location and fjord names discussed in the 

text are identified. 
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Greenland, Pleistocene ice sheets had little impact upon the landscape as they were 

predominately cold-based.  Quaternary modification has been strongly controlled by pre-

existing fluvial valleys (first order topography), and geology (as a function of lithological 

strength) (Swift et al., 2008).  Regions of resistant rock have produced over-deepened fjords 

and less resistant lithologies producing shallow, wider fjords.  Swift et al. (2008) cite this 

geological control upon selective linear erosion as a possible mechanism for the onset of 

fast ice flow, with wide valleys providing a broader bed over which basal melting can occur.  

In contrast, recent modelling has suggested that the development of fjord topography 

comparable to their current state is possible within Quaternary timescales (Kessler et al., 

2008).  Beyond this, little research has been carried out regarding fjord formation and 

development in Greenland, although the topographic influence of fjord systems on ice flow 

may be linked to the onset of large cross-shelf ice stream systems (Evans et al., 2009, 

Roberts et al., 2009, 2010, 2013). Plateau landscapes are also common in West Greenland, 

and are synonymous with areas of selective linear erosion (Sugden, 1968, 1974). Preserved 

plateau land surfaces often contain remnant landforms (tors, blockfields), sediments, and 

weathering profiles that suggest periods of extensive exposure followed by protection and 

preservation beneath cold-based ice (Kelly, 1985, Kleman, 1994, Kleman and Borgström, 

1994, 1996, Kleman and Glasser, 2007). However, little systematic geomorphological 

analysis of Greenlandic plateau surfaces has been undertaken compared to other regions in 

the Arctic (Rea and Evans, 2003). 

 

Parts of West Greenland contain extensive but localised mountain valley glacier systems. 

These are restricted to isolated mountainous areas, outside the limits of current ice sheet 

activity.  They form in individual, arcuate collecting grounds, coalescing to form trunk valley 

glaciers, rarely extending further than several tens of kilometres (Sugden, 1974).  Cirque 

glaciers have also been mapped throughout mountainous areas in Greenland (Sugden, 

1974). 

 

Finally, a number of lowland regions in Greenland contain areas which display little or no 

evidence of glacial erosion.  Evidence for areal scour and selective linear erosion is absent, 

and terrain is instead characterised by smooth slopes covered in regolith and  incised by 

fluvial systems (Sugden, 1974).  These “non-glaciated” landscapes are likely to have been 

covered by cold-based ice during Pleistocene maxima, or alternatively, point to limited ice 

sheet extent during glacial periods of the Late Quaternary, though this is far more unlikely. 
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3.2.2. The Uummannaq region 

 

The Uummannaq region in West Greenland is mountainous, with plateaux and summits 

reaching 2000 m a.s.l. (Figure 3.2).  This area is ~ 20000 km2 and contains two large 

peninsulas, Svartenhuk to the north, and Nuussuaq to the south (Figure 3.2).  The area is 

underlain by three north-south trending geological regions, each bounded laterally by faults 

(Figure 3.3): Precambrian basement in the east of the region (Archean orthogneisses - ~2800 

Ma) (Kalsbeek et al., 1998, Bonow et al., 2007); the Nuussuaq Basin, infilled with 

Cretaceous-Tertiary marine mudstones and sandstones  

 

 

Figure 3.3. Bedrock geology of the Uummannaq region (Henriksen et al., 2009). 

 

Svartenhuk, and the western half of Nuussuaq (Henriksen et al., 2000).  The Uummannaq 

region is (Pedersen and Pulvertaft, 1992, Dam et al., 2000, Henriksen et al., 2000); and 

Tertiary basalts, which lie offshore and form Ubekendt, dissected by a series of highly 

entrenched east-west trending fjords which route outlet glaciers to sea-level, and reach 
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1300 m in depth.  They have a convergent configuration, which during periods ofmore 

extensive ice cover would have acted to cause outlet glacier coalescence.  Orientations of 

the fjords range from south-south-west in the north of the system to north-west in the 

south of the system. They are occupied by eleven large, ocean terminating outlet glaciers 

and ice streams: Ingia Isbrǽ, Umiámáko Isbrǽ, Rink Isbrǽ, Kangerlussuup Sermersua, 

Kangerluarsuup Sermia, Perlerfiup Sermia, Sermeq Silarleq, Kangigdleq, Sermilik, Lille 

Gletscher, Store Gletscher (see Table 2.1 and Figure 3.2).  On average, fjords are 4.20 to 6.94 

km wide (at sea level) (See Table 1), and from 34.48 to 75.35 km in length (from current ice 

snout to fjord mouth).  Plateau heights between the troughs range from 1000 to 2300 m 

a.s.l., and water depths within the fjords vary from ~400 to ~1287 m. 

Recent onshore and offshore mapping has reconstructed the onset zone configuration of 

the Uummannaq Ice Stream System (UISS), with north to south deflection of ice flow from 

northern fjords, caused by a switch in bedrock geology (Roberts et al., 2013, Ó Cofaigh et al., 

2013b). Palaeo-ice flow from the north coalesced with southern fjord outlets to seed onset 

of the ice stream system’s trunk zone in the Uummannaq trough.  This flowed westwards, 

reaching the continental shelf edge at the local LGM (Ó Cofaigh et al., 2013a). 

 

3.3. Methods 

 

Mapping was carried out using: 1:150,000 topographic maps; geological maps (Henderson 

and Pulvertaft, 1987b); aerial photographs (Kort and Matrikelstyrelsen); and digital 

elevation models created using ASTER imagery.  Ground-truthing was carried out in the 

Northern Uummannaq region (Figure 4.1), where features of glacial erosion were mapped in 

order to allow palaeo-ice flow reconstructions (Glasser and Warren, 1990, Roberts and 

Long, 2005).  Erosional forms mapped and noted include small-scale friction cracks, striae 

(Boulton, 1974b, Benn and Evans, 2010), and p-forms (Dahl, 1965).  Measurement of their 

orientation can be used to interpret former ice-flow directions.  Large-scale features of 

glacial erosion mapped included roches moutonnées (asymmetric bedrock protrusions with 

abraded stoss faces and plucked lee faces) (Sugden et al., 1992a, Benn and Evans, 2010) and 

whalebacks (symmetrical bedrock features with abraded stoss and lee faces) (Evans, 1996b, 

Sugden and John, 1976). 

 

Moraines and trimlines were mapped in order to both constrain glacier geometry.  Ice-

marginal moraines are depositional features, recording the former margins of glaciers, and 

are found as end and lateral moraines (Benn and Evans, 2010).  End moraines develop at the 
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glacier snout, representing terminal (the maximum limit of glaciation) and recessional 

(forming from ice-front stability or readvance during retreat) features.  In this study, 

moraines were identified in the field based upon their position, and arcuate form. 

 

Trimlines are boundaries which mark the maximum altitude to which glacier ice has eroded 

a hillslope (Ballantyne and Harris, 1994).  In the field, trimlines were seen as mountain-side 

boundaries between glacially scoured bedrock (displaying the small- and large-scale features 

of glacial erosion mentioned above) and higher-altitude frost weathered detritus.  The 

boundary itself can be distinct (change over several metres), or more gradual (change over 

several tens of metres), depending upon effectiveness of glacial erosion and mass-

movement processes following trimline formation (Ballantyne, 1997).  Trimlines have a long 

history of study (Sollid and Sørbel, 1979, Nesje and Sejrup, 1988, Nesje and Dahl, 1990), and 

thought to relate to the upper palaeo-ice surface, or an englacial thermal boundaries (Fabel 

et al., 2012) (see Section 2.1.2.2. for a brief discussion of this). 

 

The geometric resolution of the aerial images (primary tool for landform identification) is ~ 3 

m, allowing landforms larger than this to be identified.  A selection of the remotely mapped 

areas and features were ground truthed during field visits between 2008 and 2011 

(Svartenhuk, Ingia Fjord, Rink Fjord, Karrat Fjord, and Store Gletscher).  Topographic DEMs 

are derived from ASTER GDEM2 imagery and bathymetric data derived from GEBCO and 

local bathymetric charts. 

 

3.4. Results 

 

The new map of the glacial and non-glacial landscapes throughout the Uummannaq region 

is presented below (Figure 3.4).  Seven landsystems are displayed on the map, including 

those glacial (areal scour, dissected plateau, non-dissected plateau, mountain valley and 

cirque, lowland terrestrial deposition, and selective linear erosion), and non glacial (little or 

no evidence of glacial erosion) in genesis.  A detailed description, and specific examples, of 

the landsystems is provided below (Sections 3.4.1 to 3.4.5) with focused examples and 

evidence of each (Figures 3.5 to 3.9). 
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Figure 3.4. New map of glacial and non-glacial landscapes throughout the Uummannaq 

region.  Boxes show the location of subsequent figures.  Selective linear erosion is imprinted 

upon the entire region, and indicated by a dashed line. 

 

3.4.1. Selective Linear Erosion 

 

Selective linear erosion is characterised by the juxtaposition of landscape erosion focused in 

linear bands, and intervening regions of less erosive plateau ice fields (Sugden, 1978, 

Sugden, 1974).  Selective linear erosion is ubiquitous throughout the Uummannaq region 

and has been the most influential method of landscape modification at a regional scale, 

controlling the development of glacially eroded troughs and high-elevation plateaux (Figure 

3.4).  It is upon the landscape resulting from this method of erosion that other landscapes of 

glacial erosion and deposition have been preserved.  The dominance of this landsystem 

throughout the region has prevented its inclusion in Figure 3.4, as it would have hindered 

the presentation of other landsystems.  Instead the entire Uummannaq region should be 

viewed as resulting from the landscape of selective linear erosion.  However, landscapes of 

‘selective linear erosion (terrestrial)’ have been identified.  These are particular areas in 
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which the processes of trough development through selective linear erosion are occurring 

on present landmasses.  These highlighted areas (Figure 3.4) are likely to be future fjords.  

The regional-scale topography is dominated by a series of coalescent fjords, deeply incised 

into the Precambrian basement, juxtaposed with high-level (>1000 m a.s.l.) plateau surfaces 

between them.  These features are particularly well-developed in the north.  The high levels 

of erosion have formed steep, near vertical fjord walls, up to a maximum relief of ~3000 m.  

Low elevation, fjord side, lateral moraine systems are common in inner fjord areas (Weidick, 

1968), particularly in the north, and tend to be associated with fjord constrictions and 

pinning points.  It is upon this incised fjord topography that other landsystems have 

developed. 

 

 

3.4.2. Dissected and non-dissected plateau 

 

Dissected plateaux dominate all high elevation landscapes (>1500 m a.s.l.) throughout the 

northern Uummannaq system (North of Qioqe – Figure 3.2).  Due to the nature of selective 

linear erosion, these are juxtaposed with the deep fjords which separate them (Figure 3.5a).  

The level of plateau dissection is highly variable throughout the Uummannaq region (Figure 

3.5b-d), with levels of dissection increasing with distance from the present ice sheet margin.  

The most heavily dissected plateaux underlie a series of cold-based icefields, perched on 

interior remnants of plateau surfaces (Figure 3.5d), feeding small valley glaciers.  In places 

these individual icefields are separated by glacially eroded arête-like ridges.  Where heavy 

dissection has occurred, deep glacial valleys separate areas of plateau, and in extreme cases 

the ice masses on dissected plateaux almost represent a series of independent mountain 

valley glaciers.  In these heavily dissected situations, valley floors contain extensive glacial 

sediments including outwash and controlled moraine (Evans, 2009).  In areas closer to the 

present ice margin, plateaux are far more coherent, with larger ice fields (Figure 3.5b).  

Small warm-based glaciers emanate from the ice fields, but appear to have achieved 

minimal erosion. Plateaux in the south appear far less frequently than the north, with only 

four isolated instances of plateaux mapped.  Plateaux appear absent between most fjord 

troughs in the south, which are instead characterised by areal scour.  The plateaux appear 

similar in morphology to those from the north, although smaller in area, therefore fostering 

fewer ice caps.  In general they are also more coherent and less dissected. 
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Figure 3.5.  (a) Geomorphological map overlain on an aerial photograph, showing an 

example of a dissected plateau; (b - d) aerial photographs of locations in the northern 

Uummannaq region (north of Qioqe – see Figure 3.2), showing the continuum of types of 

dissected plateau. (b) The landsystem still forms a relatively coherent plateau, with some 

dissection. (c) More dissected, but the majority of the icefields remain connected.  (d) 

Intense dissection has taken place and the icefields appear far more fragmentary, with large 

inter-plateau valleys present. 



58 
 

 

Figure 3.6. (a) Areally scoured topography from the southern Uummannaq region, with 

large lineations/macro-scale bedforms mapped; (b) Areally scoured terrain from the 

northern Uummannaq region, with erosional bedforms mapped; (c) Photograph of the 

areally scoured topography from the south of the Uummannaq region, showing classic 

knock and lochan topography; (d) Photograph of areally scoured topography in the north of 

the Uummannaq region, with long, angular bedforms evident. 

 

3.4.3. Areal scour 

 

Areal scour is present throughout much of the Uummannaq region.  It covers most fjord 

walls in the region, up to 300 m a.s.l., but is concentrated in the southern half of the 

Uummannaq region, south of Kangerdluarssuk Fjord.  Here it dominates the landscape up to 

and above 1000 m a.s.l.; including interfluve areas between fjords (Figure 3.6a and c).  It is 
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found more restrictedly in the northern Uummannaq region, limited to the base of steep 

fjord walls (below 300 m a.s.l.) in areas otherwise dominated by selective linear erosion 

(Figure 3.6b and d).  In addition to variability in distribution, there is a clear difference in the 

morphology of areally scoured terrain between the north and south of the Uummannaq 

region.  In the south, areally scoured terrain is stripped of the majority of regolith and has a 

rounded, ice-smoothed appearance.  On this gneissic terrain, it displays classic “knock and 

lochan” features (Sugden, 1974) with ice moulded bedrock characterised by roches 

moutonnées and whalebacks, interspersed with small lakes (Figure 3.6c). Conversely, areas 

in the northern half of the region are characterised by more angular bedforms with higher 

elongation ratios (Figure 3.6d).  The bedform assemblages here are composed of roches 

moutonnées and whalebacks formed from metagreywacke.  This bedrock and its joint and 

bedding plane properties have exerted a strong control upon bedform morphology (See 

Chapter Five for a full discussion of these bedforms). 

 

 

3.4.4. Mountain valley and cirques 

 

The majority of areas expressing mountain valley or cirque landsystems are on the 

Svartenhuk and Nuussuaq peninsulas which border the North and South Uummannaq 

region. Some intermittent patches of mountain valley glaciation exist on high altitude on 

plateaux surfaces between fjords, but these are very restricted (Figure 3.4).  Many of the 

interior valleys on Svartenhuk and Nuussuaq contain isolated valley glaciers which are 

predominantly north facing.  Cirque development in the Uummannaq region is concentrated 

on the Svartenhuk Peninsula in the North.  Areas of cirque development were differentiated 

from the surrounding landscapes on the basis of topography and landscape development.  

On the Svartenhuk Peninsula, cirques were found surrounded by areas dominated by non-

glacial landform development (see Section 3.4.6. and Figure 3.7a), allowing for clear 

delineation of the limits of cirque features.  These areas appear as a series of cirque basins, 

cut into upland areas, and are best developed on north facing slopes.    Cirque basins are 

between 0.5 and 1.0 km wide, and several hundred metres deep (from headwall summit to 

cirque floor).  The cirques are isolated, and separated by sharp arêtes on three sides, with 

narrow plateaux.  Small moraines likely to represent Little Ice Age advances are present in 

several of the cirque floors (Figure 3.7a). 
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Figure 3.7. Geomorphological maps overlain on aerial photographs showing: (a) areas of 

cirque glaciation; and (b) valley glaciation from Svartenhuk. 
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The glaciated valleys that dissect the southern Svartenhuk coast (Figure 3.7b) reflect a very 

different landsystem signature than the rest of the Svartenhuk, which is dominated by non-

glaciated areas and small cirque and mountain glaciers (Figure 3.4). The four valleys are ~3 

km wide at their mouth, and 10-20 km in length, emanating from the interior of the 

Svartenhuk Peninsula.  The western most of these valleys, Tasiussaq, exhibits a distinct 

landform assemblage (Figure 3.7b).  The valley comprises a flat valley floor containing an 

anabranching stream system, with valley walls rising steeply either side to higher elevation 

ground.  There are also a large number of circular small lakes, up to ~500 m wide, connected 

to a well-developed salt-marsh system.  The south-west corner of the valley contains an 

extensive flat topped delta (14 m a.s.l.), overlain by a series of crude eskers.  On higher 

ground (200 m a.s.l.) there are a series of inset lateral moraines, oriented subparallel to the 

valley’s long axis.  This suggests that valley ice was sourced from the interior of the 

Svartenhuk Peninsula.  (See Chapter Six for a full discussion of the glacial history of the 

Svartenhuk Peninsula). 

 

3.4.5. Lowland Terrestrial Deposition 

 

Two areas of lowland terrestrial deposition were mapped in the Uummannaq Region.  The 

largest of these is found on Ubekendt Ejland (Figure 3.4 and 3.8a).  The low lying saddle 

across the centre of the island (200-350 m a.s.l.) displays a distinct suite of depositional 

glacial landforms which record ice margin recession and readvance.  There are three main 

components to this landform assemblage.  Firstly is a series of subdued low amplitude, 

lobate moraines deposited in crude arcuate patterns.  They are composed of gravelly 

diamict, are heavily fragmented, and their ‘smudged’ geomorphology suggests that they 

have been overrun following deposition (Roberts et al., 2013).  The second is a large east-

west trending esker ridge, with a series of smaller discontinuous eskers between the 

subdued moraines.  The third component of the landsystem is a series of ice-marginal deltas 

found to the north of the moraine system.  These formed through deposition into ice-

marginal lakes during ice down-wasting and retreat.  These lakes formed at a terrestrial ice 

margin, lying above the hypothesised local marine limit. 

 

A second, smaller area of lowland terrestrial deposition is found in the Pingungud kua valley 

on the southern side of the Nuussuaq Peninsula (Figure 3.8b).  The valley appears to be a 

north-easterly extension of the large Kugssuaq valley, which bisects the Nuussuaq 

Peninsula.  The valley floor is covered by sediment, and has been dissected by a mountain 
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fed fluvial system.  At the northern end of the valley are a series of subdued, hummocky 

latero-frontal moraines which cluster to form an arcuate ridge (Benn and Evans, 2010).  

These record the ice marginal position of a glacier from the Kugssuaq valley which was 

deflected northwards by the presence of thick ice in the Vaigat Fjord. 

 

 

 

 

Figure 3.8. Geomorphological maps of the ‘lowland terrestrial deposition’ landsystem 

identified in this study.  Maps are overlain on aerial photos.  These landsystems were limited 

in abundance, found on (a) Ubekendt and (b) southern Nuussuaq. 
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3.4.6. Areas dominated by non-glacial landform development 

 

‘Non-glaciated’ areas were mapped on the western sides of Svartenhuk and Nuussuaq, 

concordant with those mapped by Sugden (1974).  The relief and altitude of the landscape 

in these areas is considerably lower in elevation than the rest of the Uummannaq region, 

only reaching ~900 m a.s.l.  These areas do not display any clear evidence of areal scour, or 

glacial overrunning.  Instead they are characterised by fluvial valleys incised into widespread 

sediment deposits, up to 30 m thick (Bennike et al., 1994, Laursen, 1944).  The centre of the 

area mapped as non-glaciated contains a series of elongate, subparallel bedrock ridges, 

reflecting the NNE-SSW striking bedrock structure (Figure 3.9).  They vary in size, from ~ 

0.25 to 8 km long, and from 0.06 to 0.76 km in width.  Areas between these ridges are 

infilled with talus and fluvial sediments of unknown depth and age (Figure 3.9), all of which 

is incised by a shallow fluvial system. Other than these features, the region is largely devoid 

of any landforms or sediment assemblages that are clearly characteristic of recent  

Figure 3.9. (a) Aerial photograph and (b) geomorphological map of southwest Svartenhuk.  

The well-developed fluvial drainage system and extensive deposits of sediment are evident.  

Sediment limits are from original geological maps (Henderson and Pulvertaft, 1987b).  Little 

evidence of glacial activity has been recorded (Sudgen, 1974). 
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glaciation.  In some locations channels/gorges cross cut bedrock ridges.  These are thought 

to represent local drainage diversions, caused by the palaeo-damming of the landscape by 

ice (See Chapter Six for a full discussion of these).  The western end of the Nuussuaq 

Peninsula also contains a similar absence of features of glacial erosion or deposition, instead 

exhibiting a shallow, anatomising fluvial system, strongly controlled by local bedrock 

topography.  It is a relatively low elevation area (<1000 m a.s.l.), and observations show 

incised fluvial valleys with a deep mantling of regolith. 

 

3.4.7. Comparison to previous mapping 

 

The regional scale domination of the landscape by selective linear erosion was found both in 

Sudgen’s (1974) mapping (Figure 3.1b) and this study (Figure 3.4).  The strong occurrence of 

areal scour in the south and dissected plateaux in the north was also identified by Sugden 

(1974), though the boundary between these two landscapes is thought to be situated 

further north in this study.  In contrast to Sudgen’s (1974) mapping, this study found areal 

scour in the north, though restricted to thin strips of low elevation terrain (below 300 m 

a.s.l.), at the base of steep fjord walls (Figure 3.4). 

 

Areas of lowland terrestrial deposition were not featured in Sugden’s mapping of Greenland 

(Figure 3.1b).  These have been identified on central Ubekendt, and southern Nuussuaq, 

which were previously mapped as ‘plateau remnant’ and ‘little/no glacial erosion’ 

respectively (Figure 3.4).  The identification of these landsystems is likely to be the product 

of higher resolution remote mapping, and ground truthing in the field. 

 

Areas displaying little or no evidence of glaciation mapped in this study are in broadly 

similar locations to those identified by Sugden (1974), at the western edges of Svartenhuk 

and Nuussuaq.  However, these areas are far smaller than those mapped by Sugden (1974), 

likely a result of the higher resolution mapping of this study.  The original areas included 

some regions now reclassified as areas of mountain valley and cirque glacier landsystems. 

 

Sudgen’s (1974) original classification grouped cirque landscapes and plateau remnants as 

one landsystem.  However, based upon our modern process-based understanding of glacial 

landsystems (cf. Evans, 2003) it is known that they reflect very different long-term 

development histories.  As a result they have been separated for this study.  Thus, a number 
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of areas were re-classified as mountain valley and cirques.  The largest of these regions is on 

the Svartenhuk Peninsula, an area previously classified as plateau remnant (Sugden, 1974). 

 

3.5. Discussion 

 

Landscapes of glacial erosion, deposition, and those displaying little evidence of erosion 

have been mapped throughout the Uummannaq region.  The factors which have resulted in 

this distribution and their relationship to the palaeo-UISS are evaluated here.  Possible 

factors such as ice sheet subglacial thermal organisation, bedrock lithology, and longer-

term, preglacial landscape processes are discussed below. 

 

3.5.1. Landscape distribution throughout the Uummannaq region 

 

Based upon the described constituent landscape elements, this region is not unique.  A 

number of other currently and formerly glaciated areas demonstrate a similar glacial 

landsystem assemblage (Stroeven et al., 2002, Kleman et al., 2008, Stroeven and Swift, 

2008, Swift et al., 2008).  The present regional-scale landscape of the Uummannaq area is 

chiefly the product of spatial variation in subglacial thermal regime throughout multiple 

glacial cycles.  The glacial and non-glacial landscapes identified in this study are consistent 

with traditional models of ice sheet subglacial thermal organisation and thermal partitioning 

(Hughes, 1995, Kleman and Glasser, 2007).  This proposes that large ice sheets (both 

contemporary and those present during the Pleistocene) are composed of a mosaic of areas 

of warm-based and cold-based ice (Kleman and Glasser, 2007) including: frozen-bed 

patches; ice streams; ice-stream tributaries; and slower moving ice.  The presence (or 

absence) of these components in varying proportions within an ice sheet has important 

implications for the landscapes remaining following deglaciation. 

 

Northern Hemispheric glaciation began between 10 and 6 Ma (Wolf-Welling et al., 1995, 

Maslin et al., 1998), with ice sheet growth centred upon southern Greenland.  By 4-3 Ma the 

expansion of the southern sector of the ice sheet was sufficient to allow coalescence with 

more restricted ice from northern Greenland (Maslin et al., 1998).  This led to the onset of 

ice sheet growth and glacial erosion inland of the Uummannaq region.  Glacial activity has 

continued and expanded throughout the Quaternary, allowing the domination of selective 

linear erosion across the Uummannaq region.  Initial fjord location is likely to have been 

dictated by the location of pre-glacial fluvial valleys, or guided by inherent structural 
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weaknesses within the host bedrock (Bonow et al., 2007).  However both hypotheses for 

fjord development in this area are poorly understood and initial conditions for the onset of 

glaciation are poorly constrained.  The timescales proposed for the incision of the fjords and 

troughs which dominate the Uummannaq region (~ 4-3 Ma) are in broad agreement with 

numerical modelling results.  Models demonstrate that positive feedbacks between flow 

convergence, geothermal heat flux, and subglacial thermal regime organisation encourage 

regional selective linear erosion (Jamieson et al., 2008, Kessler et al., 2008).  This leads to 

the development of fjords over multiple glacial cycles, at timescales of 100 kyr to 1 Ma.  

Jamieson et al. (2008) demonstrated that a fluvial landscape can become recognisably 

glacial (over-deepened and with increased width towards the terminus) via glacial 

modification during a single 100 kyr glacial cycle.  This occurs as a result of intense focused 

erosion (up to 3mm yr-1), coupled with high isostatic uplift.  Similarly, modelling by Kessler et 

al. (2008) showed the development of kilometre-deep fjords after ~1 Ma of glacial erosion.  

They suggest that the dramatically non-uniform distribution of erosion in landscapes which 

have undergone ice sheet erosion is due to feedbacks between topography, ice flow, and 

erosion.  Valley erosion and subsequent over-deepening provides lines of weakness along 

which ice flow is channelled during multiple glacial cycles. 

 

3.5.1.1. Distribution of glaciated landscapes 

 

As discussed, the regional-scale topography of the Uummannaq region has been formed 

through a history of intense selective linear erosion which has produced a distinct, deeply 

entrenched fjord system (Sugden, 1974) (Figure 3.4).  Through erosional feedbacks, this 

deeply incised fjord system has been able to govern locations in which other glacial 

landscapes can exist.  As a result, high altitude areas throughout the region (>1400 m a.s.l.) 

are stranded from glacial erosion by focusing of erosion in intervening lower altitude areas.  

This is most evident in the north of the region, where the majority of high altitude land is 

occupied by areas of dissected plateau.  These areas are today characterised by small poly-

thermal plateau ice fields. 

 

In the south of the region, the deeply incised fjords are juxtaposed with zones of high-

altitude areal scour as opposed to dissected or non-dissected plateaux.  These areas display 

clear evidence of widespread, warm-based ice operating at high altitudes.  It is likely that 

during initial ice build-up these high altitude areas contained patches of cold-based ice.  

These would have been progressively engulfed by warm-based ice as ice sheet thicknesses 
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increased.  The heightened erosional ability would have eradicated the geomorphological 

evidence of initial frozen-bed phases of ice build-up (Kleman and Glasser, 2007).  The 

development of widespread areal scour in the south is the result of two linked factors.  

Based upon contemporary estimates, the ice flux of the southern Uummannaq region is 

considerably higher than the north (Table 2.1), allowing widespread inundation and erosion 

as warm-based ice overwhelmed the topography.  In contrast, lower ice flux in northern 

Uummannaq (again, based upon contemporary estimates) has confined areal scour to the 

bases of fjord walls.  The second factor is the lower average topography in the south of the 

Uummannaq region compared to the north.  Though this is likely to be a long-term product 

of high ice flux, lower elevation topography allowing more extensive inundation of areas by 

warm-based ice, and therefore more regions are susceptible to areal scour.  Alternative this 

could simply be a result of a lower inherited topographic surface. 

 

Though the majority of landscape variability is explicable through subglacial thermal 

organisation, some variability occurs within areas of similar subglacial thermal regime.  

Areally scoured terrain in the south also shows high variability with altitude.  Lower altitude 

areally scoured areas (<500 m a.s.l.) display well developed, streamlined bedforms.  In 

contrast, areally scoured terrain at higher altitudes (>500 m a.s.l.) displays less streamlined, 

less well-developed bedforms (e.g. Drygalskis Halvo; Figure 3.6a, c).  This variation in scour 

intensity and bedform production is likely to be a product of variability in ice properties.  

Driving stresses, governed through ice thicknesses, would have been high over low-

elevation areas, encouraging basal strain melting, freeze-on, and melt-out process.  In turn, 

these processes would have led to increased levels of glacial erosion, and increased 

bedform streamlining.  This is, as the level of streamlining and scour intensity is positively 

correlated to ice thickness, due to increases in driving stresses and therefore erosion.  Thus, 

higher altitude areas in the landscape display evidence of less well developed areal scour.   

 

In addition to altitudinal variations, there is clear intra-landsystem variability in the 

morphology of areally scoured terrain in the north and south of the Uummannaq region.  

Bedforms in the north are often highly streamlined (Figure 3.6d), but lack the smooth, 

abraded surfaces seen in the south. During glacial conditions, areas in the north and south 

would have been situated within ice stream tributaries, and subject to similar subglacial 

conditions, ice thicknesses, bed stresses, and ice velocities.  Therefore, it appears that 

spatial variability in the characteristics of areally scoured terrain is a result of variation in 

bedrock geology rather than ice flow properties.  Surficial bedrock in the south is primarily 
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composed of Archean gneiss (Garde and Steenfelt, 1999).  Its crystalline properties, lack of 

bedding planes and low joint densities means that when eroded by warm-based ice it is able 

to form “classic” areally scoured terrain, with smoothed surfaces, bedrock bumps, and 

bedrock bedforms, dominated by abrasion, with some plucking (Sugden, 1974, Rea and 

Evans, 1996).  In contrast, surficial bedrock in the north of the region is characterised by low 

grade, horizontally bedded metagreywacke.  This bedrock contains thin bedding planes and 

has high joint densities.  These inherent structural properties have facilitated preferential 

exploitation during periods of warm-based ice cover, promoting the development of 

elongate, blocky bedforms through plucking and abrasion (see Chapter Five for a full 

discussion of the bedforms in the north of the region). 

 

Thus far, the landsystems discussed have been erosional in nature, formed during periods of 

ice advance and retreat.  Areas of lowland terrestrial deposition, not featured in Sugden’s 

mapping of Greenland have been identified here on central Ubekendt and southern 

Nuussuaq, previously mapped as ‘plateau remnant’ and ‘little/no glacial erosion’ 

respectively (Figures 3.1 and 3.4).  These landscapes, though rare, are with respect to time, 

the most recent landscape signals throughout the study region, and are ascribed to the most 

recent deglaciation.  These represent preserved records of ice sheet margin retreat and exist 

in very restricted areas.  The geographical setting of the two areas is very different: a large, 

low altitude saddle (central Ubekendt); and a small valley in the flank of the large Nuussuaq 

Peninsula.  The rarity of these landsystems is a function of the intense regional selective 

linear erosion.  This has left only a few areas of low altitude and relief which are able to 

preserve these depositional landsystems since the LGM.  In contrast, a number of these 

areas exist on the seafloor.  The characteristics of the two areas of lowland terrestrial 

deposition are very different to one another.  The landsystem mapped across the central 

saddle of Ubekendt Ejland presents evidence for ice retreat, and a subsequent readvance.  

Retreat, likely to have been from a LGM position, produced a suite of dissected terminal 

moraines to the west of the island.  This retreat is likely to have been coeval with ice stream 

retreat throughout the Uummannaq region.  Following this, an ice marginal readvance over 

the Ubekendt Ejland saddle overrode the moraine complex, smudging them, whilst also 

depositing a suite of eskers and allowing delta deposition (Figure 3.8).  This readvance could 

have been a result of GS-1 cooling (12.9 - 11.7 kyr b2k), with a drop in air temperatures 

encouraging ice margin advance.  However, this chronological hypothesis remains untested.  

Following this readvance, ice retreated towards Igdlorssuit Sund, exposing the saddle and 

areas of lowland terrestrial deposition.  In contrast, the region of terrestrial deposition on 
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the Nuussuaq Peninsula records a simple valley advance of an ice lobe, depositing a latero-

terminal moraine at its maximum extent.  It is likely that this was deposited during 

deglaciation following the regional LGM.  Despite their differences, both regions mapped as 

lowland terrestrial deposition are grouped as a single landsystem, as they represent ice 

marginal deposition from an ice sheet margin (Benn et al., 2003, Benn and Evans, 2010).  

 

3.5.1.2. Distribution of landscapes dominated by non-glacial landform development 

 

Landscapes of glacial erosion and deposition discussed thus far fit with traditional models of 

ice sheet organisation and thermal partitioning (Hughes, 1995, Kleman and Glasser, 2007).  

However, areas identified as displaying ‘little/no glacial erosion’ by Sugden (1974) were 

found in this study.  These do not directly fit with this model of thermal partitioning.  

Instead these landsystems developed in close proximity to the Greenland Ice Sheet.  The 

immediacy of these areas to active areas of the Greenland Ice Sheet during glacial periods 

makes them of interest, as does their relative rarity throughout Greenland.  These areas are 

characterised by fluvial systems and landscapes showing negligible imprint of glacial activity.  

It is likely that these areas are similar to Greenland’s pre-glacial, fluvially dominated 

topography, but have continued to develop until the present.  Similar regions of pervasive 

ice-free conditions in close proximity to large ice sheets have been reported in areas close to 

the Fennoscandian palaeo-ice sheet (Kleman and Stroeven, 1997, Hattestrand and Stroeven, 

2002), suggesting that though unusual, this is not a unique glaciological situation. 

 

The development of these regions displaying negligible evidence of glaciation is an indirect 

result of selective linear erosion throughout the Uummannaq region.  As well as segregating 

high altitude areas, the UISS has caused large scale landscape abandonment of these areas 

close to the trunk zone of the UISS (Roberts et al., 2013).  Over multiple glacial cycles, the 

highly confluent fjord configuration has drawn ice towards the Uummannaq Trough and 

away from both Svartenhuk and Nuussuaq.  This has left these areas removed from the 

influence of warm-based ice stream or ice sheet ice, leaving them to be colonised by local 

ice-caps.  Though classified as regions dominated by non-glacial landform development, it is 

highly likely that areas of western Svartenhuk and Nuussuaq were covered by small, 

polythermal ice caps, emanating from high ground, independent of the Greenland Ice Sheet.  

Some limited investigation has been carried out into glaciation on the Svartenhuk Peninsula 

and moraines do record a restricted advance of local valley glaciers and ice caps in the 

peninsula’s interior (Laursen, 1944).  More recent research (see this study, Chapter Six) has 
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shown that individual glaciers advanced radially from the centre of the Svartenhuk 

Peninsula during the LGM.  They are thought to have reached the present coastline in the 

south, depositing sediment now found in valley floors (Figure 3.7b).  It is likely that some 

LGM advance occurred in the north of the peninsula but the extent of these glaciers is not 

known.  Therefore the present landscape of the Svartenhuk region, though dominated by 

non-glacial landform development, does contain highly subdued evidence for glacial activity 

and glacial landform genesis. 

 

As has been shown, the majority of the landscape elements throughout the Uummannaq 

region fit with classic models of landscape distribution as a result of ice sheet subglacial 

thermal organisation (Hughes, 1995, Kleman and Glasser, 2007).  The region is dominated by 

the development of troughs and plateaux with sharp lateral boundaries.  This has created an 

area characterised by a mosaic of landscape types, dominated by areas of intense warm-

based erosion and less frequent frozen-bed patches.  The north and south of the system are 

flanked by large ‘non-glaciated’ enclaves that are, likely to have been covered by cold-based 

ice and individual mountain valley and cirque glaciers during glacial periods.  Though the 

precise configuration varies from examples proposed in Kleman and Glasser’s (2007) model, 

these protected areas are seen as large frozen-bed patches bordering the north and south 

of the system. 

 

3.5.2. Geological control upon fjord formation and ice stream onset 

 

The distinct geological setting of the Uummannaq region has also played a critical role in 

determining landsystem distribution and trough morphometry.  The triggering of UISS onset 

is the result of trough development through an interaction between regional first-order 

geology and selective linear erosion.  The relatively sinuous nature of the present inner-fjord 

regions suggests that the routing of outlet glaciers represents a relatively limited 

modification of a pre-glacial valley network (Swift et al., 2008) with selective linear erosion 

causing over-deepening but little lateral erosion or fjord widening. 

 

During full glacial conditions, outlet glaciers throughout the Uummannaq region extended 

beyond their individual fjord confines, coalescing to the east of Ubekendt Ejland, in 

Igdlorssuit Sund (Roberts et al., 2013; Chapter Four).  This formed the trunk zone of the 

UISS, which flowed south and then offshore through the Uummannaq Trough.  The routing 

of the northern UISS trunk zone to the south through Igdlorssuit Sund is indicated by 
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bathymetry to the south of Ubekendt, which display evidence for highly convergent flow 

from the north and the east (Ó Cofaigh et al., 2013b).  Bathymetry north of Ubekendt 

indicates a shallow submarine sill at Qeqertat Imát (Figure 3.2), at the boundary between 

the Cretaceous and Tertiary bedrock.  In conjunction with Ubekendt Ejland, this represents a 

considerable topographic obstacle to ice from the outlet glaciers in the northern UISS, and 

would have forced the majority of the active, fast flowing UISS south, into the Uummannaq 

Trough.  It is likely that a considerable thickness of ice passed through Qeqertat Imat, 

however, due to a shallow sill running through this region, ice is thought to have been 

slower flowing and far less erosive than in the Uummannaq Trough. 

 

This major switch in direction of the northern UISS through Igdlorssuit Sund is a result of 

regional first-order geology.  Igdlorssuit Sund is a large, wide north-south trending trough, 

bounded by the inner fjord system to the east, Ubekendt to the west, and the Svartenhuk 

and Nuussuaq peninsulas to the north and south respectively.  This zone of ice sheet palaeo-

convergence contains no landmasses, and is coincident with the mapped extent of the 

marine mudstones and sandstones (Figure 3.3) (Pedersen and Pulvertaft, 1992, Dam et al., 

2000, Henriksen et al., 2000).  The Cretaceous-Tertiary mudstones and sandstones are more 

vulnerable to erosion than the resistant Archean basement to the east, and the Tertiary 

basalt to the west.  This encourages more effective glacial erosion and fjord widening 

through this region of lithological weakness.  Fjord widening through glacial erosion has 

continued to the boundary with the more resistant Tertiary basalt to the west.  The increase 

in trough cross-sectional area along the flowline of the palaeo-UISS is indicative of a system 

which develops efficient ice flow (Swift et al., 2008), as ice becomes focused into a single 

outlet glacier channel.  This decrease in lateral confinement and increase in ice flow 

efficiency (i.e. concentration of flow into a single fjord) encouraged the drawn-down of ice 

from the inner fjord system, and the establishment of the UISS.  The increase in fjord width 

and accompanying decrease in the number of fjords is a recognised feedback phenomenon 

indicative of a coalescent, efficient, fast flowing system of ice streams (Augustinus, 1992, 

Brook et al., 2004, Swift et al., 2008).  The focusing of flow into a single, wide fjord as 

opposed to several narrow, sinuous fjords provides a larger area for basal sliding.  Basal 

sliding encourages basal melting and focuses meltwater, lubricating large areas of the bed.  

This increases the availability of basal sediment and encourages flow through this region 

(Swift et al., 2008).  This situation is not unique to the Uummannaq region in Greenland.  

Work from the Scoresby Sund regions of East Greenland shows a similar switch from narrow 

sinuous fjords within basement geology to few, wider outlets in downstream, less resistant 



72 
 

bedrock.  Though not fully studied, fjord convergence is a global phenomenon at present 

and past ice sheet margins.  Though little is known about large scale controls upon fjord 

convergence and trough development, it appears that in the Uummannaq region this 

process was facilitated through selective linear erosion and variations in bedrock strength. 

 

In addition to the over-deepened, convergent fjord pattern, Swift et al. (2008) noted a series 

of low-lying areas adjacent to ice streams in East Greenland which displayed few features 

indicative of glacial erosion.  This supports the model of thin, protective cold-based ice cover 

close to large ice streams.  Though not described in detail by Swift et al. (2008), these areas 

appear similar in morphology and palaeo-glaciological setting to the ‘non-glaciated’ regions 

of Svartenhuk and Nuussuaq described in this study (Section 5.1.2.). 

The pattern of first-order geology in the Uummannaq region continues south, to Disko Bugt, 

into which Jakobshavn Isbræ calves.  The long-term landscape response to glacial erosion 

through this region is very similar to that of the Uummannaq fjords, with narrow, sinuous 

inner fjords eroded through basement rock, and wider fjords in the less resistant Cretaceous 

sediment.  However, the precise way in which this has, or has not, affected ice stream 

configuration during glacial periods has not yet been studied.  The evidence suggests that 

lithological variability exerts an important control upon ice stream onset in a number of 

locations throughout Greenland. 

 

3.5.3. The influence of pre-Quaternary landscape processes in glacial landscape evolution 

 

The glaciation and development of the landscape during the Quaternary has been 

overprinted upon a complex regional uplift history (Bonow et al., 2006a, 2006b, Japsen et 

al., 2006).  High altitude plateau surfaces throughout the Uummannaq region (continuations 

of which are present further south) have been identified as remnants of high-level relict 

plateaux surfaces (Bonow et al., 2006a, 2006b, Japsen et al., 2006).  Japsen et al. (2005, 

2006, 2009) proposed the landscape structure in this area of West Greenland to be the 

result of three tectonically driven phases, each made of a period of uplift and subsequent 

erosion to a base level.  This uplift of surfaces to high elevations appears to have been an 

important factor upon long-term landscape development throughout the Uummannaq 

region.  As has been shown, glacial landsystem distribution is dependent upon landsurface 

altitude, meaning that knowledge of the spatial extent and timing of uplift is essential.  The 

erosional landsurfaces recognised on the Nuussuaq Peninsula and further south in Disko 

Bugt are erosional remnants of landmasses uplifted during the Neogene (Japsen et al., 
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2005).  These include an Upper Planation Surface (UPS); a Lower Planation Surface (LPS); 

and a re-exposed early Late Cretaceous etch surface formed in the Archaen basement 

(Japsen et al., 2005, 2006, 2009, Green et al., 2011). 

 

 

 

 

Figure 3.10. Idealised geological profiles taken north to south through the Nuussuaq Basin in 

the Uummannaq region, illustrating the development of the UPS and LPS, and the re-

exposure of the Precambrian etch surface through erosion (adapted from Japsen et al., 

2009).  The timing of the onset of glaciation and selective linear erosion in the region is 

shown within the context of uplift.  Valleys were incised in two stages as a response to 

different phases of uplift (C3 and C4).  Present day valleys are deeply incised to >1000 m 

b.s.l. 
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The highest altitude and oldest surface, the UPS, formed through tectonic uplift beginning at 

33±3 Ma.  It was uplifted to its current altitude (~2000 m a.s.l.) during two distinct uplift 

events at 10.5 ± 0.5 Ma and 4.5 ± 2.5 Ma (Figure 3.10) (Japsen et al., 2009).  This two-stage 

uplift allowed the grading of valleys to new base levels.  Following initial uplift, the UPS was 

incised to the present altitude of ~1000 m a.s.l., forming the LPS.  Consequent uplifting of 

the UPS and LPS at 4.5±2.5 Ma raised them to 2000 and 1000 m a.s.l. respectively (Figure 

3.10) (Japsen et al., 2009).  During their uplift history, fluvial incision of the UPS and LPS was 

spatially widespread, eroding along, and producing further lines, of structural weakness, 

therefore preconditioning the landscape for selective linear erosion (Bonow et al., 2006a, 

Japsen et al., 2006).  It should be noted that the age determination of the surfaces used 

here is reliant upon apatite fission-track analysis (AFTA), the interpretations of which have 

recently been called into question (Redfield, 2010).  Through reanalysis of Japsen’s (2005) 

AFTA data, Redfield (2010) contended that interpretations of uplift occurring in a series of 

distinct phases, exclusively at 10.5±0.5 Ma and 4.5±2.5 Ma were untenable.  Though 

acknowledging that the land in the north of Disko Bugt, including the Nuussuaq Peninsula, 

represents a laterally extensive, high-level landsurface, Redfield (2010) argues that data 

cannot be used to successfully constrain its uplift.   

 

Redfield (2010) instead constrains the uplift of these surfaces to the Late Cretaceous - 

Palaeocene (following the onset of seafloor spreading through Baffin Bay), suggesting a 

portion of the regional uplift took place prior to the Neogene.  In response, Green et al. 

(2011) have stated that, despite these issues and differences in data analysis, original 

interpretations remain accurate.  However, if this alternative interpretation of regional uplift 

history is more viable, and adopted in the future, then slight modifications would be 

required to this proposed landscape evolution model.  In the alternative model (Redfield, 

2010), a large areas of the highest landsurfaces would have been above the limit of warm-

based glacial activity at the onset of regional glaciation (4 -3 Ma).  Though this would have 

an impact upon the level of landsurface modification through glacial activity, the alternative 

interpretations of the data do not alter the model of altitudinally dependent variation in 

Quaternary glacial erosion.  Pre-Neogene uplift would have acted to create conditions which 

allowed this continuum of glacial modification to develop (Figure 3.11). 

 

The influence of these surfaces and their uplift history upon glacial landsystem development 

and distribution has not been previously investigated.  However, the Uummannaq region is 

dominated by selective linear erosion which acts to spatially and altitudinally partition the 
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landscape, meaning that landsurface elevation through time is of great importance.  Based 

upon Japsen et al.’s (2009) uplift model, the UPS would have been at a height of at least 

1000 m a.s.l. at the onset of glaciation in central West Greenland (4-3 Ma).  This would have 

meant the surface would have been above the local equilibrium line altitude (presently 

ranging between 400 - 1850 m a.s.l. (Box et al., 2004)), removing it from the full effects of 

warm-based glaciation during the Late Pliocene/Early Quaternary.  With the onset of 

glaciation and development of selective linear erosion as the main method landscape 

development, these portions of the UPS would have become rapidly relict.  Following their 

separation from the main GIS, they would have been subject to the development of local, 

protective, cold-based ice caps.  In contrast, elements of the landscape lower than 1000 m 

a.s.l. at 4 Ma, such as the LPS, would have been subject to warm-based lowland glacial 

activity, characterised by intense areal scour, focused over low-altitude regions.  Through 

time, the intensity of areal scour acting upon the LPS would have decreased as it was 

uplifted to ~1000 m a.s.l. by the present day (Figures 3.10 and 3.11).  As glaciation 

progressed areal scour would have eroded new low lying areas.  The continuing focusing of 

areal scour into narrow corridors would have led to the rapid development of glacial 

troughs, enhancing the abandonment of the high-level UPS during glacial cycles.  This would 

have left it unmodified and effectively relict throughout much of the Quaternary. 

 

  

 

Figure 3.11. Schematic diagram illustrating the hypothesised landsurfaces present 

throughout the Uummannaq region, their relationship to the region’s glacial history, and the 

resulting landscapes of erosion and deposition.  The landsurfaces are the result of the 

region’s uplift history (Bonow et al., 2006a, Japsen et al., 2006, Green et al., 2011). 
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The uplift of these surfaces, which spans the glacial history of the region, has aided 

landscape partitioning. Since the onset of uplift of the LPS (4.5±2.5 Ma) and glaciation (4 

Ma), fjords of >2000 m have developed (1000 m above sea-level; ~ 1000 m below sea-level).  

This relates to average incision rates of 0.5 mm yr-1 over the period.  This value represents 

an absolute minimum estimate, for a number of reasons: (1) following the onset of 

glaciation (4 Ma), much of the time has been characterised by warm interglacial 

conditions.  During these periods erosion would have been reduced in comparison to 

glacials; (2) during glacial periods, only a small proportion of time would have been 

characterised by widespread warm-based ice conditions (conducive to intense erosion and 

incision). Much of the time during ice sheet build-up and expansion would have been 

instead characterised by cold-based ice conditions.  Both of these factors are difficult to 

accurately quantify, but are likely to increase the average incision rate (during warm-based 

glacial conditions) to >2 mm yr-1. Both of these factors are difficult to accurately quantify, 

but are likely to increase the average incision rate (during warm-based glacial conditions) 

to >2 mm yr-1. This compares with modelled results of erosion rates that range from 3 mm 

yr-1 (Jamieson et al., 2008) to 10 mm yr-1 (Kessler et al., 2008). It should, however, be noted 

that the fjord incision in this study has been driven by periods of uplift (Japsen et al., 2006, 

Bonow et al., 2007) as opposed to the model results. 

 

Recent work from western Scandinavia has investigated the erosional history of the 

glaciated landscape (Steer et al., 2012).  Their analysis of sediment volumes offshore of the 

Scandinavian coastline demonstrated that only 35-55% of the sediment can be explained by 

highly focused fjord erosion.  The remaining 45-65% of sediment therefore must have been 

formed through erosion of high-level surfaces now containing plateau ice-fields.  This 

therefore means that these surfaces have experienced extensive glacial processes, with 100 

– 400 m of erosion from these surfaces (Steer et al., 2012). This is in contrast to previous 

work suggesting that selective linear erosion has been the overwhelming landscape modifier 

in western Scandinavia.  This is also in contrast to research from this study, which 

hypothesised that high-elevation surfaces experienced minimal modification by glacial 

activity.  However, the uncertainties regarding the uplift history of the region makes it 

difficult to ascertain the full extent of erosional lowering of these higher level surfaces. 

 

As discussed previously, the appearance of areally scoured terrain throughout the 

Uummannaq region is highly variable, differing with bedrock geology.  The areally scoured 

topography in the south of the Uummannaq region is similar in morphology to the 
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weathered gneissic etch surface identified in Disko Bugt (Bonow et al., 2006b).  This surface 

is characterised by bedrock roches moutonnées, tors, and clefts which have been exhumed 

from overlying rocks (Bonow et al., 2006b).  It appears likely that the Archean etch surface 

found in Disko Bugt is also present in the southern half of the Uummannaq region.  This has 

been exposed by fluvial and glacial processes which were triggered by Neogene uplift.  In 

contrast, surficial geology in the northern part of the Uummannaq region is characterised by 

the Palaeoproterozoic Nukavsak formation (Steenfelt et al., 1998), which overlies the buried 

etch surface.  Some outcrops thought to be an expression of this etch surface were seen on 

the borders of Rink Fjord, however, their exposure is very limited. 

 

Though clearly glacially modified, Bonow et al. (2006b) argue that the landforms developed 

in the Disko Bugt etch surface have inherited their first-order morphology from the deeply 

weathered Archean surface, proposing that, once re-exposed, this ‘hilly relief’ has been only 

slightly glacially altered to produce areally scoured terrain.  This interpretation has 

important implications for the proposed formation processes of areally scoured terrain both 

in southern Uummannaq, and in other formerly glaciated areas.  Though the presence of a 

hilly palaeo-surface is unlikely to be a pre-requisite for ‘knock and lochan’ style terrain, 

Bonow et al.’s (2006b) hypothesis means that bedrock structure is an important control 

upon bedform development.  This is in agreement with work that suggests that bedrock 

structure exerts a strong control upon bedform morphology in areas of areal scour 

(Lindstrom, 1988, Roberts et al., 2009, Krabbendam and Glasser, 2011; Chapter Five, this 

study).  This is validated by evidence from this study (see Chapter Five), in which bedrock 

lithological variability controls bedform morphology (Figures 3.6c and 3.9d).  However, 

though our understanding of the importance of bedrock structure upon bedform 

morphology is progressing, knowledge of palaeo-surfaces and their impact upon bedform 

development is lacking. 

 

The preservation of the etch surface throughout the Uummannaq region is a result of 

differential glacial modification.  Areas at low elevations (below 400 m a.s.l.) are more highly 

modified that those at higher elevations (1000 m a.s.l.) due to the duration of ice cover, ice 

thicknesses, and the intensity of glacial scour.  Low elevation surfaces bordering fjords are 

ice covered for longer periods, and by thicker ice than those at higher elevations.  Therefore 

erosion is far more intensive, allowing the production of well streamlined bedforms 

(Roberts and Long, 2005), such as those seen between Store Gletscher and Ikerasak.  
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Conversely, areas of high elevation areal scour are less frequently subjected to glacial 

action, and are less heavily scoured as ice cover is thinner. 

 
 
3.6. Conclusion 
 

New high resolution mapping from remote sensing and field observations has been 

undertaken throughout the Uummannaq region in order to classify its glacial and non-glacial 

landscapes.  The Uummannaq region is characterised by a patchwork of glacial landsystems, 

formed over several million years through glacial erosion of contrasting intensity.  The broad 

pattern of landscape distribution fits with accepted models of ice sheet subglacial thermal 

organisation, and is dominated by corridors of intense selective linear erosion.  Through 

time, over-deepening of a coalescent fjord system has created conditions ideal for the 

development of the UISS during glacial periods.  High-level areas are relict from warm-based 

glacial activity and have been protected under cold-based ice fields.  Due to the intense 

draw down of coalescent ice into the Uummannaq Trough, areas peripheral to the UISS 

trunk zone were starved of active ice sheet ice, and instead were protected by cold-based 

and poly-thermal ice fields during glacial periods. 

 

Switches in first-order geology through the region have led to an increase in fjord width in 

the outer fjord region, which is indicative of an efficient fjord system.  This has encouraged 

outlet glacier convergence, promoted fast ice flow, and ultimately led to UISS onset.  A 

similar geological control upon ice stream system onset has been reported from other areas 

of Greenland, suggesting that the transition from resistant to less-resistant geology is a key 

factor in producing large areas of ice streaming.  Through integration of previously 

developed tectonic uplift models with the known onset of glaciation in West Greenland, it 

has been possible to develop our understanding of the impact of uplift upon glaciation.  

Since the onset of glaciation (4-3 Ma), the UPS would have been above the lower limit of 

warm-based glacial erosion, therefore sustaining minimal glacial modification.  The impact 

of glacial erosion upon the LPS has decreased through time, as further uplift events 

increased its altitude.  Areas lower than 1000 m a.s.l. have remained within the limit of 

warm-based glacial activity, and display evidence of extensive glacial modification.  

Combined, these processes of long-term uplift, glacial erosion and protection, and spatial 

variability in erosion intensity have produced a highly partitioned landscape.  As a result of 

these processes, there exists a modification continuum between highly modified trough 

floors, and well preserved plateaux surfaces on the UPS.  As outlined above, these are 
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separated by a series of other surfaces (LPS, high-level etch surface, low-level etch surface) 

which display increasing levels of modification.  This study has developed a model to 

integrate the hypothesised variations subglacial thermal regime, uplift history, and regional 

first order geology.  This provides an important development for explaining glacial 

landsystem distribution throughout this region. 
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CHAPTER FOUR 

Ice stream dynamics during the last glacial maximum in the northern sector of the 

Uummannaq Ice Stream System, West Greenland 

 

Abstract 

 

The Uummannaq ice stream system (UISS) was a convergent cross-shelf ice stream system 

that operated in West Greenland during the Last Glacial Maximum (LGM). This chapter 

presents new evidence to constrain the geometry and evolution of the northern sector of 

the UISS and considers the factors controlling its dynamic behaviour. Geomorphological 

mapping, terrestrial cosmogenic nuclide (TCN) exposure dating, and radiocarbon dating 

constrain LGM warm-based ice stream activity in the north of the system up to 1400 m a.s.l.  

Intervening plateaux areas either remained ice free, were covered by cold-based icefields, 

or by thin ice-sheet ice.  Beyond the outer fjords, topography forced ice flow southwards 

into the Uummannaq Trough, where it coalesced with ice from the south, and formed the 

trunk zone of the UISS. 

  

Deglaciation of the UISS began at 14.9 cal. kyr BP.  Rapid retreat from the LGM limit was 

forced by an increase in air temperatures and rising sea-level, enhanced by the bathymetric 

over-deepening of the Uummannaq and Igdlorssuit Sund troughs.  Ice reached the present 

fjord confines in northern Uummannaq area by 11.6 kyr and experienced an ice marginal 

stabilisation in Rink-Karrat Fjord until 6.9 kyr. It remained stable due to topographic 

constriction and bathymetric shallowing despite high air temperatures and oceanic 

warming.  In the neighbouring Ingia Fjord, and Store Gletscher to the south, this did not 

occur.  Following this period of stability during the Holocene Thermal Maximum, ice within 

Rink-Karrat Fjord retreated, reaching approximately the present ice margin after 5 kyr, 

during the Neoglacial.  The presence of a major ice stream within a mid-fjord setting during 

the mid-Holocene is in direct contrast to records of other ice streams throughout West 

Greenland, which suggest ice had retreated beyond its present margin by 9-7 kyr.  This 

demonstrates the potential importance of topographic control on calving margin stability, 

and its ability to override climatic forcing. 
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4.1. Introduction and rationale 

Large ocean terminating outlet glaciers play a vital role in moderating the behaviour of 

Greenland Ice Sheet (GIS), as indicated by recent rapid changes in outlet glaciers dynamics 

(e.g. Howat et al., 2007, 2008, 2011, Rignot et al., 2011, Thomas et al., 2009, 2011, Joughin 

et al., 2012).  These current changes are typified by marginal thinning and increased 

discharge via calving (Howat et al., 2007) and  dynamic outlet glacier behaviour has been 

closely linked to increases in air and ocean temperature, though a widely applicable 

causative process is yet to be understood (Thomas, 2004, Howat et al., 2008, Nick et al., 

2009, Vieli and Nick, 2011). This lack of process understanding, and short record of glacier 

behaviour (<20 years) makes accurate prediction of outlet glacier response in a changing 

climate challenging.  In order to provide a longer-term record of outlet behaviour, recent 

work has focussed on understanding of large ice streams and their influence upon the 

Greenland Ice Sheet (GIS) over thousand year timescales.  New constraints upon ice stream 

extent, thickness, and deglacial behaviour from the Last Glacial Maximum (LGM) to present 

have been established since the early 2000’s both onshore (Bennike and Bjorck, 2002, 

Hakansson et al., 2007a, 2009, Roberts et al., 2008, 2009, 2010, 2013) and offshore (Ó 

Cofaigh et al., 2004, 2013a, 2013b, Evans et al., 2009, Bauer, 1968), and these have provided 

evidence for the existence of large ice streams across the West, Northeast and East 

Greenland continental shelves throughout the LGM (Lykke-Andersen, 1998, Ó Cofaigh et al., 

2004, 2013a, Evans et al., 2009, Bauer, 1968). 

 

In Greenland, it is thought that large ice streams developed through the coalescence of 

individual outlet glaciers in fjord settings in the coastal zone resulting in convergence and 

flow onto the continental shelf.  These large-scale, coalescent ice streams systems are likely 

to have dominated drainage from the GIS throughout Quaternary glaciations particularly in 

favourable topographic or geological settings (Swift et al., 2008, Roberts et al., 2010, 2013).  

Based upon the presence of cross-shelf submarine troughs, it has been hypothesised that six 

such palaeo-ice stream systems controlled West GIS behaviour during the LGM and previous 

glacial periods (Roberts et al., 2010).  Despite the increase in research, evidence of ice 

stream activity from these regions is often fragmentary and thus far few studies have been 

unable to provide complete on and offshore reconstruction of LGM to present ice stream 

behaviour.  Due to their hypothesised size, ice flux, and number, ice streams of this scale 

must be understood in order to accurately reconstruct ice sheet configuration during 
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previous glacial periods and to understand ice sheet interactions with sea-level, climate, and 

topography. 

 

This paper presents evidence from the northern sector of the Uummannaq Ice Stream 

System (UISS), central West Greenland.  The aims of this paper are: (i) to present new 

terrestrial geomorphological and geochronological evidence from the northern sector of the 

UISS, in order to reconstruct its LGM geometry and subsequent evolution; (ii) to use these 

data in conjunction with evidence from offshore and the southern sector of the UISS to 

understand shelf-wide ice stream  dynamics during deglaciation. 

 

 

 

Figure 4.1. Topographic and bathymetric overview of the Uummannaq region, with key 

locations marked.  Note the higher average altitude of land masses in the north of the 

region, and the shallow Qeqertat Imát north of Ubekendt Ejland, in comparison to the deep 

Uummannaq Trough.  Bathymetric depths are solely from IBCAO data (Jakobsson et al., 

2008). 
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Figure 4.2.  Map of the Uummannaq region showing dominant bedrock geology (adapted 

from Steenfelt et al., 1998.  The three distinct geological regions (A, B, and C) can be seen, 

separated by north to south trending faults (adapted from Steenfelt et al., 1998). 

 

4.2. The Uummannaq Region 

 

4.2.1. Topography and geology 

 

The Uummannaq region covers an area of ~25,000 km2 and is highly mountainous, with 

summits reaching >2000 m a.s.l. (Figure 4.1).  The region is bounded to the north and south 

by the peninsulas of Svartenhuk and Nuussuaq respectively (Figure 4.1).  These landmasses 

form large topographic barriers, which confines the flux of ice and water from the inner 

Uummannaq region through the narrow passages to the north and south of Ubekendt 

Ejland.  Within this landscape, the regional-scale topography is characterised by a series of 

deep coalescent fjords, broadly running east to west (Figure 4.1).  The fjord heads are 

occupied by marine-terminating outlet glaciers which drain the central west GIS.  The fjords 
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Figure 4.3. Geological map of the northern Uummannaq region, showing Rink, Karrat, and Umiámáko Fjord (Henderson and Pulvertaft, 1987b).  

8
4
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are of variable depth, with the majority reaching at least 500m, and some reaching over 

1100 m, and are interspersed with numerous sills and areas of localised shallow bathymetry. 

 

Central West Greenland currently has the highest concentration of outlet glaciers in 

Greenland (Reeh, 1985, Velicogna and Wahr, 2006).  The Uummannaq region contains 11 

major outlet glaciers of varying size and discharge, the largest of which are Rink Isbræ in the 

north and Store Gletscher in the south.  Respectively these drain 10.5-16.7 km3 a-1 and 13.2-

17.5 km3 a-1 of ice that is calved into the ocean (Table 4.1) (Bauer et al., 1968, Carbonnell 

and Bauer, 1968, Rignot and Kanagaratnam, 2006). Variability in subglacial topography, 

width, and drainage basin size is reflected in the variable ice flux they produce.  Subglacial 

ice sheet topography in areas south of Kangerdlugssup Sermia (Figure 4.1) is typically <700 

m a.s.l. (Bamber et al., 2001).  However, the northern part of the Uummannaq region is 

bounded by an extensive subglacial mountain range at ~72°N (Bamber et al., 2001).  The 

topography of this area is >900 m a.s.l., and this high terrain persists for at least 200 km 

inland, partially restricting the influx of ice from the north into the northern Uummannaq 

region.  The geology of the region is characterised by three distinct geological areas, 

separated by north to south orientated faults (Figure 4.2).  The east of the region is 

underlain by Precambrian gneisses (Archean orthogneisses - ~2800 Ma), and forms the inner 

fjords (Garde and Steenfelt, 1999) (Figures 4.2 and 4.3).  These are overlain by 

Palaeoproterozoic sediments (~2000 Ma) in the north (Kalsbeek et al., 1998, Bonow et al., 

2007).  The centre of the region is formed of Cretaceous-Tertiary marine mudstones and 

sandstones (Pedersen and Pulvertaft, 1992, Dam et al., 2000, Henriksen et al., 2000). Finally, 

to the west are a series of Palaeocene basalts (61-52.5 Ma), which lie on- and offshore, 

forming Ubekendt Ejland, Svartenhuk, and the western half of Nuussuaq (Henriksen et al., 

2000). 

 

4.2.2. Current palaeo-glaciological understanding of the Uummannaq system 

 

Until recently, the glacial history of much of the Uummannaq region was poorly known, with 

previous work showing the Uummannaq region to be dominated by intensely focused 

selective linear erosion and areally scoured terrain, with smaller isolated occurrences of 

valley glaciers and cold-based ice caps (Sugden, 1974).  A number of small, latero-frontal 

moraines were previously mapped (Henderson and Pulvertaft, 1987b), thought to relate to 

historical advances of local valley and mountain glaciers.  Based upon moraines, trimline 
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elevations, and blockfields in the Svartenhuk region, a reconstructed LGM ice sheet ice 

thickness of 450 m a.s.l. was proposed for the northern Uummannaq region (Kelly, 1985), 

suggesting that ice reached just beyond Ubekendt Ejland.  This estimate is considerably 

lower than reconstructed LGM ice thicknesses in other areas of West Greenland which are 

>750 m a.s.l. (Rinterknecht et al., 2009, Roberts et al., 2009).  Based upon the convergent 

fjord system, and densely clustered outlet glaciers, it has recently been proposed that the 

region hosted a large ice stream system (the UISS) during the LGM (Ó Cofaigh et al., 2013a, 

2013b, Roberts et al., 2013).  The UISS extended to the continental shelf edge at the LGM, 

depositing sediment on the outer shelf, at a trough mouth fan.  This is supported by 

offshore bathymetry which displays evidence for a deep (>600 m) trough, containing 

ubiquitous, elongate bedforms indicative of fast flowing ice (Ó Cofaigh et al., 2013b).  

Roberts et al. (2013) proposed the UISS to be formed of three component parts: (1) a zone 

of individual outlet glaciers, present within a highly convergent fjord pattern; (2) a confluent 

onset zone at the head of the Uummannaq Trough (southeast of Ubekendt Ejland), where 

individual outlet glaciers coalesced, triggering UISS onset; and (3) a single channel ice stream 

flowing offshore to the shelf edge. 

 

Geomorphological data, surface exposure ages, and modelling have demonstrated that at 

the LGM the UISS ice reached a minimum of 1266 m a.s.l. in fjord head regions throughout 

the south of the Uummannaq region (Roberts et al., 2013), at least double that of earlier 

estimates from the northern Uummannaq region (Kelly, 1985).  Initial retreat from the 

Uummannaq trough mouth fan was underway by 14.9 cal. kyr. BP (Ó Cofaigh et al., 2013b), 

reaching the outer fjords by 11.4 kyr, and the present southern fjord margins by 8.7 kyr 

(Roberts et al., 2013).  This retreat is thought to have been driven by rising eustatic sea-level 

following the LGM and air temperatures, the influx of warmer oceanic water, and 

topographic pinning throughout the inner fjords (Ó Cofaigh et al., 2013b, Roberts et al., 

2013).  Despite this new chronology for the southern UISS, the glacial history of the 

northern Uummannaq region remains largely constrained by a single radiocarbon date on 

eastern Svartenhuk, indicating deglaciation at 10.5 cal. kyr BP (Bennike, 2000).  As a result, 

the response of the GIS in the northern Uummannaq region to climate forcing, and its 

relationship to the southern sector remains unknown. 
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4.2.3. Northern Uummannaq region 

 

The northern sector of the Uummannaq region includes fjords containing the outlet glaciers  

Ingia Isbræ, Umiámáko Isbræ, Rink Isbræ, and Kangerdlugssup Sermerssua which discharge 

ice to the north of Ubekendt Ejland, into Igdlorssuit Sund (Figure 4.1).  During the LGM and 

previous glaciations, these outlet glaciers would have extended beyond their outer fjord 

confines, becoming confluent to the northeast of Ubekendt Ejland (Roberts et al., 2013).  

Bathymetric data indicates a shallow sill to the north of Ubekendt Ejland (water depths of 

<100 m).  This would have significantly reduced ice flow between Svartenhuk and Ubekendt 

Ejland (Roberts et al., 2013), instead forcing ice southwards into Igdlorssuit Sund.  Here it 

would have become coalescent with ice from the southern Uummannaq region, and flowed 

offshore into the Uummannaq Trough (Roberts et al., 2013). 

 

Fjord Name 
Mouth 

location 
Snout 

location 
Orient 

(°) 
Length 

(km) 

Width 
at SL 
(km) 

Plateau 
height 

(m a.s.l.) 

Max. 
water 

depth (m)a 

Max ice 
flux (km3 

yr-1)b 

Northern 
Fjords         

Ingia Fjord 
71.73°N 
53.32°W 

72.00°N 
52.70°W 

213.4 38.5 4.5 1444 - 1.1 

Rink-Karrat 
Fjord 

71.40°N 
53.07°W 

71.73°N 
53.65°W 

238.1 63.6 6.2 1791 1108 11.8 

Kangerdlug. 
71.38°N 
53.00°W 

71.45°N 
51.83°W 

263.2 61.7 4.2 1894 570 2.4 

Southern 
Fjords         

Kangerdlua. 
71.13°N 
52.30°W 

71.25°N 
51.52°W 

245 34.9 5.7 1671 770 0.3 

Perdlerjiup 
Kangerdlua 

71.05°N 
52.00°W 

70.98°N 
50.95°W 

282 42.5 5.5 1388 1246 1 

Itivdliarssup 
Kangerdlua 

70.98°N 
51.97°W 

70.80°N 
51.00°W 

302.1 42.5 5.6 1332 844 7.6 

Sermigdlip 
Kangerdlua 

70.7°N 
51.52°W 

70.62°N 
50.63°W 

291.5 38.2 4.4 1180 1287 2.6 

Qarajaqs 
Isfjord 

70.68°N 
52.28°W 

70.37°N 
50.60°W 

302.7 75.4 6.9 1308 956 17.8 

aData from GEBCO_08 Grid and Hareø-Prøven bathymetric charts 
bData from (Bauer et al., 1968, Carbonnell and Bauer, 1968, Rignot and Kanagaratnam, 
2006) 
Table 4.1.  Fjord locations, characteristics and outlet glacier ice flux throughout the 

Uummannaq region.  Outlet glacier locations are identified in Figure 4.1 

 

This study focuses upon two fjords in the northern Uummannaq region, Rink-Karrat Fjord 

(including Rink Fjord, Karrat Fjord, and Umiámáko Fjord), and Ingia Fjord (see Figures 4.1 

and 4.4).  The fast-flowing outlet Rink Isbræ drains into the head of Rink-Karrat Fjord and is 
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the highest discharging outlet glacier in the northern Uummannaq region. Rink Fjord is 

joined by Umiámáko Fjord and becomes Karrat Fjord.  Rink-Karrat Fjord is a 6-10 km wide, 

over-deepened glacial trough, with depths reaching 1200 m close to the present ice margin.  

Water depths decrease to <680 m south of Karrat Island, and reach a shallow sill at <200 m 

north of Karrat Island.  The fjord is bounded to the north and south by mountainous terrain 

and plateaux up to 2000 m a.s.l., with near-vertical fjord walls.  High-level surfaces foster 

small icecaps, icefields, and individual cirque and valley glaciers.  Ingia Fjord is a narrow (3-6 

km wide) fjord into which Ingia Isbræ calves, with a discharge of 1.1 km3 yr-1, an order of 

magnitude less that Rink Isbræ (10.5-16.7 km3 yr-1; Rignot and Kanagaratnam, 2006).  Fjord 

walls are near vertical, and land surfaces between fjords contain high-level dissected 

plateaux ice fields up to 2000 m a.s.l.  Fjord depths through Ingia Fjord are currently 

unknown. 

 

4.3. Methods  

 

4.3.1. Geomorphological mapping 

 

Initial geomorphological mapping was carried out using 1:50,000 topographic maps, 

geological maps (Henderson and Pulvertaft, 1987a, Henderson and Pulvertaft, 1987b), 

1:150,000 aerial photographs (Kort and Matrikelstyrelsen) and ASTER GDEMs.  Ground-

truthing was carried out in the Northern Uummannaq region (Figure 4.1), where features of 

glacial erosion were mapped in order to allow palaeo-ice flow reconstructions (Glasser and 

Warren, 1990, Roberts and Long, 2005).  Erosional forms mapped and noted include small-

scale friction cracks (Harris Jr, 1943), striae (Boulton, 1974a, Iverson, 1991, Benn and Evans, 

2010), and p-forms (Dahl, 1965).  Measurement of their orientation can be used to interpret 

former ice-flow directions.  Large-scale features of glacial erosion mapped included roches 

moutonnées (asymmetric bedrock protrusions with abraded stoss faces and plucked lee 

faces) (Sugden et al., 1992b, Benn and Evans, 2010) and whalebacks (symmetrical bedrock 

features with abraded stoss and lee faces) (Sugden and John, 1976, Evans, 1996a). 

 

Moraines and trimlines were mapped in order to both constrain glacier geometry.  Ice-

marginal moraines are depositional features, recording the former margins of glaciers, and 

are found as end and lateral moraines (Benn and Evans, 2010).  End moraines develop at the 

glacier snout, representing terminal (the maximum limit of glaciation) and recessional 
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(forming from ice-front stability or readvance during retreat) features.  In this study, 

moraines were identified in the field based upon their position, and arcuate form. 

 

Trimlines are boundaries which mark the maximum altitude to which glacier ice has eroded 

a hillslope (Ballantyne and Harris, 1994).  In the field, trimlines were seen as mountain-side 

boundaries between glacially scoured bedrock (displaying the small- and large-scale features 

of glacial erosion mentioned above) and higher-altitude frost weathered detritus.  The 

boundary itself can be distinct (change over several metres), or more gradual (change over 

several tens of metres), depending upon effectiveness of glacial erosion and mass-

movement processes following trimline formation (Thorp, 1981, Ballantyne, 1997).  

Trimlines have a long history of study (Sollid and Sørbel, 1979, Nesje and Dahl, 1990, Nesje 

and Sejrup, 1988), and thought to relate to the upper palaeo-ice surface, or an englacial 

thermal boundaries (Fabel et al., 2012).  This geomorphological mapping allowed regional 

ice thicknesses to be calculated (e.g. Kelly, 1985, Roberts et al., 2009).  Glacial, periglacial, 

and fluvial landforms were mapped using a Garmin GPS 60, to accurately represent their 

form, length and profile (horizontal error of ±5 m, elevation error of ±5-10 m).  Bathymetric 

estimates are derived from the local Hareø-Prøven bathymetric charts. 

 

4.3.2. Terrestrial cosmogenic nuclide (TCN) dating 

 

4.3.2.1. Rock sampling for terrestrial cosmogenic nuclide dating 

 

Samples were taken for TCN dating from bedrock and erratic boulders at a variety of 

altitudes in order to constrain LGM ice stream geometry (Fabel et al., 2012).  Bedrock 

samples were taken from areas displaying clear evidence of glacial erosion (e.g. roches 

moutonnées or whalebacks), or from surfaces displaying striae or glacial polish to minimise 

the likelihood of cosmogenic inheritance (Gosse and Phillips, 2001).  Samples from erratic 

boulders were taken when the boulder demonstrated clear evidence of subglacial erosion 

(i.e. edge rounded appearance, with no sharp edges, striated).  Samples for surface 

exposure dating of boulders from moraines can suffer a series of issues, including 

remobilisation and exhumation (Putkonen and Swanson, 2003).  As a result they were 

largely avoided.  Where possible, vertical sample transects were taken at altitudinal 

intervals of 100 m in order to provide an upper limit on warm-based ice.  Samples returning 

ages younger than the LGM (<24 ka) suggest that erosive warm-based ice was active at that 

location during the LGM.  Ages older than >24 ka would suggest warm-based, erosive ice 
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was not active at that sample location during the LGM.  These ages mean that either: (a) the 

sample location remained exposed as a nunatak during the LGM; or (b) the sample was 

covered by unerosive, cold-based ice during the LGM (if dual isotope samples suggest a 

complex burial-exposure history).  A vertical sample transect was achieved on Karrat Island, 

with samples across the island (KA2, 9, 10, 11, 15, 17, 18, 19), and partially achieved in inner 

Rink Fjord (KA3, 20, 23).  However, though samples were taken, this transect was limited by 

the number of dates available to process.  In order to create a deglacial chronology, samples 

were also taken in a flow parallel transect from Karrat Island to the present margin of Rink 

Isbræ.  In order to date features indicative of major ice marginal events (e.g. moraines), 

samples were taken from abraded terrain either side of the feature.  Due to the low-relief 

nature of moraines throughout the fjord, and the absence of crestline boulders, no boulder 

samples were taken from moraines.  Samples were collected using a Stihl TS400 disc cutter 

and sampling procedures followed Gosse and Phillips (2001) and Roberts et al. (2008, 2013). 

 

4.3.2.2. Terrestrial cosmogenic nuclide sample preparation 

 

The sample preparation and 10Be/26Al measurement procedures used in this study are 

described in detail in by both Wilson et al. (2008) and Ballantyne et al. (2009).  A 250 μg Be 

was added as a carrier to each sample in this study. Inherent Al concentrations in quartz 

were determined with an ICP-MS at the NERC Cosmogenic Isotope Analysis Facility (CIAF), 

with a relative standard uncertainty of 3%.  An aluminium carrier was added to samples so 

that 2 mg Al per sample was reached.  Samples KA12, KA16 and KA24 did not yield enough 

quartz to be processed for both 10Be and 26Al measurement.  As a result, these are not 

included. 

 

4.3.2.3. 10Be and 26Al measurements and exposure age calculation 

 

The measurement procedures at the NERC AMS laboratory are described in detail in Maden 

et al. (2007) and Roberts et al. (2008).  10Be/9Be and 26Al/27Al ratios were measured with the 

5MV NEC Pelletron accelerator mass spectrometer at the SUERC, as part of a routine Be and 

Al runs. 10Be and 26Al concentrations are based on 2.79 · 10−11 10Be/Be and 4.11 · 10−11 26Al/Al 

ratios for NIST SRM4325 and Purdue Z92-0222 standard respectively (see Dunai and Stuart, 

2009).  Exposure ages were calculated using the CRONUS-Earth online calculator (Balco et 

al., 2009, 2008) (Calibration data set name: North-eastern North America. Calibration 

wrapper version: 2.2-cal-dev. Objective function version: 2.2-dev. Age calculation version: 
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2.1. Muon calculation version: 1.1. Constants version: 2.2), to get ages based on a sea-level 

high-latitude production rate of 3.98±0.24 atoms g-1 yr-1 for the ‘St’ scaling scheme, 

according to for Briner et al. (2012).  See Roberts et al. (2013) for a full description of this 

procedure. Attenuation correction for sample thickness uses an attenuation length of 160 g 

cm-2. Topographic shielding correction is determined using the ratio of the production rate 

at the obstructed site to the production rate at a site at the same location and elevation, but 

with a flat surface and a clear horizon (Gosse and Phillips, 2001, Balco et al., 2008).  The 

exposure ages are not corrected for past geomagnetic field variations. Including a simple 

palaeomagnetic correction (Nishiizumi et al., 1989) results in ages ~ 1% older ages than 

presented for the samples with an exposure age of ~ 10 kyr. Age determinations include a 

correction for atmospheric pressure related to the altitude, latitude and longitude according 

to the mean global surface atmospheric pressure field of the NCEP-NCAR re-analysis 

(www.cdc.noaa.gov/ncep_reanalysis/), but assume the standard atmosphere for 

geographical scaling of the production rate.  

 

Paired 10Be and 26Al analysis was carried out on several samples (KA1-6) in order to test for 

complex exposure and shielding histories from high elevations (Gosse and Phillips, 2001).  

26Al/10Be concentration ratios are not depleted with respect to surface production rate 

ratios within a one-sigma, and there is approximate concordance in 26Al and 10Be ages.  All 

TCN ages are given in thousands of years (kyr), meaning thousands of years before sample 

collection; AD 2010 (Balco et al., 2008). TCN data is presented following the guidelines 

outlined by Dunai and Stuart (2009), in order to allow the use of this data in the future.  

 

4.3.3. Lake coring 

 

A number of lakes > 2.5 m deep were identified from aerial photographs and chosen as 

targets for sediment coring.  An initial series of cores were taken in order to establish the 

lake stratigraphy.  Core samples to be used for laboratory analysis were taken using Russian-

type (50cm) and Eijkelkamp Beeker-type (100cm).  A Geotek Multi Sensor Core Logger 

(MSCL) was then used to record core properties.  Linescan images were recorded using the 

MSCL’s line scan camera.  Magnetic susceptibility was measured using a Bartington point 

sensor (MS2E), and gamma density was measured using a Cs137 source. 
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4.3.4. Radiocarbon dating 

 

Material for radiocarbon dating was sub-sampled from lake cores in Karrat Lake and Ingia 

Lake.  Radiocarbon analysis was carried out by the NERC Radiocarbon facility (samples KAL1 

and INL1).  Results presented have been corrected to δ13C VPDB‰ -25 using δ13C values 

measured for each sample.  The δ13C values were measured on a dual inlet stable isotope 

mass spectrometer (Thermo Fisher Delta V) and represent the δ13C in the original, pre-

treated sample material.  InL1 was composed of plant macrofossils and KA1 and SV1 of lake 

gyttja.  Samples KAL1 and INL1 were sampled from above the contact with lower 

minerogenic clays and overlying organic lake gyttja in their respective cores. Radiocarbon 

ages are presented as a 2σ range of calibrated years before present (cal. yrs BP).  Ages were 

calibrated using OxCal 4.2 and the IntCal09 calibration curve.  The lakes samples do not lie 

within a carbonate catchment, and as such no reservoir correction was applied. 

 

4.3.5. Bayesian analysis of deglacial chronology 

 

In order to rigorously constrain the deglaciation of the northern UISS, Bayesian statistics are 

applied.  This approach allows the integration of multiple pieces of chronological 

information, combining them in a probabilistic nature (Bronk Ramsey, 2008).  This 

incorporates a series of pieces of chronological data, each with information about the 

distance from present ice margin (or more conventionally, depth down a sedimentary 

profile).  Through Markov Chain Monte Carlo (MCMC) sampling, this forms a probability 

distribution of dates through the sequence (Gilks et al., 1995, Bronk Ramsey, 2009), 

expressed as age cumulative probability functions, representing the likelihood of each 

sample’s age (Bronk Ramsey, 2009).  Bayesian analysis of chronological sequences has 

widely been used to provide coherent frameworks for radiocarbon dates through 

sedimentary sequences (Gilks et al., 1995, Bronk Ramsey, 2009), however, it is not 

commonly used for constraining a deglacial chronology (Chiverrell et al., 2013).  Despite this, 

the principles of constraining a deglacial transect are similar to a sedimentary sequence, 

with distance from present ice margin substituted for depth through a profile.  Their age 

probability distribution can therefore be used with their “stratigraphic” position (i.e. 

distance from ice margin) to constrain the age model.  For this study, a Poisson Sequence 

has been used, as it allows for flexibility, permitting the depositional/retreat process to be 

inherently random (Bronk Ramsey, 2008), though with a given position for each age. 
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4.4. Results 

 

Results are presented by fjord location: Rink-Karrat Fjord; and Ingia Fjord (Figure 4.4).  Due 

to the complexity of the data from Rink-Karrat Fjord, this has been subdivided into four 

geographically distinct regions within the fjord: Inner Fjord; Qeqertarssuaq; Nuugaatsiaq; 

and Karrat Island (see Figure 4.4).  Chronological results are presented in Figure 4.5. 

 

4.4.1. Rink-Karrat Fjord: inner fjord 

 

4.4.1.1. Geomorphology 

 

In the inner fjord areas below 700-800 m a.s.l. are dominated by intense areally scoured 

terrain, displaying ubiquitous features of glacial erosion (roches moutonnées, p-forms, striae 

and glacially abraded surfaces) (Figures 4.4, 4.5a, and 4.5c).  A poorly developed moraine 

was identified at ~740 m a.s.l., formed of sub-angular gravel with abundant erratic quartzite 

material (Figure 4.5b).  Two sets of small (6-10 m in width, 2-4 m high, and at least 500 m in 

length), poorly developed lateral moraines were mapped on the spur between Rink and 

Umiámáko Fjords (Figure 4.6).  Moraines record ice activity within Rink Fjord (R1 – R3, 

Figures 4.5d and 4.6), and are found running sub-parallel to one another, between 366 and 

235 m a.s.l.  The second set (Um1 – Um3) lies directly on the spur between the two fjords, 

running obliquely downhill from 192 to 137 m a.s.l. (Figure 4.6).  All moraines are formed of 

coarse, sub-angular to sub-rounded diamictic material, comprising both local and erratic 

lithologies.  No continuations of these moraines were observed in Umiámáko Fjord, 

probably due to the near vertical relief of the fjord walls.  Striae mapped from bedrock 

surfaces below 400 m a.s.l. are sub-parallel to macro-scale fjord topography, recording ice 

flow northeast to southwest (Figure 4.5a).  Striae directions from between Rink and 

Umiámáko Fjord show evidence for cross cutting flow across the spur, likely reflecting 

differential response of each margin during deglaciation.  Above 800 m a.s.l., areal scour 

transitioned into heavily weathered and frost shattered bedrock.  Surfaces between 1000 

and 1400 m a.s.l. are dominated by frost shattering, but a number of small (<10m2) flat, 

bedrock outcrops were found, displaying evidence for glacial abrasion (Figure 4.5e).  Above 

1400 m a.s.l., intact in-situ bedrock blocks become very rare, and the land surface 

characterised by autochonous blockfield (Figure 4.5f). 
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Figure 4.4. Aerial photograph of the study area in the northern Uummannaq region.  The focus of this study was Rink – Karrat Fjord and Ingia Fjord, in the south and north of the image 

respectively.  Boxes indicate the locations of other figures.  Fjord depths are shown by blue filled circles (from Hareø-Prøven bathymetric charts).     
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Figure 4.5. Plate of photographs from inner Rink-Karrat Fjord. (a) Aerial photograph showing 

an overview of inner Rink Fjord, with striae displayed (n=50 per rose diagram) (b) 

Fragmentary lateral moraine at 740 m a.s.l. in inner Rink Fjord (arrowed); (c) Striated, ice 

moulded roches moutonnées with lateral p-form arrowed; (d) Moraines Um1-3 and R3 (all 

arrowed) at the Rink- Umiámáko confluence (see Figure 4.6 for moraine location); (e) 

Autochonous blockfield at 1400 m a.s.l. in inner Rink Fjord. (f) Autochonous blockfield at 

1900 m a.s.l. in inner Rink Fjord (Pyramid Stubben). 
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Figure 4.6. Aerial photograph of the spur between Rink and Umiámáko Isbræ (see Figure 4.4 

for location).  Two discrete sets of moraines were mapped in the field, with on 

corresponding to ice activity in Rink Fjord (R1-R3), and one to ice in Umiámáko Fjord (Um1-

3).  Rose diagrams show bedrock striae directions (n=50 per sample site). 

 

 

4.4.1.2. Chronology 

 

Two samples for TCN dating were taken at high elevations within the inner fjord, KA3 and 

KA5 (Figure 4.6, Table 4.2).  KA3 was a glacially smoothed bedrock surface at 1400 m a.s.l., 

and returned ages of 18.9±1.9 10Be kyr (Table 4.3), and 22.5±1.4 26Al kyr (Table 4.4).  KA5 

was taken from an in-situ bedrock block found within an area of extensive autochonous 

blockfield at 1964 m a.s.l.  This returned an age of 92.0±8.8 10Be kyr, and 96.1±2.9 26Al kyr, 

suggesting the surface had experienced minimal erosion during MIS4-2.  Three low elevation 

TCN samples were taken from the inner fjord, from 110 – 400 m a.s.l.  These were two 

glacially abraded bedrock surfaces (KA23 and KA27) and an erratic boulder (KA20) (Figure 

4.7).  These returned ages of 5.2±0.7 10Be kyr (KA20), 6.6±1.1 10Be kyr (KA27), and 5.0±0.7 

10Be kyr (KA23) (Table 4.3).  The geomorphological and chronological data constrain the 

upper limit of warm-based ice during the LGM to between 1400 and 1964 m a.s.l. 
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Sample 
code 

Latitude (°N) 
Longitude 
(°W) 

Elevation 
(m a.s.l.) 

Sample type 
Thickness 
(cm)a 

Sample density 
(g/cm3) 

Shielding 
factor 

Denudation 
rate (mm a-1) 

KA2 71.48291667 53.12581667 720 Bedrock 5 2.6 0.9949 0 

KA3 71.65441667 51.99898333 1402 Bedrock 5 2.6 0.9951 0 

KA5 71.67086667 52.39133333 1964 Bedrock 5 2.6 1 0 

KA9 71.51005 53.0279 482 Bedrock 5 2.6 0.9794 0 

KA10 71.51328333 53.02775 380 Bedrock 5 2.6 0.9886 0 

KA11 71.51538333 53.02755 286 Bedrock 5 2.6 0.9889 0 

KA12 71.5208 52.99253 160 Bedrock 5 2.6 No data 0 

KA15 71.52545 52.96826667 76 Bedrock 5 2.6 0.9910 0 

KA16 71.52895 52.88033 78 Bedrock 5 2.6 No data 0 

KA17 71.5294 52.8801 69 Erratic 5 2.6 0.9977 0 

KA18 71.52718333 52.90128333 148 Bedrock 5 2.6 0.9989 0 

KA19 71.52696667 52.90623333 148 Erratic 5 2.6 0.9986 0 

KA20 71.6293 52.13582 400 Erratic 5 2.6 0.9699 0 

KA23 71.6333 52.08198 110 Bedrock 5 2.6 0.9604 0 

KA24 71.62132 52.94037 1019 Bedrock 5 2.6 No data 0 

KA27 71.64053333 52.56381667 162 Bedrock 5 2.6 0.9934 0 
a The top faces of all samples were exposed at the surface. 

Table 4.2. TCN sample locations, elevations, type and shielding factors for samples presented in this study. 
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Sample 
code 

10Be conc. (at g-1)abc Muon prod. rate 
(at gr-1 yr-1) 

Spallation 
prod. rate (at 
g-1 yr-1) 

10Be 
Exposure 
age (yrs)d,e,f 

Internal 
uncertainty 
(yr) 

External 
uncertainty 
(yr) 

KA2 97476 ± 5258 0.236 8.09 11686 632 1198 

KA3 284023 ± 13055 0.298 14.71 18932 874 1869 

KA5 2119500 ± 72370 0.359 23.1 92027 3216 8789 

KA9 79977 ± 3403 0.217 6.36 12146 518 1178 

KA10 43476 ± 2895 0.209 5.81 7241 483 596  

KA11 49532 ± 4240 0.202 5.28 9055 777 891 

KA12 No Data 

KA15 9606 ± 5663 0.187 4.23 2177 1284 1288 

KA16 No Data 

KA17 30340 ± 1485 0.187 4.22 6862 336 685 

KA18 16276 ± 1287 0.192 4.61 3375 267 397 

KA19 31312 ± 1805 0.192 4.61 6529 377 491 

KA20 31451 ± 4156 0.210 5.84 5208 689 733 

KA23 22171 ± 2271 0.189 4.26 4993 512 566 

KA24 No Data 

KA27 32099 ± 5073 0.193 4.66 6624 1049 1096 
a All beryllium-10 derived from quartz;  b Uncertainties are reported at the 1σ confidence level;     c Propagated uncertainties include error in the 

blank, carrier mass (1 per cent) and counting statistics;  d Calculation of ages was carried out assuming no erosion;   e Exposure ages are based upon 

the constant production rate model, using the scaling scheme for spallation from Lal (1991) and Stone (2000), and the NENA calibration (Balco et 

al., 2009);  f Dates were calculated using the CRONUS-Earth online calculator, version 2.2 (Balco et al., 2008). 

 

Table 4.3.  10Be TCN exposure ages from the northern UISS 
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Sample 
code 

26Al (at g-1)a,b,c Muon prodn rate 
(at gr-1 yr-1) 

Spalln prodn rate 
(at g-1 yr-1) 

26Al Exposure age 
(yrs)d,e,f 

Internal 
uncertainty (yr) 

External 
uncertainty (yr) 

26Al/10Be ratios 

KA2  764049 ± 125967 1.971 54.6 13536 2247 2350 7.84±1.45 

KA3 2272889 ± 91694 2.496 99.23 22491 917 1433 8.00±0.69 

KA5 14630123 ± 428055 3.008 155.85 96084 2948 5693 6.90±0.53 

KA9 513851 ± 37179 1.81 42.9 11507 837 1009 6.42±0.70 

KA10 338083 ± 34256 1.745 39.17 8297 844 934 7.78 ± 0.94 

KA11 425895 ± 52326 1.686 35.63 11479 1418 1523 8.60 ± 1.29 

KA24 No Data 
a Al aluminium-26 derived from quartz;  b Uncertainties are reported at the 1σ confidence level;  c Propagated uncertainties include error in the 

blank, carrier mass (1 per cent) and counting statistics;  d Calculation of ages was carried out assuming no erosion;  e Exposure ages are based upon 

the constant production rate model, using the scaling scheme for spallation from Lal (1991) and Stone (2000), and the NEMA calibration (Balco et 

al., 2009);  f Dates were calculated using the CRONUS-Earth online calculator, version 2.2 (Balco et al., 2008). 

Table 4.4.  26Al TCN exposure ages from the northern UISS 

 

 

Pub. 
code 

Sample 
code 

Lat. 
(°N) 

Long. 
(°W) 

Sample type 
δ13CVPDB‰           

± 0.1 
Carbon content 

(% by wt.) 
14C Age 

Uncertainty 1σ 
(14C yrs BP) 

cal. Min 
(yr) 

cal. Max 
(yr) 

cal. mid 
(yr) 

SUERC-
37526 

INL1 71.86 53.03 Plant macros -27.9 27.5 8811 40 9685 9954 9819.5 

SUERC-
37530 

KAL1 71.51 52.95 
Bulk lake 

gyttja 
-19.8 4.5 9838 41 11196 11316 11256 

Table 4.5. 14C ages and calibrated age ranges for the two lake sites in this study.  14C age is the radiocarbon age corrected for isotopic fractionation, 

measured and calculated using δ13C.  Errors are quoted to 1σ.  Ages were calibrated using OxCal 4.2 and the IntCal09 calibration curve, and 

presented as a range to 2σ.

9
9
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 Figure 4.7. Aerial photographs showing the locations of samples taken for dating from Rink-

Karrat Fjord, and their results.    Successful TCN results are shown by green circles (10Be ages 

in black, 26Al ages in red).  14C result (KAL1) is indicated by the blue circle (see section 

4.4.3.2). 

 

4.4.2. Qeqertarssuaq 

 

4.4.2.1. East Qeqertarssuaq: geomorphology 

 

Qeqertarssuaq is a 165 km2 island in a mid- to outer-fjord position (Figure 4.4).  High altitude 

areas are characterised by an extensive frost shattered surface, with small valley glaciers 

found on the northwest of the island.  A number of small, infrequent bedrock outcrops were 

found protruding from this mantling of frost shattered material (Figures 4.8a - 4.8c).  In 

places the upper faces of the bedrock outcrops are glacially abraded, displaying striae.  The 

largest of these bedrock outcrops was found at 1040 m a.s.l. (71.633056°N 52.896389°W), 

with striae recording ice flow directions of 173˚-353˚ (set 1) and 87˚-267˚ (set 2) (Figure 4.9).  

Detailed inspection of the striae and their cross cutting relationship was not able to resolve 

their chronological relationship.  However, based upon an increasing degree of topographic 

control during deglaciation, it is thought that striae set 1 were formed prior to set 2.  

Regardless of the striae age relationship, this demonstrates warm-based ice above this 

altitude (1040 m a.s.l.), during the last glaciation.  A sample was taken from this location for  
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 Figure 4.8. Plate of photographs from Qeqertarssuaq. (a) ice-moulded bedrock outcrops at 

1040 m a.s.l. on eastern Qeqertarssuaq, (b) enlargement of the striated, ice moulded 

bedrock surfaces from outcrop in Figure 4.8a, (c) frost shattered and heaved local material 

at ~1000 m a.s.l., eastern Qeqertarssuaq, (d) large lateral moraine (Q1– 786 m a.s.l.) on 

western Qeqertarssuaq, abutting a bedrock cut lateral meltwater channel.  See person on 

moraine ridge for scale. (e) Aerial photograph of western Qeqertarssuaq, with the 

meltwater channel of Figure 4.8d labelled, and the area of lateral moraines boxed, with 

individual ridges arrowed. (f) Oblique photograph from close to the meltwater channel, 

looking southwest.  Lateral moraines are arrowed. 
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TCN dating (KA24).  However, once processed, there was insufficient quartz in the 125 – 500 

µm size fraction to allow etching and successful beryllium recovery.  A subdued, poorly 

developed ridge runs northeast to southwest on the southern edge of the island (Figure 

4.9), terminating at the edge of the broad col which covers the centre of the island.  The 

ridge is composed of loose, angular pebbles and cobbles, dominated by local lithologies with 

occasional erratics and is interpreted as a lateral push moraine, where fjord ice has 

overtopped the topography. 

 

Above ~800 m a.s.l. the western flank of Qeqertarssuaq is characterised by extensive frost 

shattered material formed of locally derived angular to sub-angular material.  Below this, 

the lower elevation terrain contains a series of 12 subparallel ridges, with smaller 

fragmentary ridges between them (Figures 4.8e and 4.8f – and see inset location in Figure 

4.4).  These are formed of sub-angular to sub-rounded clasts, and are of clearly different 

lithological composition to the surrounding scree.  The highest of the ridges is found at 786 

m a.s.l. and is also the most distinct, reaching 6-8 m high (Figure 4.8d).  Upslope of Q1 is a 

large (5 m wide), bedrock incised channel (Figure 4.8d).  As a result of these observations, 

the 12 ridges and fragments between them (found from 786 to 340 m a.s.l.) are interpreted 

as a lateral moraine staircase, with the highest found in association with a bedrock incised 

lateral meltwater channel. 

 

4.4.2.2. Nuugaatsiaq, southwest Qeqertarssuaq 

 

Nuugaatsiaq is an 18 km2 low elevation (<180 m a.s.l.) and low relief peninsula on the 

southwest side of Qeqertarssuaq (Figure 4.1).  The peninsula is bordered to the north by a 

near vertical wall rising to 1400 m a.s.l.  Three ridges of varying preservation were mapped 

on the eastern side of the peninsula, at 10-30 m a.s.l. (N1), 55-70 m a.s.l. (N2) and 120-133 

m a.s.l. (N3) (Figures 4.9 and 4.10).  These were formed of diamictic material, dominated by 

sub-angular to sub-rounded clasts, and interpreted as a series of lateral moraines.  A 

further, more fragmentary moraine was found at the break of slope between the peninsula 

and fjord wall (N4 – 260 m a.s.l.), displaying evidence of extensive post-depositional rock 

glacierisation (Figures 4.9 and 4.10).  Moraines N1-N3 lie sub-parallel to the present 

coastline (Figure 4.9). N1-3 continue to the northeast, following the base of the 

Qeqertarssuaq for 5km (Figure 4.10).  Although these slopes are mantled by a thick scree 

cover, this is clearly discernible from the lighter coloured morainic material (Figures  
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Figure 4.9. Aerial photograph of the Nuugaatsiaq peninsula and fjord wall to the northeast.  Striae data from 1040 m a.s.l. are shown at the top 

right, and the high-altitude lateral push moraine is shown by black arrows.  Fragments from each of the four inset lateral moraines (N1-4) are 

arrowed, and striae shown in a rose diagram (n=50).  The hypothesised extent of lake sediment on the peninsula (based upon sediment 

distribution) is also outlined. 

 

1
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 Figure 4.10.  Photograph looking northeast at the continuation of the Nuugaatsiaq lateral 

moraine sequence (arrowed).  The moraines are fragmentary, but can be traced for >5km. 

Figure 4.11.  (a) sediment sequence from the centre of the Nuugaatsiaq Peninisula, 

interpreted as being deposited in a pro-glacial lacustrine/fluvial setting; (b) cryoturbated 

sediment at the top of the section; (c) well sorted, planar stratified sands; (d) large (> 5  mm 

thick) horizontally continuous massive fine units; (e) ripple cross-stratified sands and fines. 
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4.9 and 4.10).  Striae mapped from bedrock outcrops west of N3 (71.56°N 53.13°W) display 

cross cutting flow directions of 20°-200° and 58°-238°.  The first of these (238°) suggests ice 

flow concordant with fjord morphology (east-northeast to west-southwest).  In contrast, the 

second set of striae suggests ice overriding the region from a north-eastern source.  This is 

similar to other ice directional indicators found at higher altitude on eastern Qeqertarssuaq.  

 

Land drops in elevation to the west of N3 (Figure 4.10), to a region of low relief bedrock 

knolls and areas of flat topped sediment infills (at ~90 m a.s.l.).  Terrain rises to the north, 

west and southwest of this depression, enclosing a small shallow basin (~2-4 km2).  At least 

four flat benches were seen on the terrain to the southwest from ~110 – 140 m a.s.l., 

though no further analysis of these was undertaken.  Extensive sediments at least 2 m thick 

were found throughout the depression west of the moraine complex on the Nuugaatsiaq 

Peninsula (Figure 4.11).  Some evidence of cryoturbation is present in the upper 30 cm of 

the sequence, but the majority of sediments are characterised by interbedded fine sand and 

clayey silt, displaying un-deformed, in-situ planar and ripple cross bedding (Figure 4.11).  

The sediments appear well-sorted, with few granules and no pebbles, suggestive of a 

relatively low-energy depositional environment.  The sediments show no deformation 

(other than cryoturbation), suggesting deposition following the most recent regional 

deglaciation.  Geomorphological and sedimentological evidence suggests that the sediments 

were deposited in a glacio-lacustrine setting, in a basin constrained by higher topography to 

the west of the peninsula, and by the N3 moraine to the east (Figure 4.9).  The lake 

sediments were found above the regional marine limit, meaning that they would have been 

deposited in a terrestrial, not a marine or glacimarine setting.  A series of small breaches 

were found incised through N3 and are likely to have been caused by a series of lake 

drainage events, resulting from filling to the level of the moraine crest and subsequent 

drainage of the lake.  The breaches have then been filled by small braided stream systems. 

 

4.4.3. Karrat Island 

 

4.4.3.1. Geomorphology 

 

Karrat is a 56 km2 island, close to the outer margin of Rink-Karrat Fjord (Figures 4.1 and 4.4).  

It divides the fjord into two narrow channels, 3.4 km and 5 km wide respectively.  The island 

has a low relief, low elevation eastern end (<300 m a.s.l.), which rises steeply to a 950 m 

a.s.l. bedrock ridge in the centre (Figure 4.12b).  Ridge summits are covered by shattered 
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bedrock, with a thin cover of autochthonous blockfield and partially shattered bedrock.  In 

some places on the summit, large (~9 m2) slabs of intact, in-situ bedrock were present 

(Figure 4.12b), though no striae were found.  Some of the near vertical ridge walls showed 

some subtle abrasion and smoothing, suggesting erosion by warm-based ice cover.  The low 

elevation eastern end of Karrat Island is characterised by widespread areally scoured 

terrain, with glacially smoothed bedrock and roches moutonnées, interspersed with small 

(100-300 m wide), shallow (3-5 m) lakes (Figure 4.12c).  A series of three inset ridges were 

found on the north and eastern sides of Karrat Island (Figure 4.13).  They were formed of 

coarse (cobble to boulder), angular to sub-rounded material.  The ridges are interpreted as a 

series of inset lateral moraines (K1 – 49m, K2 – 137m, K3 – 210 m a.s.l.) (Figures 4.12d, 

4.12e, and 4.13).  K3 is the largest and most extensive of the moraines (4m in height, and 

15m in width), (Figures 4.12d and 4.12e).  These are interpreted as the southern 

counterpart of the Nuugaatsiaq moraines, representing the lateral portions of a latero-

frontal moraine system to the north of Karrat Island. 

 

Glacial bedforms are ubiquitous both inside and outside of the Karrat moraine complex.  

These are dominated by roches moutonnées, with some whalebacks (7% of the measured 

bedforms).  The majority of bedforms display unidirectional striae (108°-288°), however, a 

number show evidence for cross cutting ice flow (32°-212° (set 1), 77°-257° (set 2) and 108°-

288° (set 3)), and multiple plucked faces (Figures 4.12f and 4.13).  Detailed analysis of the 

striae was not able to robustly constrain their age relationship.  However, on the 

interpretation of a progressive increase in topographic control on ice flow direction during 

deglaciation, their relative chronology is thought to be set 1 (oldest) to set 3 (youngest). 

 

4.4.3.2. Chronology 

 

The highest elevation TCN sample was KA2 (724 m a.s.l. – see Figure 4.6, Table 4.2), taken 

from an in situ bedrock slab, returning ages of 11.7±1.2 (10Be) (Table 4.3) and 13.5±2.2 (26Al) 

(Table 4.4).  The 10Be and 26Al age determinations are overlapping within error, suggesting a 

robust age for the sample, and the overriding by erosive ice at this altitude during the LGM.  

A series of samples were taken across the east of the island.  Sample KA9 (482 m a.s.l. – see 

Figure 4.7) returned a date of 12.1±1.2 kyr (10Be) (Table 4.3) and 11.6±1.0 kyr (26Al) (Table 

4.4).  Samples KA10 and KA11 also lie outside the moraines (Figure 4.7), and returned ages 

of 7.2±0.6 10Be kyr/8.3±0.9 26Al kyr, and 9.1±0.9 10Be kyr/11.5±1.5 26Al kyr respectively 

(Tables 4.3 and 4.4).  These provide a maximum age for moraine formation.  Samples KA15,  
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Figure 4.12.  Plate of photographs from Karrat Island: (a) Aerial photograph of Karrat Island, 

showing the location of photographs. (b) In situ bedrock slab at 750 m a.s.l. (under saw); (c) 

Glacially polished roches moutonnées which are found ubiquitously across the east of the 

island at 200 m a.s.l.; (d and e) Views of K3, the outermost of the three moraines mapped on 

Karrat Island (210 m a.s.l.); (f) Bi-directional striae from eastern Karrat Island (~255 m a.s.l.). 
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Figure 4.13.  Aerial photograph of eastern Karrat Island, with Karrat moraines arrowed (K1-

3).  Superimposed rose diagrams show striae directions for locations across the island (n=50 

for each location). 

 

KA18, and KA19 are situated between moraines K3 and K2 (Figure 4.7), and returned 10Be 

ages of 2.2±1.3 kyr, 3.4±0.3 kyr, and 6.5±0.5 kyr respectively (Table 4.3). 

 

However KA15 and KA18 were not included in analysis of the results.  Their ages (2.2±1.3 kyr 

and 3.4±0.3 kyr respectively) appear anomalously young, and are incompatible with a large 

number of other dates from Karrat Island, and Rink Fjord (KA16, KA17, KA19, KA20, KA23, 

and KA27).  On the basis of their erroneously young ages they were excluded from the 

study.  Both excluded samples were taken from slightly sloping bedrock surfaces, and it is 

therefore possible that they have been affected by sediment cover during their exposure 

history, leading to relatively recent exhumation, or intermittent burial (2.2±1.3 kyr, 3.4±0.3 

kyr) (Putkonen and Swanson, 2003).  Finally, sample KA17 was taken from glacially abraded 

bedrock between moraines K2 and K1 (Figure 4.7), and returned an age of 6.9±0.7 kyr (Table 

4.3).  Further constraint upon the deglacial chronology is provided by a 14C age from Karrat 

Lake (KAL1).  An age from the organic-minerogenic contact from lake sediment returned an 

age of 11196-11316 cal. yrs. BP (Table 4.5).  This date represents a minimum age for 

deglaciation from this point, and is in agreement with the local TCN deglacial dates from this 

area (KA1, KA4, and KA6). 
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4.4.4. Ingia Fjord 

 

4.4.4.1. Geomorphology 

 

Fjord walls along Ingia Fjord are glacially smoothed up to 800-1000 m a.s.l.  Above this, the 

terrain appears mantled by extensive scree, autochonous blockfield, and weathered 

bedrock surfaces.  The boundary between these terrain types is marked by a faint trimline, 

which is most evident at the mouth of the fjord (arrowed in Figure 4.14a).  Within the fjord, 

though present, the trimline is less distinct.  The majority of work in Ingia Fjord was carried 

out on a small (24 km2) peninsula, 15 km from the present ice margin.  The low elevation 

peninsula is characterised by low relief, hilly topography, with ubiquitous roches 

moutonnées, whalebacks, and small lakes (Figure 4.14b).  Bedform long axes are broadly 

concordant with striae directions and fjord topography, recording northeast to southwest 

ice flow (64°-244° see Figure 4.14b).  A large (10-30m high), discontinuous moraine ridge 

was mapped at 420-446 m a.s.l., close to the break in slope at the steep fjord wall (Figure 

4.14a).  The ridge is composed of sub-angular to sub-rounded clasts from local lithologies, 

with some occasional erratic material.   In places it appears to have undergone some post-

depositional rock glacierisation. 

 

4.4.4.2. Chronology 

 

The surficial geology of this area is dominated by metagreywackes characterised by very 

thin bedding planes and high joint densities.  However, these were very low in suitable 

quartz, and potentially dateable surfaces were unsuitable for dating.  Some >20 cm wide 

quartz bands were found and sampled, but these were not processed in the lab.  

Chronological control for deglaciation through Ingia Fjord is reliant upon a single 14C age 

from Ingia Lake (see Section 4.4.3.2), yielding an age of 9.7-9.9 cal. yrs BP.  This provides a 

minimum age for the deglaciation of Ingia Isbræ to this mid-fjord position. 

 

4.4.5. Lake sediments 

 

Sediment cores were taken from two lakes in northern Uummannaq: Karrat Lake and Ingia 

Lake.  Sediment cores were taken in order to: (i) provide samples for 14C dating which would 

provide a minimum age for deglaciation at their location; and (ii) to investigate the palaeo-

environmental history of the region, subsequent to deglaciation.  Water depth in the centre 
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Figure 4.14. (a) Aerial photograph of Ingia Fjord (see Figure 4.4 for location).  Black arrows 

mark a trimline separating abraded surfaces from weathered, debris-rich surfaces above.  

This is best developed in the outer fjord (left of photograph).  Red arrows indicate the 

fragmentary, rock glacierised lateral moraine.  (b) Enlargement of the southwest portion of 

the peninsula, showing the ubiquitous glacially eroded whaleback and roches moutonnées.  

Average bedform long axes are shown by the white arrow, and striae data are shown in a 

rose diagram (n=30). (c) Photograph of the landscape on the peninsula in Ingia Fjord.  

Photograph is taken looking west; south of the large lake visible in Figure 4.14b.  Areally 

scoured terrain with large bedforms is visible in the fore- and mid-ground (ice-flow from 

right to left).  Steep rock faces with gullies and associated talus cones are visible in the 

background.  For scale, the bedform face to the right of picture is ~2 m high. 
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of both sampled lakes was >3 m.  This depth was considered viable for coring and deep 

enough to have prevented sediment mixing via winter lake ice disturbance. 

 

4.4.5.1. Karrat Lake 

 

Karrat Lake (71.51399° N 52.94588° W) is a small lake on the low-level surface on eastern 

Karrat Island (Figure 4.13).  It lies amongst widespread areally soured terrain, outside the 

K1-3 moraines.  A 96 cm Eijkelkamp core (KAL1) was retrieved from the centre of this lake, 

following an exploratory gouge core transect across the lake.  The core bottomed out in 

bedrock, or very rigid, consolidated sediment.  The core contained two sediment lithofacies, 

a minerogenic sandy clay (KL1) and a highly organic gyttja (KL2) (Figure 4.15).  The 

lowermost of these was made of three units: the first is a 4 cm thick unit of grey, silty coarse 

sand, with occasional granules (KL1i).  This was sharply, but conformably overlain by 5 cm of 

grey silty clay, with a small (1 cm thick) sand lens (KL1ii).  This grades into 4 cm of lighter 

grey clay, displaying some very faint laminations (KL1iii).  Overlying this is the second 

lithofacies (KL2); 83 cm of organic, gelatinous lake gyttja, varying between black, brown, 

grey, and olive green.  Detrital organic deposits were found throughout.  Some faint 

laminations were present in the lower 71 cm of the gyttja, becoming less distinct towards 

the top of the core.  In addition to the visual stratigraphy, the transition between KL1 and 

KL2 is marked by a very rapid decrease in magnetic susceptibility and porosity.  This suggests 

a quick switch from dense, minerogenic material (KL1) to more porous, highly organic 

material (KL2).  Initial total organic carbon (TOC) analysis was undertaken in order quantify 

the organic component of the sediment, however, the organic content of the carbon was 

>99% for all samples processed. 

 

KL1 is a fining upwards sequence of sediments deposited into standing water.  As such it is 

interpreted as glacio-lacustrine sequence, dominated by the input of glacially derived rock 

flour, deposited following ice retreat over the site.  The upwards fining is a response to 

progressively increasing glacier distance.  The overlying KL2 is high in organics and detrital 

plant remains.  This facies represents lacustrine terrestrial deposition following ice retreat to 

the east.  A bulk gyttja sample was taken from the base of KL2 for 14C dating (KAL1), see 

section 4.4.3.2. 
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4.4.5.2. Ingia Lake 

 

Ingia Lake (71.863° W 53.028° W) is a small, 2000 m2 lake at 262 m a.s.l. on the Ingia Fjord 

peninsula (Figure 4.14b), amongst widespread areally soured terrain.  Water depth in the 

centre of the lake was >3 m.  A 97 cm Eijkelkamp core (InL1) was retrieved from the centre 

of this lake, following an exploratory gouge core transect across the lake. 

 

The core bottomed out in either bedrock, or very rigid, consolidated sediment.  The 

lowermost unit (IL1i) is 6 cm of unconsolidated grey to green gritty silt sand, with some clay 

component.  Granules up to 15 mm in diameter were found, thought to be locally sourced 

metagreywacke.  This was conformably overlain by 5 cm of grey silty clay (IL1ii), with some 

very faint laminations throughout.  Sharply overlying this was 86 cm of organic gyttja, with 

common plant macros (IL2).  In places the gyttja was interstratified with thin (<10 mm) 

bands of sand (e.g. at 85 and 87 cm).  The lower 66 cm of the gyttja was moderately to 

faintly laminated and contained abundant detrital plant remains.  The gyttja varied between 

dark and olive green, with grey laminae.  The gyttja was generally elastic and gelatinous 

towards the base, becoming less consolidated towards the top of the facies.  

Sedimentological investigation shows a rapid drop in magnetic susceptibility and increase in 

porosity at the boundary between IL1 and IL2.  This is in agreement with sedimentological 

properties, suggesting a change from dense, minerogenic material (IL1) to more porous, 

organic material (IL2).  As in Karrat Lake, IL1 is interpreted as a fining upwards glacio-

lacustrine deposit, formed following by sedimentation into a body of standing water, 

following local ice retreat.  This is overlain by IL2, an organic unit which is thought to 

represent accumulation of organics through inwash and in situ organic production during 

the Holocene.  A sample of macroscopic plant remains was taken for 14C dating from the 

base of IL2.  The sample yielded an age of 9685-9954 cal. yrs BP, providing a minimum age 

for the deglaciation of Ingia Isbræ to a mid-fjord position. 
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Figure 4.15. Photograph and sedimentological log of lake cores from Karrat and Ingia Lake.  Sedimentology is show diagrammatically, as is the 

location of basal 14C date taken (see Table 4.5 for results).  Magnetic susceptibility and porosity measurements are shown to the right of each core 

(measured using a Geotek Multi Sensor Core Logger).  Munsell codes indicate sediment colour throughout the cores. 
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4.5. Discussion 

 

4.5.1. Configuration of the northern UISS during the LGM 

 

Both geomorphological mapping/data and surface exposure ages provide compelling 

evidence for erosive warm-based ice throughout the inner fjords of Rink-Karrat, Umiámáko, 

and Ingia Fjords at the LGM.  Warm-based ice thicknesses throughout the inner fjord region 

reached >1400 m a.s.l., but remained below 1968 m a.s.l., as constrained by KA5 and high-

level geomorphology.  Some overtopping of fjord topography occurred between 1000 and 

1400 m a.s.l., but high-level plateaux between troughs (>2000 m a.s.l.) prevented the 

overwhelming of regional topography by unconfined, diffluent ice at the LGM.  These high-

level areas are presently covered by blockfields or small plateau icefields, and would have 

been exposed as nunataks, or more likely, covered by cold-based ice at the LGM.  

Concordance of 10Be and 26Al ages throughout samples below 1000 m a.s.l. suggests 

sufficient erosion of bedrock to prevent inheritance (Tables 4.3 and 4.4). 

 

Based upon geomorphological and surface exposure data, ice thicknesses in the vicinity of 

Karrat Island were at least 720 m a.s.l., though ice is thought to have submerged Karrat 

Island (900 m a.s.l.).  Ice from Rink and Umiámáko Isbræ would have become confluent to 

the east of Karrat Island, with Rink Isbræ forcing Umiámáko Isbræ over the centre and east 

of Qeqertarssuaq.  Once ice from Rink-Karrat Fjord reached the east of Qeqertat Imát, it 

became confluent with ice from Ingia Fjord.  Ocean floor bedforms provide evidence for 

highly convergent flow into the Uummannaq Trough from the east and north (latterly 

through Igdlorssuit Sund) (Ó Cofaigh et al., 2013b).  This convergent flow of ice from the 

northern UISS into the Uummannaq Trough is due to intense ice drawdown.  This drawdown 

is propagated through Igdlorssuit Sund, an over-deepened trough within the soft Cretaceous 

basin (Steenfelt et al., 1998).  This trough presents the route of least resistance for ice flow 

from the north (Roberts et al., 2013).  This flow through Igdlorssuit Sund has been aided by 

a shallow sill between northern Ubekendt Ejland and southern Svartenhuk (Qeqertat Imât - 

<200m below sea-level).  This would have aided this by acting as a topographic barrier to ice 

(Roberts et al., 2013). 

 

Although LGM ice thicknesses were comparable between the north and south UISS, outlet 

glaciers in the northern UISS remained within their fjord confines at the LGM, separated by 

high elevation plateaux (>2000 m a.s.l.) that would have remained as ice free nunataks or, 
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more likely, covered by cold-based ice caps.  In contrast, plateaux elevations in the southern 

UISS (north of Nuussuaq) were <1000 m a.s.l., and not of sufficient altitude to keep outlet 

glaciers within their fjord confines at the LGM.  As a result of this extensive diffluent flow, 

Roberts et al. (2013) proposed a progressive westward migration of the southern UISS onset 

zone through the last glacial cycle.  This occurred as ice thicknesses increased and 

topographic controls within the inner fjord region became less influential on overall ice 

dynamics (Roberts et al., 2013).  As a result, larger-scale regional topography (e.g. 

Nuussuaq, Svartenhuk, and Ubekendt Ejland) would have become the principal topographic 

controls upon flow routing.  In contrast, the outlet glaciers in the northern UISS appear to 

have remained within the confines of the local fjord topography and, hence, predicting any 

degree of onset zone migration during the LGM is difficult.   

 

 

4.5.2. Deglaciation of the northern UISS; timing, retreat style, and controls 

 

In combination with geomorphological and chronological data from the offshore and 

southern sectors of the UISS (Ó Cofaigh et al., 2013b, Roberts et al., 2013), this work 

provides the first complete reconstruction of the UISS’ LGM geometry and the chronology of 

its subsequent deglaciation.  The palaeo-UISS contains all diagnostic components of an ice-

stream in both contemporary, and palaeo settings (Stokes and Clark, 1999): individual outlet 

glacier tributaries; a convergent onset zone; streamlined bedforms; and a trunk zone which 

feeds into a large trough mouth fan at its terminus A time-distance path for the retreat of 

ice through Rink-Karrat Fjord is presented in Figure 4.16c, constrained through Bayesian age 

modelling.  The deglaciation of the region is therefore discussed with reference to this 

reconstruction.  As with contemporary ice stream behaviour, the deglaciation of the UISS 

was influenced by climatic, oceanic, and topographic forcings (Figure 4.17).  Their relative 

importance through the Uummannaq region is investigated here. 

 

4.5.2.1. LGM limit to Ubekendt Ejland 

 

The LGM deglaciation of the UISS from the shelf-edge is discussed by Ó Cofaigh et al. 

(2013b), with retreat from the continental break underway by 14.9 cal. kyr BP.  Following 

this surface exposure dates from Ubekendt Ejland, record  ice retreat and thinning to the 

south east of Ubekendt Ejland by 12.4 kyr (Roberts et al., 2013).  Moraines on the south 

coast of Ubekendt Ejland between 670 and 125 m a.s.l. represent a series of lowering   
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Figure 4.16.  Sample locations, bathymetric profile, channel width, and dates from the 

northern UISS: (a) location of transects used in b and d, through the north and south of the 

Uummannaq region.  Boxed numbers indicate distance in kilometres from the shelf (cont.) 
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 edge LGM ice margin; (b) bathymetric profile through Uummannaq Trough, Igdlorssuit 

Sund, and Rink-Karrat Fjord using GEBCO and swath-bathymetry data (black line), and 

average channel width from the outer fjord to present margin (red line – measured 

manually); (c) Bayesian constrained age model of deglaciation through the northern 

Uummannaq region.  Ages are from: 1Ó Cofaigh et al., 2013b, 2Roberts et al., 2013, and this 

study; (d) bathymetric profile through Uummannaq Trough, Igdlorssuit Sund, and the 

southern Uummannaq region using GEBCO and swath-bathymetry data (black line), and 

average channel width from the outer fjord to present margin (red line – measured 

manually); (e) Bayesian constrained age model of deglaciation through the southern 

Uummannaq region.  Ages are from: 1Ó Cofaigh et al., 2013b, 2Roberts et al., 2013, and this 

study. 

 

palaeo-ice surfaces, and are thought to related to thinning of the UISS from the mid-shelf 

during this period (Roberts et al., 2013).  This retreat from the shelf edge (14.9 cal. kyr BP) is 

coincidental with the onset of Greenland Interstadial 1e (Figure 4.17) (Lowe et al., 2008), a 

period of increasing insolation (Huybers, 2006), and rising sea-level in West Greenland 

(Figure 4.17) (Long et al., 1999, Simpson et al., 2009, Roberts et al., 2013).  Reconstructions 

of ocean temperature on the Uummannaq shelf suggest that the warm West Greenland 

Current (WGC) only entered the Uummannaq Trough after 8 cal. kyr BP (McCarthy, 2011).  

This initiation of the WGC onto the Uummannaq shelf is later than northwest Greenland and 

Baffin Bay (Levac et al., 2001, Knudsen et al., 2008).  McCarthy suggest that anomalously 

late initiation of the WGC in the Uummannaq region may be a partial result of excess 

meltwater flux from the GIS as it retreated from the outer shelf (McCarthy, 2011).  This 

would have diluted and cooled the basal water mass, or diverted the warm WGC water 

offshore (McCarthy, 2011).  Thus, despite some uncertainties regarding warm water influx, 

it presently appears unlikely that this stage of early deglaciation was triggered by the influx 

of warm water. 

 

Once retreat was underway, increased water depths of >600 m through the Uummannaq 

Trough would have led to increased ice discharge, and rapid thinning and retreat (Schoof, 

2007).  Enhancement of retreat rates by deep subglacial troughs is common, and has been 

reported in other studies from continental fjord margins (e.g. Briner et al., 2009).  Once the 

UISS reached the southern coast of Ubekendt Ejland, the lateral confinement within the 

trough increased and the bed shallowed (Figure 4.16b).  The topographic confinement is 

likely to have increased lateral resistive stresses, thickening the ice and increasing basal 

drag.  This would have reduced ice flux and probably caused temporary retreat slowdown 

between Nuussuaq and Ubekendt Ejland.   
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4.5.2.2. Ubekendt Ejland to the fjord margins  

 

Once ice retreated beyond south-eastern Ubekendt Ejland the north and south regions of 

the UISS separated, retreating north through Igdlorssuit Sund and east towards 

Uummannaq respectively.  The timing of retreat through Igdlorssuit Sund is constrained by 

ages of 12.4 kyr on southern Ubekendt Ejland (122–233 m a.s.l.) (Roberts et al., 2013) and 

11.7 10Be kyr on Karrat Island.  The ages are within 2σ errors, suggesting deglaciation could 

have been rapid, retreating ~65 km in 0.7 kyr.  Though rapid, the lateral moraine staircase 

on western Qeqertarssuaq suggests a dynamic upstream response to calving at the 

grounding line during this stage of deglaciation.  This period of deglaciation (12.4-11.7 kyr) 

occurs during the latter part of Greenland Stadial 1 (GS1 12.9 kyr to 11.7 kyr), and the early 

Holocene (Lowe et al., 2008) (Figure 4.15), and is characterised by an increase in air 

temperature (~4 ‰ δ18O increase in the GRIP and NGRIP record) and a regional peak in 

relative sea-level at ~12 kyr (Simpson et al., 2009).  In conjunction with the ice margin 

entering the deep (500 – 600 m b.s.l.) Igdlorssuit Sund (Figures 4.1 and 4.16b and 4.16d), 

this would have acted to enhance rapid retreat back to the fjord heads.  The timing of 

retreat from Ubekendt Ejland to the fjord margins is similar between the northern and 

southern sectors of the UISS, occurring by 11.5 – 10.8 kyr (Roberts et al., 2013). 

 

 

Figure 4.17. NGRIP (blue) and GRIP (dark red) δ18O record for the past 17 kyr (Lowe et al., 

2008), relative sea-level curve from Arveprinsens Ejland (green) (Long et al., 1999, Simpson 

et al., 2009), and JJA radiation for 70°N (light red).  Annotations below the figure show key 

events throughout the deglaciation of the north and south UISS. 
1 from McCarthy 2011. 
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4.5.2.3. Outer fjord to present ice margin 

 

Following deglaciation through Igdlorssuit Sund the northern UISS progressively ‘unzipped’ 

as individual outlet glaciers retreated into their fjords.  Dates from Rink-Karrat fjord suggest 

rapid retreat and thinning of ice across Karrat Island, with the exposure of Karrat Lake by 

~11.2 cal. kyr BP, during a period of increasing air temperature (Figure 4.17). Following 

retreat to the present outer Rink-Karrat Fjord margin, geochronological data suggest that 

the ice margin underwent a dramatic decrease in retreat rate and temporary stagnation on 

eastern Karrat Island between ~11.2 and 6.5 kyr (Figure 4.16c).  The chronological data are 

supported by moraines on Karrat Island (K1-3) and Nuugaatsiaq (N1-3), providing 

geomorphological evidence that retreat through Karrat Fjord was punctuated by a still-stand 

or slight re-advance. 

 

Chronological results for moraine formation on Karrat Island constrain the formation of K3 

to 9.1 - 6.9 kyr.  Dates between K3 and K1 are within errors (6.5±0.5 kyr and 6.9±0.5 kyr), 

and suggest deposition of K3 by ~6.9 kyr.  K3-N3 is a higher, larger volume, and less 

fragmentary moraine ridge than K2-N2 and K1-N1, suggesting that it formed over a longer 

period of time than K2-N2 and K1-N1.  This is supported by the presence of >2 m thick 

sequence of glacio-lacustrine sediments southwest of N3 on Qeqertarssuaq.  The similar, 

sub-parallel geomorphology and closely nested pattern of the moraines on Karrat Island 

suggest that they were not formed by a series of separate readvances.  No evidence for a 

readvance was noted in the field, such as a second period of minerogenic input within the 

lake sediment cores, and an absence of bulldozed sediment within, or between, the 

moraines.  As a result, the Karrat-Nuugaatsiaq moraine system is interpreted to have 

formed during a slow retreat across Karrat Island, punctuated by a lengthy marginal 

stabilisation.  Similar latero-terminal moraines systems in other outer fjord localities (Fjord 

Stade moraines) have been identified throughout western Greenland (Weidick, 1968, 

Tenbrink and Weidick, 1974, Funder, 1989b, Long and Roberts, 2002, Briner et al., 2010, 

Young et al., 2011a, 2013).  These moraines are thought to have formed as a variably ice 

sheet margin response to the GH-9.3 and GH-8.2 events (Long and Roberts, 2002, Briner et 

al., 2010, Young et al., 2011a, 2013).  However, despite their widespread correlation with 

these climatic events, it has also been acknowledged that moraine formation could also be a 

dynamic response to, or enhanced by, topographic effects (Funder, 1989b, Warren and 

Hulton, 1990, Long et al., 2006).  The Umivit-Keglen, and Ørkendalen moraines found 

further south in Greenland and have been dated to 8.4-7.4 cal. yr BP and 7.0-6.4 cal. kyr BP 
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respectively (recalibrated dates using Calib, and IntCal09) (Van Tatenhove and van der 

Meer, 1995, van Tatenhove et al., 1996). These moraines are also thought to relate to 

localised marginal re-advance, induced by short periods of climatic deterioration (Tenbrink 

and Weidick, 1974).  Dates constrain the deposition of the Karrat-Nuugaatsiaq moraine 

system to between 9.1 and 6.9 kyr, therefore encompassing the period of Fjord Stade and 

Umivit-Keglen, /Ørkendalen moraine deposition (Long et al., 2006, Briner et al., 2010, Young 

et al., 2011a, 2011b, 2013).  However, the present chronology shows that ice margin retreat 

resumed by ~6.9 kyr (see dates KA17 and KA19); making any correlation to other moraines is 

difficult.  In addition, topographic control has clearly controlled this marginal stabilisation, 

rendering a correlation to disconnected moraines, based upon fjord position and broad 

chronology alone problematic. 

 

The Rink-Karrat Fjord marginal still-stand occurred through the Early Holocene, and the 

Holocene Thermal Maximum (HTM), a period from 11 to 5 kyr, characterised by a warm 

climate (Wanner, 2008, Jansen, 2007, Renssen et al., 2009), most clearly recorded 

throughout the middle to high latitudes of the Northern Hemisphere (Jansen, 2007, Jansen, 

2008).  Within Greenland, the HTM was characterised by temperatures 2-3°C warmer than 

present, suppressed precipitation levels (Anderson and Leng, 2004, Bennike et al., 2010, 

Axford et al., 2013), a peak in summer insolation, and a drop in sea-level (Figure 4.17) (Long 

et al., 1999, Simpson et al., 2009).  Though broadly constrained to 11-5 kyr, ocean-

atmosphere-vegetation models have predicted that warming across central Greenland 

would have been greatest at 6-5 kyr (Renssen et al., 2009).  Palaeoecological data from the 

Kangerdlussuaq (Anderson and Leng, 2004, Bennike et al., 2010) and Jakobshavn (Axford et 

al., 2013) regions report periods of maximum warmth at 7.2-5.6 kyr and 6-4 kyr respectively.  

In order to constrain the precise timing of maximum Holocene warmth in the Uummannaq 

region a local palaeoenvironmental reconstruction would be required.  However, it appears 

likely that the margin stagnation within Rink-Karrat Fjord was maintained through a period 

of warm climate not conducive to ice margin stabilisation.  Thus, the marginal stillstand is 

thought to have been controlled by non-climatic factors.  Palaeo-ice stream channel width 

close to Karrat Island reduces to ~5 km, and bed topography shallows to ~400 m. Deeper 

topography exists to the east (>1000 m) and west (~700 m), making the area to the north of 

Karrat Island a prominent bathymetric high within the fjord. This is most pronounced 

directly north, offshore of the Karrat-Nuugaatsiaq moraines, where a narrow topographic 

high with steep up and downstream slopes is found.  Bathymetric data from south of Karrat 

Island also shows evidence for a prominent bathymetric high close to the position of the 
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Karrat-Nuugaatsiaq moraines (Figure 4.16c).  Though a continuation of the Karrat-

Nuugaatsiaq moraines cannot be seen on fjord walls to the south of Karrat Island, it is 

glaciologically probably that the ice front to the south of Karrat Island stabilised at this 

point. 

 

The narrowing and shallowing of the channel bed would have reduced the relative 

magnitude of ice flux necessary to maintain a stable grounding line (Mercer, 1961, Schoof, 

2007, Jamieson et al., 2012). The narrowing of the channel further reduces this flux by 

increased lateral resistance (Mercer, 1961, Whillans and Van der Veen, 1997) and up-ice 

surface profile steepening (Jamieson et al., 2012).  These topographic effects would reduce 

calving rates and subsequently retreat rates.  As a result, this topographic constriction 

would have facilitated the pinning of the ice margin during retreat.  Such topographically 

controlled retreat dynamics have been reported elsewhere in Greenland (Warren and 

Hulton, 1990) and for Alaskan tidewater glaciers (O'Neel et al., 2005), and modelled for ice 

streams in Antarctica (Jamieson et al., 2012). 

 

Following moraine deposition on Karrat Island, ice retreat resumed at ~6.9 kyr, reaching the 

spur between Rink and Umiámáko Fjords by 6.5 kyr.  Here, Rink and Umiámáko Isbræ 

separated, their detachment evidenced by lateral moraines on the spur between the fjords.  

Following this, retreat in Rink Fjord continued, reaching ~15 km from the present ice margin 

by 5 kyr.  This final retreat from Karrat Island to Rink Isbræ’s present margin is likely to have 

been forced by the persistence of warm air temperatures, and the possible influx of the 

warm WGC into the Uummannaq region, which occurred after 8 kyr (McCarthy, 2011). This 

perturbation was sufficient to detach the ice margin from its topographic pinning point at 

Karat Island and the over-deepening within inner Rink Fjord then further accelerated and 

sustained retreat to, or beyond, the present ice margin. 

 

Retreat chronology in Ingia Fjord’s is limited to a single date from south-east Svartenhuk, 

close to the fjord mouth (10.7 cal. kyr BP - Bennike, 2000), and a date from Ingia peninsula 

(9.9 cal. kyr BP - this study).  As such, it is difficult to constrain retreat through Ingia Fjord in 

detail, other than to say ice had retreated beyond a mid-fjord position by 9.9 cal kyr BP 

which is consistent with the reconstructed retreat into Rink-Karat fjord.   

 

 

 

 



122 
 

4.5.3. Implications for LGM ice stream history of the West Greenland Ice Sheet 

 

Results from the Greenlandic continental shelf have provided evidence for the 

asynchronous onset of ice stream deglaciation throughout Greenland (Evans et al., 2009, 

Funder et al., 2011, Ó Cofaigh et al., 2013b).  This asynchronous behaviour continued 

through deglaciation, and is mirrored within individual outlet glaciers in the Uummannaq 

region.  A schematic diagram of the reconstructed retreat behaviour is presented in Figure 

4.18.  As with other GIS ice streams, the retreat of the northern UISS from its shelf-edge 

terminus to its present margin has been driven by climatic, oceanic, and topographic 

forcings.  Once within the inner fjord, the retreat behaviour was, however, strongly affected 

by channel topography and both bed depth and fjord width were the dominant control 

upon the rate of deglaciation.  Similarly, a strong topographic control upon ice stream 

retreat is reported from the inner fjords of the southern UISS (Figure 4.14).  Here, an ice 

margin stabilisation occurred in a similar topographically constricted inner fjord position as 

on Karrat Island.  However, TCN dates from the southern UISS constrain the marginal 

pinning to between 11.4-9.3 kyr, again in a location characterised by channel narrowing and 

a shallowing in bed depth (Roberts et al., 2013).  This provides further evidence for the 

importance of topography on glacier retreat, and exemplifies the strongly asynchronous 

response of outlet glaciers within a single ice stream system. 

 

Additionally, the lengthy period of margin stabilisation on Karrat Island occurred during the 

HTM (11-5 kyr).  The HTM was characterised by high air temperatures, falling relative sea-

level, and extensive moisture starvation across the GIS.  Research has shown that this peak 

in air temperatures was accompanied by the widespread retreat of the GIS to an unknown 

position behind its present margin (Weidick et al., 1990, Weidick and Bennike, 2007, Roberts 

et al., 2010, Briner et al., 2010, Young et al., 2011b).  Store Gletscher, the main outlet glacier 

of the southern UISS, reached its present margin by 8.7 kyr (Roberts et al., 2013), and 

Jakobshavn Isbræ in Disko Bugt by 7 kyr (Long and Roberts, 2003, Young et al., 2011b, Ó 

Cofaigh et al., 2013b).  Further south in the Sisimiut region a large ice stream occupied the 

offshore Holsteinsborg Dyb trough (Roberts et al., 2010), a region associated with the 

Umivit-Keglen and Ørkendalen moraines.  Based upon radiocarbon dates from marine 

shells, retreat to (or beyond) its present margin occurred by 7.8 – 6.8 cal. kyr BP (Kelly, 

1985).  Thus, the hypothesised retreat of Rink Isbræ to its present margin after 5 kyr is later 

than deglaciation of most other ice streams in West Greenland.  The Rink Isbræ margin was 

able to remain in a mid-fjord position throughout the HTM, displaying only a moderate  
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Figure 4.18.  Schematic of the deglaciation of the UISS from its shelf-edge position at the 

LGM.  Known margins, identified through geochronological and geomorphological data are 

in red, and hypothesised margins, with no geochronological control are in yellow.  Arrows 

retreat in response to air temperature increase, instead appearing to retreat during the 

Neoglacial.show the predominant retreat directions during each phase of retreat.  Data are 

from this study, Ó Cofaigh et al. (2013b) and Roberts et al. (2013). 
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4.6. Conclusion 

 

The UISS existed as a large cross-shelf ice stream formed from multiple, confluent, outlet 

glaciers that terminated at the shelf-edge during the LGM.  During the last glacial cycle, 

outlet glaciers in the northern Uummannaq region advanced through their fjord confines, 

and coalesced.  Geomorphological and geochronological data provide evidence for warm-

based ice between 1400 and 1900 m a.s.l. in the northern UISS during the LGM.  These ice 

thicknesses are comparable to those in the southern UISS.  High altitude terrain in the north 

of the region forced ice to remain topographically confined within 2000 m a.s.l. fjords, with 

intervening high-level areas likely to have been covered by cold-based plateau ice fields.  

Once coalescent, the majority of the ice was forced south by the geologically-controlled, 

over-deepened trough of Igdlorssuit Sund to the east of Ubekendt Ejland.  Here it became 

confluent with ice from the southern UISS, draining west to the continental shelf edge.  

Deglaciation following the LGM took place in three stages: (1) Deglaciation from the shelf 

(underway by 14.9 cal. kyr BP) reached the southeast of Ubekendt Ejland by ~12.4 kyr BP; 

(2) Retreat through the confluent onset zone was accompanied by progressive separation of 

the individual outlet glaciers.  Retreat was rapid and enhanced by trough over-deepening 

and widening, with ice reaching the northern outer fjords by 11.6 kyr; (3) Retreat through 

the present fjord system was interrupted by a period of topographically-controlled ice 

marginal stabilisation between ~9.1 and 6.9 kyr. 

 

The first two stages of retreat were synchronous between the north and south of the UISS,  

reaching the present fjords by 11.5 kyr.  This retreat was controlled by climatic and 

oceanographic forcings, enhanced by bathymetric depths.  However, once within fjord 

confines, topographic constrictions became the dominant control upon individual outlet 

glacier dynamics, overriding climatic forcings, and causing early- to mid-Holocene ice 

marginal stabilisation in Rink-Karrat Fjord.  A similar topographically controlled stabilisation 

also occurred in the southern UISS; with an earlier, shorter duration still stand (11-9.3 kyr).  

This topographic control forced the northern UISS to remain on Karrat Island until 6.9 kyr, 

during the onset of the Holocene Thermal Maximum.  Thus, in fjord settings with high 

topography, care needs to be taken in correlating disconnected moraines simply on the 

basis of their position and their chronology.  This could lead to erroneous correlations, and 

incorrect interpretation of controls upon moraine formation.  Following this, Rink Isbræ 

retreated to a position at or beyond its present margin after 5.0 kyr.  The ice within Rink-

Karrat Fjord appears to have responded asynchronously with other West Greenland ice 
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streams.  Additionally, ice retreat was clearly not responding in phase with the warm HTM 

and cooler Neoglacial.  This ice stream therefore displays a unique dynamic within 

Greenland and provides compelling evidence for a first order topographical control on ice 

margin stabilisation in West Greenland.  It also has major implications for our understanding 

and reconstructions of mid-Holocene ice sheet extent and Greenland Ice Sheet dynamics 

during the Neoglacial. 
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CHAPTER FIVE 

Controls upon bedrock bedform development in the Uummannaq Ice Stream System, 

West Greenland 

 

Abstract 

 

A large body of work has used characteristics of bedrock bedforms in formerly glaciated 

regions to infer palaeo-ice flow conditions in areas of ice-sheet and ice-stream flow. This 

paper is an investigation of bedrock bedform evolution within the topographically confined 

upstream region of the palaeo-Uummannaq Ice Stream System (UISS), West Greenland.  

Bedform measurements were taken from four separate areas, and displayed high inter-area 

variability, despite similar palaeo-ice flow conditions.  Bedforms included roches 

moutonnées and whalebacks, with elongation ratios (ELRs) varying from 0.8:1 to 8.4:1.  

Bedform long axes and plucked lee face orientations display a relationship to ice-flow 

conditions, responding to both uni- and bi-directional ice flow conditions.  Joint and bedding 

plane frequency and orientation have controlled bedform width and length to varying 

degrees throughout the sub-areas.  Lateral plucking, a mechanism previously only described 

for megagroove features, is invoked here for the formation of whaleback-type bedforms in 

Ingia Fjord.  Bedding plane dip relative to palaeo-ice flow direction has been shown to be of 

vital importance for bedform morphology and ELR.  Knowledge of dip relative to palaeo-ice 

flow allows predictions to be made about likely bedform shape, relative length, amplitude, 

and wavelength.  These predictions have important ramifications for subglacial bed 

roughness and therefore cavity formation.  The observations of this study demonstrate the 

direct link between bedding plane, joint structures, and bedrock bedform properties.  They 

suggest that the use of bedrock bedform characteristics to directly infer palaeo-glaciological 

conditions must be approached with caution. 
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5.1. Introduction 

 

5.1.1. Importance of glacial bedforms 

 

Ice streams are zones of fast flowing ice which rapidly evacuate inland ice to the margin 

(Bennett, 2003).  As a result, they are acknowledged to exert a considerable influence upon 

ice sheet dynamics and configuration (Stokes and Clark, 2001, Bennett, 2003).  They are 

responsible for the majority of ice and sediment discharge from ice sheets, and their 

potential to expel much of this into the ocean has implications for ice sheet mass balance 

and ocean circulation (Bennett, 2003, Ó Cofaigh et al., 2003, Sejrup et al., 2003, Roberts et 

al., 2010).  Our understanding of processes controlling ice stream behaviour is largely based 

upon the investigation and interpretation of landforms and sediments from palaeo-ice 

stream beds both onshore (Stokes and Clark, 1999, 2001, Roberts and Long, 2005, Stokes et 

al., 2009, Phillips et al., 2010) and offshore  (Ó Cofaigh et al., 2002, 2013b, Canals et al., 

2002, Sejrup et al., 2003, Evans et al., 2009, Hogan et al., 2010), remotely sensed 

observations of contemporary ice streams (e.g. Fahnestock et al., 1993, Goldstein et al., 

1993, Bamber et al., 2000, Joughin et al., 2004, King et al., 2009), and in situ field studies of 

ice stream behaviour (Smith et al., 2007). 

 

Fast ice flow produces a suite of subglacial bedforms which display subglacial streamlining at 

varying levels.  Ice streams have often been shown to display a marked downstream 

transition, which are manifest in bedform properties.  Upstream regions are dominated by a 

rigid bedrock bed, often as a result of sediment deficiency and high erosive potential.  

Downstream regions are generally dominated by soft-beds of extensive sediment, 

generated once sufficient material has been eroded from upstream reaches (e.g. Graham et 

al., 2009, Evans et al., 2012).  Here, soft-sediment bedforms are common, and elongation 

ratios (ELR) increase, and can be used to infer regions of ice streaming (Boyce and Eyles, 

1991).   These processes form a continuum of subglacial bedform development, from Rogen 

moraine and mega-scale glacial lineations (MSGL) (Stokes and Clark, 2001).  Their form is 

thought to depend upon basal velocity, with highly attenuated bedforms (length to width 

ratios of >10:1) indicating fast ice flow (Stokes and Clark, 2002).  Classification of these 

landforms based upon their elongation therefore allows for the reconstruction of palaeo-

basal conditions during landform formation, including thermal regime, and basal velocity 

(Stokes and Clark, 2001).  However, bedrock bedforms and the factors controlling their 

formation have received less attention. 
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A number of studies have reported bedrock bedforms in areas of palaeo-ice streaming.  

Offshore investigations have found bedrock dominated upstream portions of large palaeo-

ice streams displaying landforms including rock drumlins and crudely streamlined bedforms 

with blunt stoss sides and tapered lee sides (Lowe and Anderson, 2002, Ó Cofaigh et al., 

2002).  Onshore studies have identified streamlined roches moutonnées and whalebacks 

(e.g. Gordon, 1981, Sugden et al., 1992b, Roberts and Long, 2005, Roberts et al., 2010, 

Krabbendam and Glasser, 2011), large bedrock ridges, mega-scale crag-and-tail forms 

(Jansson et al., 2003, Ottesen et al., 2008), and mega-grooves (Bradwell et al., 2008, Roberts 

et al., 2010).  Despite this research, our understanding of bedrock bedform genesis and their 

relationship to ice flow dynamics remains limited. 

 

5.1.2. Glacial erosion and bedrock bedforms 

 

In glaciated regions devoid of sediment, the understanding bedrock bedforms and their 

relationship to ice flow is vital if palaeo-ice flow conditions are to be interpreted.  Almost all 

features of glacial erosion are accounted for by processes of abrasion and plucking (Boulton, 

1974a, Rea and Whalley, 1994), processes indicative of warm-based ice sliding across its bed 

(Rea, 2007).  As defined by Rea (2007), abrasion is subglacial frictional wear at the bed, as 

debris-charged basal ice slides across it.  This is enhanced as ice encounters a bedrock 

bump.  Enhanced friction leads to increased basal melt and meltwater production, therefore 

moving particles held in the ice closer to the bed, increasing abrasive potential (Boulton, 

1974a).  Plucking occurs through bedrock fracture, bedrock block loosening, and block 

removal via entrainment (Boulton, 1974a, Rothlisberger and Iken, 1981, Rea and Whalley, 

1994, Hallet, 1996).  Bedrock fracturing occurs either through exploitation of pre-existing 

joint systems (Hooyer et al., 2012) or crack growth (Rea, 2007).  The presence of ice-bed 

separation, and therefore subglacial cavity growth, is critical for block loosening as it 

encourages differential stresses across the bedrock obstacle (Rea, 2007, Krabbendam and 

Bradwell, 2011).  Subsequent entrainment is thought to occur via bulldozing, freezing on of 

material to the glacier sole (Rea, 2007), and ‘hydraulic jacking’, when increased ice pressure 

expels water from the ice-bed interface, causing a sudden drop in ice pressure and 

refreezing of meltwater (Rothlisberger and Iken, 1981). 

 

Work by Evans (1996a) suggested that variations in the presence or absence of whalebacks 

and roches moutonnées could be used to establish whether bed decoupling took place.  It 
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was proposed that whalebacks formed as a result of continual ice-bed coupling across the 

bedform, preventing low-pressure cavity development (Evans, 1996a).  In contrast, roches 

moutonnées form when ice-bed decoupling occurs, facilitating the development of low-

pressure cavity formation, crack propagation, and block removal (Sugden et al., 1992b, 

Evans, 1996a, Benn and Evans, 2010).  Evans (1996) therefore suggested that the 

preferential formation of whalebacks was indicative of thick ice, as large ice overburden 

pressures are able to suppress cavity formation, and encourage abrasion dominated 

erosion.  This is supported by recent models which have shown that low effective pressures 

allow ice-bed separation, lowering glacier-induced stresses and the probability of erosion 

(Iverson, 2012).  However, few extensive field studies have been able to show this 

relationship unequivocally. 

 

One of the principle diagnostic characteristics of palaeo-ice streaming over soft sediment 

beds is subglacial landforms with a high elongation ratio (ELR) (>10:1) (Stokes and Clark, 

2002).  In contrast, in rigid bed settings, studies have reported low ELRs (<10:1) in areas of 

palaeo-ice streaming (Roberts and Long, 2005).  This may be due to fixed basal 

perturbations and high levels of bed roughness which prevent flow stability at the ice-bed 

interface during subsequent glacial cycles (Roberts and Long, 2005).  In addition, Roberts 

and Long (2005) proposed that roche moutonnée and whaleback development can occur 

during different phases of a single glacial advance and retreat, cycle as a response to 

changes in ice-bed coupling.  Though plucking is a very effective erosive agent (Dühnforth et 

al., 2010), and can lead to rapid rock removal, bedrock bedforms are often more resistant to 

erosion than those formed of soft-sediment.  This means that they can be formed and 

modified over multiple phases of glacial advance and retreat, often producing complex, 

double-plucked bedforms (Roberts and Long, 2005, Roberts et al., 2010).  Thus, in contrast 

to soft sediment landforms, fast flow across a rigid bed results in high bedform densities and 

low ELRs (Roberts and Long, 2005). 

 

In addition to controls imposed by ice flow, variability in bedrock structure can influence 

bedrock bedform morphology.  Roberts et al., (2010) demonstrated that high ELRs (>10:1) in 

areas of palaeo-ice sheet flow were a result of repeated erosion sub-parallel to lines of 

geological weakness.  Conversely, when dominant bedding structure was transverse to 

palaeo-ice flow, less elongate (ELRs = 3.7:1) bedforms were generated.  In regions of 

constant inferred palaeo-ice flow direction and velocity, Krabbendam and Glasser (2011) 

proposed that bedform type (roche moutonnée vs. whaleback) and ELRs are controlled by 
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lithological variability.  They found a direct link between the occurrence of plucking or 

abrasion, bedform morphology, bedrock hardness, and joint spacing.  This is because an 

increase in bedrock hardness increases abrasion resistance, and low joint densities increase 

plucking resistance.  Dühnforth et al. (2010) suggested that joint spacing governs the nature 

of erosion, and therefore the resultant bedform.  Closely spaced fractures allow efficient 

plucking (and therefore roche moutonnée formation), whereas massive rock with few 

fractures is more susceptible to abrasion (and therefore whaleback formation).  Others have 

discussed the role of joint density and orientation in bedrock bedform morphology.  Hooyer 

et al. (2012) demonstrated that plucking preferentially occurs along pre-glacial joint 

systems, irrespective of sliding direction.  This has been supported by a number of other 

studies (Gordon, 1981, Rea and Whalley, 1996, Krabbendam and Bradwell, 2011).  A recent 

theory developed to describe glacial plucking suggested that bedrock of heterogeneous 

lithological strength, or with high joint density is likely to experience higher erosion rates, 

due to the increased probability of weakness exploitation (Iverson, 2012). 

 

As a result of the current interest in ice stream activity in Greenland and their acknowledged 

importance to ice sheet dynamics (Velicogna, 2009, Holland, 2010, Box and Decker, 2011), 

our understanding of onshore ice stream behaviour from the LGM to present is developing 

quickly (Roberts et al., 2010, 2013, Weidick and Bennike, 2007, Briner et al., 2010, Young et 

al., 2011b).  Knowledge of palaeo-ice stream behaviour in Greenland is important in order to 

predict future changes in ice stream activity, and appreciate the underlying processes.  

However, glacial activity in West Greenland produces relatively little sediment (Funder, 

1989b), the majority of which is rapidly evacuated to ocean floor troughs and the 

continental shelf.  These offshore troughs are often found to contain extensive soft 

sediment bedforms (Evans et al., 2009, Ó Cofaigh et al., 2013b).  This lack of onshore 

sediment means that the majority of terrestrial glacial landforms in ice free areas of West 

Greenland are erosional, with regions of glacial scour dominating low elevation terrain 

(<1000 m a.s.l.) (Sugden, 1974; this study, Chapter Three, Glasser and Warren, 1990, 

Roberts and Long, 2005).  In these areas, glacially eroded bedforms are ubiquitous, and it is 

from this evidence that palaeo-ice sheet basal conditions and velocities can be 

reconstructed. 

 

This paper investigates bedrock bedform evolution within the onset zone of the 

Uummannaq Ice Stream System (UISS).  Firstly, it explores the relationship between bedrock 

bedforms and basal ice flow conditions.  Secondly, it considers the influence of local geology 
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on bedform formation, and finally, it considers the broader implications for our 

understanding of subglacial bedrock bedform genesis and evolution under ice streams. 

 

5.2. Study site 

 

5.2.1. Field sites 

 

The study area lies within the Uummannaq region of Central West Greenland, between 

71°21’ and 71°57’ N.  The region covers ~25,000 km2 and is delimited by two large 

peninsulas: Svartenhuk to the north; and Nuussuaq to the south (Figure 5.1).  Repeated 

Quaternary glaciation through the Uummannaq region has formed a series of deep, 

coalescent fjords, running broadly east-west (Figure 5.1) (Roberts et al., 2013).  Topographic 

 

 

Figure 5.1. Overview topographic map of the Uummannaq region.  Altitudes for contours 

have been extracted from ASTER GDEM2 data, and ocean floor bathymetry is from GEBCO.  

See Figure 5.2 (a and b) for enlargements. 
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dissection has created a highly mountainous landscape, with plateaux summits reaching 

2000 m a.s.l., and fjords reaching 1300 m deep.  The high-level terrain juxtaposed with these 

fjords fosters contemporary cold-based ice caps and regions of dissected plateaux.  The two 

study sites are located within Rink-Karrat Fjord, and Ingia Fjord (Figure 5.1), 30 km and 18 

km from current ice margins respectively.  The sites are low in relief and elevation, in areas 

characterised by areal scouring, evidenced by ubiquitous glacially moulded bedrock.  

Sediment cover is sparse, evidenced only by a series of gravelly inset lateral moraines on 

Karrat Island, with little sediment between bedforms.  In order to compare subglacial 

bedforms across settings of varying geological structure, two sub-areas have been selected 

in both Karrat and Ingia Fjords.  Sub-areas KA1 and KA2 are in Rink-Karrat Fjord, and are 

both at similar elevations (200-260 m a.s.l.), on the eastern flank of the island (Figure 5.2).  

Sub-areas IN1 and IN2 are in Ingia Fjord, on the western side of a small peninsula at 100 m 

a.s.l. (Figure 5.2). 

 

 

Figure 5.2. Aerial photographs showing the areas from which bedforms were analysed.  

Locations of each sub-area are labelled.  Locations of Figure 5.2a and 5.2b are shown in 

Figure 5.1. 

 

5.2.2. Geology 

 

The geology of the Uummannaq region is characterised by Archaen basement rock in the 

East, overlain by Palaeozoic-Mesozoic sediments in the Igdlorssuit Sund region, and 

Palaeogene volcanic rocks offshore to the West (Figure 5.1 and 5.3) (Pedersen and 

Pulvertaft, 1992, Garde and Steenfelt, 1999, Henriksen et al., 2000).  Exposed bedrock in 

Ingia and Karrat Fjord is from the Nûkavsak Formation, part of the extensive Rinkian belt  
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Figure 5.3. (a) Overview of the bedrock geology of the Uummannaq region (adapted from 

Christiansen et al., 1998). Note that the sites on Karrat Island and Ingia lie within the 

Precambrian basement; (b) enlargement of Karrat Island and Nuugaatsiaq Peninsula with 

dominant bedding structure indicated (adapted from Henderson, 1971); (c) enlargement of 

Ingia Peninsula, again with dominant bedding structure indicated (adapted from Henderson, 

1971). 
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(Kalsbeek et al., 1998).  As detailed extensively by Henderson and Pulvertaft (1987a) the 

Nûkavsak formation is composed of interlayered granular semipelite and pelitic schist, 

interpreted as turbidites.  There is little lithological variation through their vertical and 

horizontal extent.  This bedrock exhibits multiple sub-vertical and sub-horizontal joints, and 

beds of variable thickness (~5-20 cm).  In the field, the metagreywacke was seen to be 

interbedded with infrequent veins of quartzite up to 50 cm thick.  Though found in all sub-

areas, their occurrence was most pronounced in IN1 and IN2. 

 

5.2.3. Palaeo-glaciological background 

 

During the Last Glacial Maximum (LGM), and potentially older glaciations, the entire 

Uummannaq region was dominated by a series of ice streams, which coalesced and 

extended ~200 km onto the continental shelf (Ó Cofaigh et al., 2013b), forming the 

Uummannaq Ice Stream System (UISS) (Roberts et al., 2013).  Recent field observations have 

shown that the upper limit of warm-based ice in the UISS was >1400 m a.s.l. during the 

LGM, with higher altitude areas either exposed as nunataks throughout the LGM, or covered 

by protective, cold-based ice (Roberts et al., 2013; this study, Chapter Four).  Palaeo-ice flow 

in the northern sector of the UISS (Ingia, Umiámáko and Rink Fjords) is thought to have 

coalesced and been deflected south, through Igdlorssuit Sund, an over-deepened 

Cretaceous bedrock basin (see Figure 5.3).  Here it is thought to have coalesced with ice 

from the south of the system and flowed through the Uummannaq Trough onto the 

continental shelf (Roberts et al., 2013).  Therefore, all study areas sit in upstream branches 

of the palaeo-UISS within topographically constrained fjords.  Based upon palaeo-

glaciological reconstructions, ice would have remained topographically constrained within 

the fjord system at these points.  These areas therefore represent unique locations in which 

to investigate the controls upon bedrock bedform structure in the upstream, 

topographically confined reaches of a large composite ice stream system. 

 

5.3. Methods 

 

Initial mapping was carried out using 1:50,000 topographic maps, geological maps 

(Henderson, 1971), 1:150,000 aerial photographs (3 m resolution) (Kort and 

Matrikelstyrelsen) and DEMs (created using ASTER GDEM2 imagery; ~15 m vertical 

resolution).  This allowed for initial assessment of the broad-scale topography, and mapping 

of areas characterised by areal scour and bedrock bedforms.  Regions of erosional glacial 
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landforms (e.g. roches moutonnées, whalebacks) were identified and mapped onto a 

topographic base map.  Subsequently, four sub-areas were chosen for detailed analysis of 

subglacial bedforms in the field (Figure 5.2).  These were chosen on the basis of accessibility 

and the ubiquity of bedrock bedforms throughout them.  In these areas, glacial bedforms 

and their features (e.g. striae, plucked faces) were identified using previously identified 

criteria (Glasser and Warren, 1990, Roberts and Long, 2005), mapped, and classified as 

roches moutonnées or whalebacks, and by length as macro (100 m’s), meso (100– 10 m’s) or 

micro (<10 m’s) (Roberts and Long, 2005).  50 or more bedforms were measured in each 

sub-area.  Bedform long axis orientation and dimensions (length, width, and height) were 

measured, and elongation ratios (ELR) (the ratio of length to width) were calculated.  

Transverse wavelength (TW - transverse distance between bedform crests in metres) was 

measured in each sub-area, thereby allowing calculation of bedform density (km2).  Bedform 

density estimates were also made from aerial photographs to confirm these values.  

Bedrock structure was characterised within each study area, through measurement of 

bedding plane strike and dip, joint density, and joint strike and dip.  Bedding planes, joint dip 

and dip direction were plotted using equal area lower hemisphere stereonets. 

 

5.4. Results 

 

5.4.1. Karrat sub-area 1 (KA1) 

 

An overview of bedform data is presented in Table 5.1 and photographs from each study 

area are shown in Figure 5.4.  Bedding planes in KA1 are tightly clustered, and strike WNW 

(Figures 5.3 and 5.5).  Well-formed joint systems run NNE-SSW and SE-NW in KA1 (Figure 

5.5), with 6-10 joints/m2.  Striae measurements are tightly clustered to 29°-209° (Figure 5.6 

and 5.7) in broad accordance with average bedform long axis (220°).  The majority of 

bedforms in KA1 are well-formed, meso-scale roches moutonnées, displaying some 

fragmentation.  Abrasion is evident on stoss-sides, and plucking has occurred on mid- and 

lee-side slopes, dominantly on south-westerly faces (Figure 5.4a).  Of the 50 measured 

bedforms, 6 are crudely formed whalebacks, with little plucking, and abundant abrasion.  

Average elongation ratio (ELR) is 2.52:1, and bedforms range from 1.9 – 23 m in length, 1.6 – 

4 m in width, and 0.9 – 9 m in height.  Bedform long axis becomes WSW (~250-260˚) to the 

south of the sample area.  Bedform transverse wavelength is 20 m, with bedform densities 

of 190 – 250/km2. 
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Figure 5.4.  Photographs of bedforms from study sub-areas with long-axis orientations 

shown (grey arrows): (a) Roches moutonnées from KA1, with abraded stoss-sides and 

heavily plucked lee-sides.  Frequent striae were found across upper faces.  Palaeo-ice flow 

right to left; (b) Short, rectilinear roches moutonnées from KA2ii.  Multidirectional striae and 

plucked faces suggest multiple palaeo-ice flow directions: right to left and obliquely towards 

the camera; (c) Field of whalebacks and occasional roches moutonnées in IN1: palaeo-ice 

flow right to left; (d) Asymmetrical whaleback forms from IN2 with palaeo-ice flow towards 

the camera.  Little lee-side plucking is evident; (e) View looking down-ice of asymmetrical 

whalebacks in IN2 with steeply angled bedding planes apparent.  Exposed ends of bedding 

planes can be seen to the left of the photo; (f) Side view of a whaleback from IN1, with 

palaeo-ice flow right to left.  Sub-horizontal bedding planes are evident, and the lee-side 

morphology of the bedform conforms to bedding plane dip.  See Figure 5.7 for photograph 

locations. 
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Table 5.1. Key features of bedforms mapped and characterised in this study. 

 

5.4.2. Karrat sub-area 2 (KA2) 

 

Bedding planes in KA2 are uniform and dip west (Figures 5.3 and 5.5).  Well formed joint 

systems run N-S and E-W (Figure 5.5), with 6-10 joints/m2.  Bedforms are characterised by 

small, individual, rectilinear roches moutonnées.  They display abraded stoss-sides, with 

ubiquitous lee-side plucking.  No whalebacks or bedforms without lee-side plucking were 

recorded.  Morphometric measurements from KA1 and KA2 demonstrate that KA2 

represents population of bedform distinctly different to KA1 (Figure 5.5.b – 5.5d).  Bedforms 

from KA2 were shorter, wider, and higher than those from KA1.  The transverse wavelength 

of bedforms throughout KA2 is 40 m, and bedform densities are 170-190/km2. 

 

Ice flow direction, as indicated by striae and plucked face orientation, varied throughout 

KA2.  As a result, sub-area KA2 was separated into KA2i and KA2ii (Figures 5.2a and 5.7).  

Bedforms in KA2i (n=40) displayed evidence for uni-directional ice flow (108° - 288°), and 

were found in the northwest of the KA2 region (Figures 5.2a and 5.7; Table 5.1).  Bedform 

long axis (190°) is perpendicular to striae direction (108° - 288°).  Bedforms are very short 

(0.80 - 13.20 m) and wide (1.50 - 15.00), with average ELRs of 0.80:1.  Plucked faces in KA2i 

are westerly facing (varying between 275° and 285°), broadly concordant with striae 

direction.  Westerly plucked faces are smooth, with a sloped, non-stepped appearance 

(Figure 5.4b), conformable to bedding plane strike and orientation. 

 

Bedforms within KA2ii (n=10) displayed clear evidence for multi-directional ice flow (32° - 

212° and 108° - 288°), and were found to the southeast of KA2i, further inland on Karrat 

Island (Figures 5.2a and 5.7a; Table 5.1).  Within KA2ii, the striae show a cross-cutting 

relationship, with the 288° set superimposed upon the 212° set.  As in KA2i, bedform long 

axis is 190°.  This is oblique to the primary striae direction (212°), and perpendicular to 

secondary striae direction (288°).  Bedforms were of similar length to those from KA2i (0.80  

Area 
Number 

(RM/WB) 

Long 

axis (°) 

Striae 

(°) 
ELR 

Height 

(m) 

Density 

(bfms/km-2) 

TW 

(m) 

Joint density 

(m2) 

KA1 50 (44/6) 220 209 2.52 1.32 192-240 20 9 

KA2 50 (50/0) 190 212/288 0.82 1.21 144-168 5 8 

IN1 50 (9/41) 254 244 4.79 1.55 160-190 12 5 

IN2 30 (5/25) 266 245 8.42 1.21 160-190 12 4 



138 
 

 

 

Figure 5.5.  Bedform data from KA1 and KA2: (a) Bedding strike and joint dip orientation 

plotted in stereonets, (b) Scatter plot of width against length for KA1 and KA2 (c) Scatter 

plot of height against length for KA1 and KA2 (d) Scatter plot of elongation ratio (ELR) 

against length for KA1 and KA2. 

 

 

 

Figure 5.6.  Striae data from the sub-areas studied, plotted in rose diagrams.  Note that 

striae in IN1 and IN2 were very sparse, and poorly preserved.  However, where present, 

identical striae directions were seen on bedforms in both IN1 and IN2 

 

– 11.10 m), but slightly narrower (0.90 – 10.00 m), with ELRs of 0.88:1.  Bedforms within 

KA2ii displayed two plucked faces, one smooth westerly face (as in KA2i) (~270°), and a 

second facing south-southwest (varying between 185° and 215°).  These two plucked face 

orientations are broadly concordant with striae directions. Westerly plucked faces are  



139 
 

Figure 5.7. Aerial photograph with superimposed rose diagrams showing striae 

measurements across Karrat Island, and bedform long axes and secondary axes (red lines).  

Locations of photographs in Figure 5.4 are shown. The dashed white line in (a) delimits the 

boundary between KA2i and KA2ii. 

 

smooth and conformable to bedding plane strike and orientation, similar to those in KA2i 

(Figure 5.4b).  In contrast, south-southwest facing plucked faces are oblique to bedding 

plane and primary joint orientations. 

 

5.4.3. Ingia sub-area 1 (IN1) 

 

The metagreywacke in which the bedforms of IN1 and IN2 are formed is thinly bedded (5-15 

cm), and strikes NW (Figure 5.8).  Well-developed joint systems run NE-SW (dominant set) 

and NNW-SSE, with a joint density of 5-6 m2.  Based on striae evidence, palaeo-ice flow was 

NE-SW (244°), with bedform long axes in agreement (254°; see Table 5.1).  Bedforms in this 

area are poorly formed meso-scale whalebacks (n=41) and roches moutonnées (n=9), with 

occasional superimposed micro-scale whaleback forms.  Abrasion, as evidenced by striae 

and polished surfaces, is found on stoss-, mid- and lee-positions of bedforms, with some 

evidence of minor plucking.  Where present, plucking is concentrated on the south-eastern 

lateral faces of bedforms, and some on the sloping lee-side faces.  The bedforms are highly 

asymmetrical in transverse profile, with steep, stepped plucked SE faces and NW faces 

which slope with bedding (Figures 5.4d and 5.4e).    Average elongation ratio (ELR) is 4.79:1, 

and bedforms range from 4.10 – 72.00 m in length, 0.70 - 18.90 m in width, and 0.20 - 7.60 

m in height.  Bedform transverse wavelength is 12 m, and bedform density is 160-190/km2. 
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Figure 5.8.  Bedform data from IN1 and IN2: (a) Bedding strike and joint dip orientation 

plotted as poles to planes in stereonets; (b) Scatter plot of width against length for IN1 and 

IN2; (c) Scatter plot of height against length for IN1 and IN2; (d) Scatter plot of elongation 

ratio (ELR) against length for IN1 and IN2. 

 

5.4.4. Ingia sub-area 2 (IN2) 

 

Bedrock in IN2 has similar properties to IN1, with thin, uniformly bedded bedding planes, 

striking NNW (Figure 5.8).  Joint systems are well-developed and run NE-SW (dominant set) 

and N-S, with a joint density of 5-6/m2.  As in IN1, striae data show palaeo-ice flow to have 

been NE-SW (244°), with average bedform long axes of 266° (Table 5.1).  Bedforms are 

characterised by poorly formed, meso-scale whalebacks (n=25), with occasional micro-scale 

whalebacks superimposed upon them.  Rare roches moutonnées (n=5) were recorded.  As in 

IN1, the cross-profile of the bedforms is highly asymmetrical.  Abrasion has taken place on 

stoss-, mid- and lee-positions across bedforms.  Where present, plucking is focused on the 

lateral, southern flanks of bedforms.  Bedform ELRs are the highest in this area (8.42:1), and 

bedforms 7.50 – 96 m in length, 1 – 12 m in width, and 0.90 – 3.30 m high.  The transverse 

wavelength of the meso-scale bedform ridges is 12 m, and bedform density is 160-190/km2.  
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Morphometric measurements of bedforms from IN1 and IN2 demonstrate that, in contrast 

to KA1 and KA2, they represent very similar populations, with no major difference in width, 

height, length, or ELR (Figure 5.8.b – 5.8d). 

 

5.5. Discussion 

 

5.5.1. Bedform relationship to ice flow 

 

The following section discusses the relationship of bedrock to the basal and glaciological 

conditions experienced during the last glacial cycle.  Sites from both Karrat Island and Ingia 

sit in deeply incised fjords, upstream of the UISS onset zone.  The UISS is known to have 

been active throughout the LGM and earlier glaciations (Roberts et al., 2013).  As a result of 

this deeply entrenched setting, all sub-areas would have been subject to focused selective 

linear erosion and areal scour by thick ice during multiple glacial cycles.  It is likely that local 

ice flow velocities were high, induced through topographic drawdown into over-deepened 

troughs (Hall and Glasser, 2003, Roberts and Long, 2005, 2013).  As demonstrated by striae 

and terrestrial cosmogenic nuclide evidence across Karrat Island and Ingia Fjords; warm-

based, erosive UISS ice was present up to 1968 - 1400 m a.s.l. in the inner fjord, and >1040 

m a.s.l. in the outer fjord (see Chapter Four).  As both areas represent small, low elevation 

peninsulas (100-260 m a.s.l.), they would have been covered by >700 m of ice during the 

local LGM.  This evidence, independent of bedform data, suggests that all study areas were 

subject to glacial erosion under thick, warm-based ice. 

Thick ice leads to warmer basal conditions, lower ice viscosities, and increased subglacial 

meltwater production, encouraging higher basal erosion rates (Kessler et al., 2008, Iverson, 

2012).  The warm-based, low viscosity ice would have encouraged enhanced creep as 

bedrock basal perturbations were encountered (Benn and Evans, 2010).  As bedform 

interpretation is typically used to assist in inferring palaeo-glaciological conditions, the 

bedform response to palaeo-glaciological conditions has to be approached with care.  

Although ice thicknesses throughout the region are known, and during glacial flow 

conditions the region would have been dominated by widespread, warm-based ice, accurate 

ice velocity estimates are difficult to make.  However, as LGM ice thicknesses are thought to 

have been comparable between Ingia and Karrat Island, any regional bedform variation will 

therefore be accounted for by either changes in ice flow direction, velocity, or non-glacial 

factors. 
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Bedforms in KA1 show a clear relationship to palaeo-ice flow direction.  Striae show 

evidence for uni-directional ice flow (209°), sub-parallel to average bedform long axis (Figure 

5.7).  Roches moutonnées show clear evidence of stoss-side abrasion, and extensive plucked 

southwest lee-side faces, consistent with the action of both abrasion and plucking across 

the bedform (Sugden et al., 1992b, Rea, 2007).  Forces acting directly into the bed are 

greatest on the stoss-side, which encourages widespread abrasion.  Conversely, lee-side 

block removal occurs through plucking, with reductions in normal stresses allowing fracture 

and consequent block entrainment (see section 5.1.2.) (Rea, 2007). 

 

Bedforms within KA2 are a response to either: uni-directional (KA2i) or multidirectional 

(KA2ii) ice flow.  In KA2i, uni-directional flow (288°) was perpendicular to bedding strike, 

creating short rectilinear bedforms with a single westerly lee-side plucked face, and an 

abraded stoss-side face.  Bedforms from KA2ii display characteristics of multiple ice flow 

directions and are clustered to the southeast of KA2.  Here, ice flow switching across Karrat 

Island has caused multiple phases of plucking, forming multiple plucked faces.  Although 

only two phases of ice flow are recorded in the geomorphological evidence of KA2ii (212° 

and 288°), it is glaciologically implausible that they were not preceded by an initial phase of 

topographically constrained E-W ice flow.  A geomorphological expression of this earlier 

flow phase is either not present due to erosion by subsequent ice flow, or is present, but 

cannot be differentiated from the latter E-W flow phase.  Based upon this, a three stage ice 

flow model is predicted for the region: 

(1) East-west, topographically constrained ice flow at ~288°.  This phase would have 

occurred during ice build-up.  This was transverse to bedding strike in KA2, causing abrasion 

of easterly stoss faces, and plucking of westerly lee-sides; 

(2) As ice thicknesses increased they were sufficient to overwhelm west Karrat Island, and 

were probably sourced from Umiámáko Isbræ.  As a result of the removal of this 

topographic constriction ice flow became northeast-south west at ~212°.  This was oblique 

to bedding strike, abrading northeast faces and plucking south-southwest faces; 

(3) Ice flow became topographically constrained, flowing east-west during deglaciation.  Ice 

flow was transverse to bedding strike, causing further easterly stoss faces and westerly lee-

side plucking.  This would have reactivated plucked faces originally eroded in the first ice 

flow phase.  In addition, plucked faces developed during the second stage of ice flow would 

have been smoothed. 

 



143 
 

Alternatively, the striae could solely represent the deglacial phase of LGM ice activity on 

Karrat Island.  If so, it is likely that the cross-cutting striae are marking a response to 

increasing topographic control during deglaciation.  This would mean only points 2 and 3 of 

the above model are represented in this striae set, explaining the possible absence of the 

earlier phase. 

 

There are also large differences in ELR between KA1 and KA2i/KA2ii (2.52:1 and 

0.80:1/0.88:1 respectively).  However, due to their close proximity (<1.5 km), differences in 

palaeo-ice flow thicknesses and velocities are likely to have been negligible, suggesting that 

glaciological factors did not control bedform length and width in KA1, KA2i, and KA2ii. 

 

As evidenced by striae and fjord orientations, ice flow across IN1 and IN2 was consistent 

(244°) and sub-parallel to bedding strike.  As a result, bedforms in both IN1 and IN2 display a 

similar response to ice flow.  This has produced elongate bedforms with long axes sub-

parallel to ice flow (254° and 266°), abraded stoss- (NE) and lee-sides (SW), and plucked 

lateral faces (SSE).  The fact that bedform long axes are sub-parallel to ice flow suggests that 

they represent a similar response to their palaeo-glaciological conditions as bedforms in KA1 

– with abrasion and plucking creating bedforms with long axes conforming to palaeo-ice 

flow direction.  However, as opposed to the dominance of roches moutonnées in KA1 and 

KA2 (94 out of 100), 66 of 80 bedforms in IN1 and IN2 are whalebacks.  Although it has been 

previous suggested that fast ice preferentially produces whalebacks through suppression of 

cavity development (Evans, 1996a), all the areas in this study are thought to have 

experienced similar LGM ice velocities.  This makes it unlikely that variability in bedform 

type is controlled by ice flow.  There are differences in distance from the current ice margin 

and in topography between Karrat Island and Ingia, but both sites represent significant 

constrictions within the fjord, making it unlikely that the local topography controlled 

bedform morphology. 

 

It is evident that bedform morphology in all sub-areas throughout this study is a result of a 

complex response to palaeo-ice flow conditions.  Given the hypothesised consistency of 

other ice flow properties (thickness, basal conditions, and velocity), palaeo-ice flow 

direction has exerted an important control upon bedform characteristics in all sub-areas 

through plucking and abrasion (e.g. long axis, plucked face orientation).  In areas of multi-

directional ice flow (KA2ii), it has caused bedform shortening and the development of 

multiple plucked faces (Roberts and Long, 2005, 2010).  In contrast, bedforms in areas of 
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unidirectional ice flow (KA1, KA2i, IN1, and IN2) would be hypothesised to display higher 

ELRs, due to a single flow direction, and therefore a consistent direction of erosion.  Though 

applicable for most areas in this study (KA1, IN1, and IN2), this is not found in KA2i.  Here 

bedforms are extremely short, with ELRs of <1:1, despite unidirectional ice flow and 

comparable palaeo-ice thicknesses to other sub-areas.  It is therefore clear that variability in 

bedform morphology in this study (e.g. bedform type and ELR) it not explicable solely 

through ice flow properties. 

 

5.5.2. Bedform relationship to geological structure 

 

Although bedrock bedforms must develop as at least a partial response to the palaeo-

glaciological characteristics they experience (thermal regime, thickness, velocity), only in 

KA1 does this response appear simple, with ice flow parallel bedding planes, and plucked 

lee-faces directly down ice of bedforms.  In other areas long axis, orientation, ELR, plucked 

face orientation, and bedform type appear to be controlled by non-glaciological factors.  Of 

these non-glacial factors, bedrock structure is well known to exert a direct control of varying 

impact upon bedform morphology and development.  Initially explored by Gordon (1981), 

variations in bedding plane orientation, joint orientation, and rock hardness can influence 

the nature and morphology of resultant bedforms.  These relationships have been 

investigated by a number of authors (Gordon, 1981, Rea and Whalley, 1994, Roberts and 

Long, 2005, Roberts et al., 2010, Dühnforth et al., 2010, Krabbendam and Bradwell, 2011, 

Krabbendam and Glasser, 2011, Hooyer et al., 2012).  As described above, bedding plane 

strike, joint orientation and joint spacing vary greatly between Karrat Island and Ingia 

(Figures 5.5, 5.6 and 5.9), and it is possible that these differences have driven the bedform 

morphology variability. 

 

In KA1, KA2i, and KA2ii, bedding plane and joint characteristics have had a demonstrable 

impact upon bedform properties.  In KA1 the NW-SE joint set is transverse to palaeo-ice flow 

(Figure 5.5 and 5.7), which has facilitated widespread lee- and mid-slope plucking.  Over 

time, block removal during glaciation has removed large volumes of material from lee-side 

slopes, resulting in bedform shortening (Roberts and Long, 2005).  Bedform width has also 

been controlled by bedrock structure; joints running sub-parallel to palaeo-ice flow (NE-SW), 

and bedding planes dipping NW have acted as lines of weakness along which ice has been 

able to preferentially erode through both abrasion and plucking.  The steep bedding plane  
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Figure 5.9.  Idealised schematic diagrams of bedforms from: (a) KA1; (b) KA2i; (c & d) IN1 

and IN2.  Ice flow direction is indicated by arrows.  (a, b and c) Long-sections through the 

bedforms, (d) short-section through the bedform displayed in c.  Grey areas indicate zones 

which have experienced clear plucking.  Note that ice flow in d is into the page. 

 

dip (41°) has exposed more exploitable lines of weakness than shallow bedding would, 

encouraging the development of narrow bedforms in KA1. 

 

As outlined above, bedforms in KA2i are a response to erosion from unidirectional ice flow 

during the LGM.  Lee-side plucking of westerly bedform faces in KA2i has been facilitated by 

extensive, well-developed north to south striking bedding planes and joint systems (see 

Figures 5.5 and 5.9).  These structures run perpendicular to palaeo-ice flow direction (288°), 

and dip down-ice.  This orientation and angle of dip has encouraged block removal directly 

along bedding plane surfaces.  Plucking of this nature has produced the low-relief, non-

stepped plucked faces throughout KA2i, with faces parallel to bedding plane dip in three-

dimensions.  The steep average bedding plane dip has facilitated ice-bed separation across 

the lee-sides of the bedforms.  This has caused the exploitation of bedding planes and sub-

parallel joints, as lines of weakness, through plucking.  It is this process and bedding plane 

configuration which has generated the smoothed, sloping lee-side plucked faces.  Despite 

the non-stepped appearance of the faces, plucking was the dominant erosive agent during 

bedform development.  The less extensive east to west joint system has exerted some 

control over bedform width, via joint propagation, block removal, and abrasion along them.  
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However, the low density of this joint set has meant width reduction has been minimal, 

allowing bedforms to maintain their large width and low ELRs.  These low ELRs (~0.8:1) are 

therefore a direct result of bedrock structure, encouraging bedform shortening. 

 

In contrast, bedforms within KA2ii are a result of erosion following multi-directional, multi-

phase ice flow.  Bedforms exhibit clear multiple plucked faces, recording an erosional 

response to east – west and northeast – southwest ice flow.  In the model proposed in 

section 5.1.1., east – west ice flow caused plucking along north - south trending joints and 

bedding planes, forming westerly facing plucked faces, similar to those in KA2i.  Subsequent 

north-east to south-west ice flow formed south-west and south facing plucked faces 

through block removal along east to west trending joints.  This phase of ice flow was oblique 

to joint orientation, and resultant plucked faces are less distinct.  A resumption of east to 

west ice flow led to plucking of westerly faces, causing further block removal and bedform 

shortening. 

 

In IN1 and IN2, bedrock structure has exercised a strong control upon bedform type, length, 

width and orientation.  Despite a stable ice flow direction between the two areas (244°), 

bedform long axis fluctuates between 254° (IN1) and 266° (IN2).  This long axis variation 

closely mirrors a change in bedding plane strike from 317° and 325°, suggesting a formative 

relationship between the two.  Though little lee-side plucking was documented, almost all 

bedforms in IN1 and IN2 show evidence of extensive block removal from their steep SE faces 

(Figure 5.4d).  This plucking has been facilitated by exploitation of the exposed ends of NW 

striking bedding planes, with blocks removed along sub-vertical NE-SW joints, controlling 

bedform width. 

 

Bedforms on Ingia are dominated by whaleback forms (66 out of 80).  As discussed in 

section 5.1, their abundance (over roches moutonnées) is unlikely to be a function of ice 

flow characteristics, due to the similarity between Ingia and Karrat Island.  They display 

ubiquitous stoss- and lee-side abrasion, and in general, little evidence of plucking or clear 

plucked faces on lee-sides, despite the presence of joints running transverse to palaeo-ice 

flow.  This suppression of lee-side plucking is a result of three factors.  Firstly, bedding 

planes and the majority of joints are sub-parallel to palaeo-ice flow, with few joints running 

transverse to palaeo-ice flow (1-5 m2).  This low joint density makes plucking difficult, as the 

ability of ice to exploit lines of weakness is reduced, and block loosening is hindered.  

Secondly, a number of bedforms display thick (30-50 cm) bands of quartzite, interbedded  



147 
 

Figure 5.10. Photographs and sketches of a large, abraded whaleback bedform from IN1, 

representative of the bedforms found throughout the region.  Palaeo-ice flow was right to 

left in a and b: (a) Sketch of the bedform, showing all major visible joints and bedding 

planes.  The quartzite band towards the top of the bedform is marked by grey shading.  

Abrasion is evident on stoss- and lee-sides, with no demonstrable lee-side plucking; (b) 

Photograph of the whaleback. The southeast facing laterally plucked surface faces the 

camera; (c) and (d) Photograph and sketch of the upper half of the bedform, showing the 

noticeable difference in bedding and joint density between the metagreywacke and 

quartzite; (e) Plan and short cross-profile view of the bedform, with bedding and joint data. 
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with metagreywacke.  In places these cap the bedforms, or outcrop at the bedform surface 

(Figure 5.10b and c).  The crystalline quartzite is harder than metagreywacke, and also 

contains far fewer bedding planes and joints (~1-4 m2) than the metagreywacke.  These 

properties make the quartzite considerably more likely to experience abrasion than plucking 

(Krabbendam and Glasser, 2011).  Therefore, where present, the quartzite has assisted in 

creating smooth stoss- or lee-side faces.  Thirdly, bedding planes in IN1 and IN2 have a 

down-ice dip of 3° relative to ice flow.  As the metagreywacke is thinly bedded (5-15 cm), ice 

on the lee-side of bedforms was able to easily abrade across the bedding plane surfaces; the 

most prominent lines of weakness.  This again limits opportunities for block loosening and 

removal.  Some erosion through plucking is likely to have taken place alongside the 

extensive abrasion.  As the thin bedding planes dip down-ice, it is foreseen that plucking 

would occur through the removal of thin sheets, directly along the bedding planes.  

However, the available evidence cannot provide further detail on this process, and it forms 

an important impetus for further investigation. 

 

Geological structure has played an important role in controlling the variability of a number 

of bedform properties that cannot be explained by spatial or temporal changes in ice flow 

characteristics.  In particular, joint and bedding plane density and orientation have been 

shown to exert a strong control upon bedform type, length, width and orientation.  In 

addition, the steepness of bedding plane dip relative to ice flow appears to have a strong 

effect upon both ELR and bedform type. 

 

5.5.3. Relationship to other studies – importance of understanding bedrock structure 

 

A number of studies have attempted to understand the complexities of interactions 

between bedrock bedforms, ice flow dynamics and bedrock structure.  Results from KA1, 

KA2i, and KA2ii demonstrate the role that single and multiple flow directions, variations in 

bedding orientation, and joint characteristics play in bedform development.  These findings 

reinforce some conclusions drawn by others.  Roberts and Long (2005) reported bedforms 

from areas of ice streaming with low ELRs (2.8:1) but high densities (>200 km2), as a result of 

abrasion, intense plucking, and consequent bedform shortening through advance and 

retreat cycles.  Though joint structure is acknowledged to have had a role in bedform 

properties, it is concluded that ice velocity is the principal control upon bedform 

morphology.  The bedforms from the Roberts and Long (2005) study appear directly 

comparable to those from KA1, displaying a similar response to palaeo-ice flow; low ELRs 
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and high densities.  In the Sisimiut region, West Greenland, Roberts et al. (2010) 

demonstrated that strong bedding structure orientated sub-parallel to ice flow allowed slow 

flowing ice to produce elongate bedforms (ELRs >10:1) through repeated glacial inundation.  

In contrast, in an area of palaeo-ice streaming, bedforms with low ELRs (3.7:1) were 

reported (Roberts et al., 2010).  High bedform densities were also reported (>200 bedforms 

km2), similar to those in KA1 and KA2.  These were formed by bi-directional ice flow, 

transverse and sub-parallel to the bedding plane direction, comparable to KA2ii.  As in KA2ii, 

geological and glaciological conditions have produced short, wide bedforms with low ELRs 

and multiple plucked faces (Roberts et al., 2010).  As plucking occurs through block removal, 

a reflection of palaeo-ice flow direction in plucked face orientation is expected.  However, in 

KA2i, KA2ii, IN1 and IN2 there is an offset between plucked face orientation and palaeo-ice 

flow direction.  This is because plucking has been facilitated by fracturing along pre-glacial 

joints, and does not always directly reflect palaeo-ice flow direction (Figure 5.11).  This is 

supported by other studies (Gordon, 1981, Rea and Whalley, 1996, Krabbendam and 

Bradwell, 2011, Hooyer et al., 2012) and is in agreement with Hooyer et al.’s (2012) plucking 

model, in which block removal occurs when rock bridges between joint separated blocks 

fail, meaning plucked faced distribution preferentially follows joint orientation. 

 

Recent work based on a small number of bedforms in northwest Scotland suggested that 

joint spacing is able to govern the amount of glacial erosion possible over a bedform surface 

(Krabbendam and Glasser, 2011).  In combination with rock hardness, it can also control the 

switch between the plucking and abrasion as the dominant erosive mechanism.  Though 

joint spacing is likely to have been an important control upon bedforms in the study area, 

there was not a sufficient sample size to analyse this relationship. 

 

A similar type of bedrock plucking to that recorded on the lateral flanks of bedforms in IN1 

and IN2 has been outlined by Krabbendam and Bradwell (2011), where it was termed 

“lateral plucking”.  In their description, this process formed a series of negative megagroove 

features, not positive bedforms as in this study (Krabbendam and Bradwell, 2011).  Lateral 

plucking is described as a form of lee-side plucking, rotated by 90°, requiring a very 

particular orientation of joint and bedding planes in relation to ice flow.  During lateral 

plucking, cavities form on steep walls with multiple protuberances, allowing block loosening 

and translocation about a vertical axis, causing erosion at right angles to ice flow 

(Krabbendam and Bradwell, 2011).  In their discussion, erosion along the flat surfaces (i.e. 

megagroove floors) is dominated by abrasion due to a cited absence of protuberances in the  
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Figure 5.11.  Schematic diagram showing the idealised development of bedforms in each sub-area, showing a simplified version of the joint and 

bedding systems.  Idealised bedding planes are shown by the thicker lines, and joint systems are the thinner, more frequent lines.

1
5

0
 



151 
 

surface, despite the variable bedding dip (5-40°) which is likely to have prepared bedding 

planes for plucking.  In the examples from IN1 and IN2, this process of lateral plucking has 

acted to control bedform width.  The nature of plucking processes (lee-side or lateral), and 

resultant landform (positive bedforms or negative grooves) depend upon highly local factors 

of geological structure, including bedding plane dip, bed thickness, joint orientation, joint 

spacing, and the land surface prior to glaciation. 

 

The bedforms on Ingia appear very similar in morphology to those found in the Tyne Gap 

(Livingstone et al., 2010), an area between the Scottish Southern Uplands and the English 

Pennines.  In addition to the similarity in bedform morphology, bedrock properties relative 

to palaeo-ice flow direction are similar between the two locations (bedding plane dip 

direction relative to ice flow, joint orientation).  The bedforms from the Tyne Gap were first 

identified by Livingstone et al., (2010), and form a set of highly streamlined positive 

subglacial bedforms recording west to east ice stream flow.  The southeast dipping, east-

northeast to west-southwest striking bedrock (interbedded sandstone, mudstone and 

limestone) has helped promote the elongation of these bedforms.  A study by Krabbendam 

and Bradwell (2011) investigated these bedforms, interpreting them as negative asymmetric 

megagrooves, formed through lateral plucking, as outlined above.  Despite the variability in 

interpretation (i.e. positive vs. negative landforms), the bedforms are most likely to be a 

mixture of both positive and negative bedforms.  However in this study only the positive 

bedforms are focused upon.  The relationship between palaeo-ice flow direction, bedding 

orientation and bedding dip is identical to whaleback-type bedforms in sub-areas IN1 and 

IN2, although the Tyne Gap bedforms appear an order of magnitude larger.  The bedforms 

in Ingia have also experienced a similar history of lateral plucking, controlling bedform width 

and promoting elongate bedforms.  As a result, streamlined bedforms found in the Tyne 

Gap and whaleback type features found within Ingia Fjord are thought to be related features 

(forming under ice stream conditions), as a result of specific underlying bedrock structural 

properties.  It is likely that asymmetrical megagrooves and the whaleback type landforms 

from IN1 and IN2 form part of a continuum of bedrock bedforms.  The bedforms within this 

continuum are controlled by structural properties of the bedrock, and not glaciological 

properties, with bedding plane strike and dip angle being the dominant controls.  However, 

their position within the continuum is not known at present, and requires further research 

in areas of similar glacial history, and similar structural bedrock configuration. 
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Evidence for abrasion and plucking was found in all sub-areas, yet in varying degrees of 

relative significance.  A number of studies have concluded that plucking is the more efficient 

agent at rock removal (Briner and Swanson, 1998, Dühnforth et al., 2010).  Others have 

argued that this is a generalisation (Krabbendam and Glasser, 2011), and that erosional 

efficiency is highly dependent on local bedrock properties and structure.  Results from this 

study agree with this latter conclusion, and have shown that small variations in bedrock 

structure can result in large changes in erosive potential and erosional process.  Despite the 

favourable conditions for intense abrasion throughout the study areas (thick, fast flowing ice 

promoting cavity suppression) plucking has been more efficient at removing rock than 

abrasion.  This is due to the densely jointed, thinly bedded bedrock throughout the region, 

making it highly susceptible to plucking. 

 

5.5.4. Importance of bedding plane dip relative to ice flow direction 

 

Despite the work carried out concerning the influence of joint properties upon bedform 

characteristics, few have considered the role of bedding plane dip angle (Gordon, 1981).  It 

was briefly described by Krabbendam and Bradwell (2011), though only in its impact upon 

lee-side plucking, and not considered more generally in bedform development.   In addition 

to the strike and dip of bedding, bedding plane dip relative to palaeo-ice flow direction(s) is 

a significant controlling factor upon bedform relief and morphology in this study.  When 

bedding plane dip relative to palaeo-ice flow is low (either up or down ice), resultant 

bedforms are low in relief and amplitude, with high transverse wavelengths and ELRs (e.g. 

IN1 and IN2) (Figure 5.12 a and b).  In contrast, if bedding plane dip relative to palaeo-ice 

flow is high, bedforms are high in relief and amplitude, and display low transverse 

wavelengths and ELRs (e.g. KA2) (Figure 5.12 a and b).  Based upon theoretical and field-

based knowledge, it is therefore possible to make a number of predictions about the likely 

characteristics of bedforms under different bedding plane dip configurations (Figure 5.12). 

 

A low bedding plane dip relative to ice flow allows ice to preferentially flow along bedding 

planes surfaces (Figure 5.12a-d).  These planes offer a pathway of low resistance for basal 

ice, as they lie sub-parallel the ice sole in three dimensions.  This forms a uniform surface, 

offering a stable subsole on either stoss (if dipping up ice) or lee (if dipping down ice) 

bedform slopes.  This allows the maintenance of a low relief, low roughness bed, reducing 

stresses acting across the bed, and promoting the development of elongate bedforms.  As 

erosion occurs across the bedding plane surface, its low relief suppresses cavity formation, 
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preventing the occurrence of conditions conducive to plucking.  Therefore, in regions of 

down-ice bedding plane dip at a low angle, it is likely that resultant bedforms will be 

whaleback in form, with high ELRs and wavelengths (Figure 5.12a-d).  

 

 

Figure 5.12. Model of bedform formation in regions of different relative up- or down-ice 

bedding plane dip, and hypothesised resultant bedforms.  Black arrows represent ice flow 

direction.  a, b, e, and f represent an idealised land surface, prior to glaciation and glaciation 

erosion.  c, d, g, and h are idealised land surface cross-sections, following glaciation.  Green 

areas indicate surfaces dominated by glacial abrasion; red areas indicate surfaces 

dominated by lee-side plucking. 

 

 

Conversely, if the dip is up ice, bedforms will display high ELRs and wavelengths, but are 

likely to form low relief roches moutonnées, with lee-side plucking (Figure 5.12e-h).  As 

bedding dip relative to ice flow increases (Figure 5.12e-h), the ice subsole cannot erode 

along bedding planes for long distances.  Instead, ice flow was against bedding planes.  This 

creates increased bed roughness across the bedforms, leading to higher basal stresses.  If 

bedding plane dip is up ice, bed roughness is highest on lee-side slopes, encouraging lee-

side cavity formation and plucking, producing classic roches moutonnées forms (Figure 

4.12d) (Benn and Evans, 2010).  If the dip is down ice, lee-side faces have low roughnesses, 

and allow ice to flow parallel to the bedding plane for short distances (Figure 5.12c).  This 

produces roches moutonnées with smooth lee-side faces, reflecting block removal directly 
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along bedding planes (e.g. KA2i).  In both instances, resultant bedforms are likely to have 

low ELRs and wavelength, and high amplitude. 

 

5.6. Conclusion 

 

This study has investigated the controls upon bedrock bedform development in the 

Uummannaq region, an area which experienced topographically constrained, fast ice flow 

during the LGM.  Bedforms in four sub-areas from two neighbouring fjords were analysed 

from the upstream reached of the palaeo-UISS.  Palaeo-glaciological conditions are thought 

to have been similar for all sites in the study, characterised by thick fast ice, flowing over a 

rigid bedrock bed.  Palaeo-ice flow direction has exerted a broad control on bedform 

orientation, with the majority of areas displaying bedform long axes sub-parallel to ice flow.  

Bedforms in areas which experienced multiple ice flow directions (KA2ii) display multiple 

plucked faces and have experienced bedform shortening, as recorded in other studies.  

Most other sub-areas have experienced less bedform shortening, as a result of 

unidirectional ice flow (KA1, IN1, and IN2).  However, much variability in bedform 

morphology (elongation ratio, bedform type, bedform length) cannot be accounted for by 

regional glaciological properties, with bedforms from some areas of unidirectional ice flow 

exhibiting intense bedform shortening (e.g. KA2i).  Instead, structural characteristics of the 

host bedrock, predominantly pre-existing joint orientations, have been able to control 

bedform width and height, by encouraging plucking along these lines of weakness.  

Bedforms in Ingia displayed evidence for areally extensive abrasion and plucking.  However, 

plucking has been focused upon the lateral flanks for bedforms.  This process has been 

described elsewhere, though only in the formation of negative, megagroove features.  

 

In this study, elongation ratios, often used as a measure of ice flow velocities in areas of 

differential ice flow, varied between 0.81:1 and 8.42:1.  Due to the constant palaeo-

glaciological conditions throughout the regions, this bedform property appears to bear no 

relationship to ice flow velocity.  Instead, the bedding plane dip relative to palaeo-ice flow 

was found to be of great importance to the resultant bedform ELR.  Shallow bedding plane 

angles promote high ELRs, whereas steep angles encourage low ELRs.  Contrary to other 

studies, roches moutonnées and whalebacks were found in areas of similar ice dynamics, 

suggesting that their abundance is a direct result of bedrock structure, not palaeo-

glaciological conditions.  Whalebacks occur exclusively in areas of shallow, down-ice dipping 

bedrock, with low joint densities.  This has resulted in bedding plane parallel plucking, with 
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some abrasion of lee-sides, creating whaleback forms.  The results of this study echo those 

of other recent studies, highlighting the need to fully understand bedrock characteristics 

before using them to investigate palaeo-ice flow processes.  
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CHAPTER SIX 

Last Glacial Maximum glaciation of the Svartenhuk Peninsula, an area peripheral to the 

Uummannaq Ice Stream System 

 

Abstract 

 

The Svartenhuk Peninsula is a large, relatively low-altitude (<1000 m a.s.l.) landmass which 

forms the northern border of the Uummannaq region.  Previous research on this peninsula 

has provided biostratigraphic, chronological and sedimentological studies evidence for the 

‘Svartenhuk Marine Event’.  This was a period of deposition into a higher than present 

relative sea-level.  Based upon a series of infinite radiocarbon ages, U/Th ages, and shell 

amino acid racemization results this marine event was dated to 115 – 55 kyr, thought to 

record deposition during an interstadial. 

 

This chapter provides detailed geomorphological and sedimentological results from three 

valleys across the southern Svartenhuk coast, reporting ice-contact and glacier-fed deltas, 

striated bedrock, moraines, kettled outwash, and subglacial till.  Together these present a 

compelling argument for the glaciation of the Svartenhuk coastline in the past.  In 

conjunction with ice directional indicators, clast lithological results demonstrate that ice was 

sourced from the higher altitude interior of the Svartenhuk Peninsula and expanded to the 

present coastline.  The presence of two subglacial tills in bother Arfertuarssuk and Tasiussaq 

suggests that deposits record at least two glacial advances, separated by a period of 

proglacial delta development.  New shell radiocarbon dates from both subglacial tills 

overlap, and provide 49.8 cal. kyr BP as a maximum age for glaciation.  This suggests that 

both glacial advances occurred during the last glacial cycle.  Sedimentological evidence of 

deglaciation is predominately of raised marine origin, and is therefore likely to have 

occurred during the early phases of deglaciation, in association with a glacio-isostatically 

higher sea-level. 

 

These results are in direct contrast with previous results, and question the tenability of the 

age and characteristics of the ‘Svartenhuk Marine Event’.  The correlation of the ‘Svartenhuk 

Marine Event’ to highly localised evidence for a number of other Greenlandic marine events 

or interstadials must also now be questioned. 
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6.1. Introduction 

 

Ice sheets are well known to exert major impacts upon landscape evolution at local, regional 

and continental scales, and have done throughout the Quaternary (Sugden, 1974, Whillans, 

1978).  The ice-free periphery of the Greenland Ice Sheet (GIS) is a unique region in which to 

interrogate landscape evolution resulting from repeated ice sheet erosion during the 

Pleistocene.  The present ice free landscape of Greenland is dominated by areas resulting 

from ice sheet activity (areal scour, selective linear erosion, and little to no glacial 

modification), and those formed through the action of independent valley and mountain 

glacier systems (Sugden, 1974) (see Chapter Three).  During full glacial conditions, the 

majority of land surrounding Greenland would have been inundated and covered by thick, 

ice stream and inter-stream ice as it moved offshore (Funder et al., 2011).  The extent of the 

GIS during the Last Glacial Maximum (LGM) and preceding glacial periods remains poorly 

constrained.  However, knowledge of the influence ice streams had upon ice sheet dynamics 

is increasing (Ó Cofaigh et al., 2004, 2013b, Weidick and Bennike, 2007, Evans et al., 2009, 

Roberts et al., 2008, 2009, 2013, Funder et al., 2011), and their effect upon long-term 

landscape dynamics is becoming better understood (Swift et al., 2008, Jamieson et al., 2008, 

Kessler et al., 2008).  At the LGM, the GIS in West Greenland was drained by a series of 

large, cross-shelf ice streams which terminated at, or close to, the shelf-edge, and produced 

large trough mouth fans (Roberts et al., 2010, 2013, Ó Cofaigh et al., 2013a, 2013b).  The 

location and longevity of these systems is likely to have had an important impact upon 

landscape evolution and modification (Swift et al., 2008, Roberts et al., 2009, 2010). 

 

Despite the extensive glacial activity which has eroded much of the land surrounding the 

GIS, a number of lowland regions were thought to have remained ice free throughout glacial 

cycles.  Based upon botanical evidence, these were hypothesised to have acted as refugia 

for plants during glacial periods (McCarthy, unpublished).  Although a number of these were 

disproved, other regions were identified by (Sugden, 1974) as areas displaying ‘little or no 

evidence of glacial erosion’ (Figure 6.1).  Areas classified as such by Sugden (1974) are highly 

localised in their distribution, and it was suggested that a highly local combination of 

favourable factors are required to generate and then preserve these landscapes (Sugden, 

1974).  It is possible that the intense focusing of ice flow which occurs in ice streams could 

have starved peripheral  
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Figure 6.1. Map of the landscapes of glacial erosion on the ice-free rim of Greenland, as 

mapped by Sugden (1974). 

 

inter-stream areas of warm-based ice, leaving them stranded as fields of cold-based ice, a 

phenomenon outlined by Kleman and Glasser (2007) in discussing the subglacial thermal 

organisation of an ice sheet.  This would produce large ice sheet proximal regions exhibiting 

very restricted evidence for glacial activity, although it is probable that higher altitude 

terrain was colonised by small warm-based valley glaciers, cold-based plateau ice-fields, or 

inter-stream areas.  Western Svartenhuk is hypothesised to be one such region (Sugden, 

1974; Chapter Three, this study). 

 

It is thought to have been minimally effected by the nearby Uummannaq Ice Stream System 

(UISS) (Roberts et al., 2013) during glacial conditions, and was instead occupied by local 

mountain and plateau glaciers.  However, the extent and timing of glacier growth remains 
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unknown.  This chapter therefore aims to: (i) evaluate the pre-LGM and LGM glacial history 

of the Svartenhuk landscape, understanding the contributions of both GrIS ice and 

independent mountain valley glaciers and ice caps; (ii) investigate the morphology and 

sedimentology of landforms throughout the southern Svartenhuk region; (iii) create a 

chronological framework for the landforms and deposits in this region, in order to allow re-

evaluation of the overall glacial history of the peninsula. 

 

 

 

 

 

Figure 6.2. Topographic overview map of Uummannaq region.  Altitudes are taken from 

ASTER imagery, and bathymetry from GEBCO. 
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6.2. Previous work on the glacial history of the Svartenhuk Peninsula 

 

6.2.1 Geomorphological context 

 

The Uummannaq region covers an area of ~25,000 km2 (70.33°N to 72.00°N, 50.00°W to 

55.00°W) (Figure 6.2), and is one of the most mountainous areas of West Greenland, with 

summits reaching >2000 m a.s.l.  It is bounded to the north and south by large peninsulas.  

These landmasses form large topographic barriers, confining the flux of ice and water from 

the Uummannaq region to the narrow passages north and south of Ubekendt.  The regional-

scale topography of the area is characterised by a series of deep coalescent fjords, running 

 

 
Figure 6.3. Enlargement of the Svartenhuk Peninsula, with investigated sites and valleys 

discussed in the text labelled.  In addition, surficial deposits of glaciofluvial/fluvial and 

marine sediment are shown (Henderson and Pulvertaft, 1987a, 1987b). 
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broadly east-west (Figure 6.2).  These are occupied by marine terminating outlet glaciers -

which drain the central West Greenland Ice Sheet. 

 

The Svartenhuk Peninsula is a large (~ 4,000 km2) peninsula bordering the northern edge of 

the Uummannaq region (Figure 6.2 and 6.3).  It is formed of Tertiary basalts, and within the 

Uummannaq region, is an area of relatively low altitude (Figure 6.4).  Summit heights in the 

west are all <1000 m a.s.l., increasing in the east to 1100 – 1200 m a.s.l.  Several small (<5 

km2) mountain valley glaciers exist in the central and west portions of the peninsula.  The 

southern coast is dominated by four large valley systems which drain the interior of the 

peninsula.  During the LGM, areas to the east and south of Svartenhuk were occupied by the 

Uummannaq Ice Stream System (UISS) (Ó Cofaigh et al., 2013b, Roberts et al., 2013).  Within 

the inner fjord confines in this region, mapping, model output, and terrestrial cosmogenic 

nuclide (TCN) ages constrain LGM ice surface elevation to ~ 1400 m a.s.l., with ice thickness 

exceeding 1600 m in the Uummannaq Trough (Roberts et al., 2013; This Study, Chapter 

Five).  Regional mapping has identified an onset zone in the north of the system, as ice is 

deflected south into Igdlorssuit Sund, coalescing with southern outlet glaciers (Roberts et 

al., 2013; This Study, Chapter Five) (Figure 6.2).  This regional flow pattern triggered the 

formation of the UISS, and would have enhanced regional southward drawdown of outlet 

glaciers from the north.  This is thought to have effectively starved Svartenhuk of any 

significant GIS inundation, in particular the west, which would have been isolated from UISS 

ice, and GIS ice from the north (Roberts et al., 2013). 

 

The geomorphology of the Svartenhuk Peninsula has received little attention.  Early study 

reported that the region is dominated by a fluvial system and widespread, thin sediment 

cover (Laursen, 1944).  Mineralogical analysis of samples from fluvial, deltaic, and beach 

settings has shown a composition almost exclusively derived from local basaltic material, 

with only a small number of erratic boulders reported (Laursen, 1944).  From aerial imagery 

and field studies, Sugden (1974) classified the south and west of Svartenhuk as displaying 

little or no glacial erosion, with the north and east classified as landscapes of cirque glaciers 

and plateau remnants.  Recent regional mapping (see Chapter Three) reclassified a larger 

proportion of the peninsula as landscapes of mountain valley and cirque glaciers, with a 

more restricted area to the west mapped as showing little evidence of glacial erosion.  In 

addition, a series of large valleys displaying glacial lowland depositional landsystems occur 

along the southern coast.  A number of the mountain valley glaciers in the interior of the 
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Figure 6.4. Geology map of the Svartenhuk peninsula showing bedrock geology, and surficial 

deposits (Henderson and Pulvertaft, 1987b).  

 

peninsula display marginal moraines indicative of previous periods of more spatially 

extensive ice cover (Laursen, 1944).  Beyond this, little intensive geomorphological 

investigation of the region has been carried out. 

 

6.2.2 Sedimentology and biostratigraphy 

 

The Svartenhuk region has been subject to a long history of sedimentological and 

palaeoecological investigation (Rink, 1853, Steenstrup, 1883, Laursen, 1944, Funder, 1989b, 

Bennike et al., 1994).  Initial sedimentological studies in Svartenhuk reported the presence 

of deltaic deposits with in-situ marine molluscs thought to relate to glacioisostatically 

uplifted sediments (Funder, 1989a), with no direct glacial deposits reported.  A thin cover of 

morainic material was reported across the interior of the peninsula, with infrequent erratic   
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Table 6.1. List of locations discussed or recorded in this study, their log number, and a reference if they have been studied by previous authors.  

Note that analysis of sites 11-16 was not carried out in this study. 

  

Log # Site Name Lat. (°N) Long. (°W) References (Site #) 

1 Arfertuarssuk fjord head 1 71.495 55.256 Bennike et al., 1994 (6); Kelly, 1986 (15) 
2 Arfertuarssuk fjord head 1 71.495 55.256 Bennike et al., 1994 (6); Kelly, 1986 (15) 
3 Arfertuarssuk fjord head 2 71.500 55.217 Bennike et al., 1994 (8) 
4 Arfertuarssuk fjord side 1 71.468 55.168 Bennike et al., 1994 (9) 
5 Kugssineq Coast 71.450 55.001 Bennike et al., 1994 (10); Kelly, 1986 (16); Laursen, 1944 
6 Kugssineq Coast 71.450 55.001 Bennike et al., 1994 (10); Kelly, 1986 (16); Laursen, 1944 
7 Igdlerussat 71.422 54.882 New location 
8 Igdlerussat 71.422 54.882 New location 
9 Tasiussaq 71.415 54.905 Bennike et al., 1994 (12) 
10 Uligssat qôruat 71.436 54.031 New location 

11 Tasingortarssuit 71.633 55.583 Bennike et al., 1994 (1) 
12 Maligissap kûa 71.633 55.517 Bennike et al., 1994 (2) 
13 Iluliángûp qáqâ 71.485 55.509 Bennike et al., 1994 (3) 
14 Umiarssuaussarssuaq 71.383 55.033 Bennike et al., 1994 (4) 
15 Quagssugârssuit 71.505 55.297 Bennike et al., 1994 (7) 
16 Kugssineq Valley 71.450 55.033 Bennike et al., 1994 (11) 

1
5

3
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Table 6.2.Table of present chronological control from the southern and western Svartenhuk Peninsula. All 14C except one returned non-finite ages. 

 

 

 

 

 

 

  

Log # Material Elevation (m a.s.l.) Age (14C yrs BP) δ13C‰ Reference 
  

1 T. borealis - >40000 - Kelly 1986 

 3 Shells of M. truncata, H. arctica 22 >40000 0.1 Bennike et al 1994 

5/6 Shells of M. truncata, H. arctica 7 >36600 -0.3 Bennike et al 1994 

11 Shells of P. arctica 0-2 37570±2570/1890 - Bennike et al 1994 

12 Shells of M. truncata, H. arctica 8-10 >32530 1.4 Bennike et al 1994 

14 Shells of M. truncata, H. arctica 14 >30400 0.9 Bennike et al 1994 

16 Shells of Astarte borealis 35 >347100 0.2 Bennike et al 1994 

1
6

4
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Species 
Site Number 

1 2 3 4 6 8 10 11 12 13 14 15 

BIVALVIA                         

Nucoloma belloti                         

Portlandia arctica                         

Portlandia intermedia                         

Yoldiella fraterna                         

Yoldiella lenticula                         

Muscculus sp.                         

Actinula greenlanica                         

Chlamys islandica                         

Astarte borealis                         

Astarte elliptica                         

Astarte montagui                         

Astarte montagui var. striata                         

Astarte montagui var. warhami                         

Clinocardium ciliatum                         

Macoma calcarea                         

Mya truncata                         

Hiatella arctica                         

Nuculatenuis                         

Modiolarianigra                         

Tridonta borealis                         

Tridonta elliptica                         

Tridonta montagui                         

Strongylocentrotusdroebach.                         

CIRRIPEDIA                         

Balanussp.                         

ECHINODERMATA                         

Strongylocentrousdroebachiensis                         

POLYCHAETA                         

Caulostrepsisisp.                         

Spirobiscf. verruca                         

S. vitreus                         

GASTROPODA                         

Natica sp./Lunatia sp.                         

Buccinum sp.                         

             

 

  rare   common   abundant 

 

Table 6.3.Summary of macrofossil biostratigaphic results (Kelly, 1986, Bennike et al., 1994).  
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boulders across land surfaces (not restricted to fluvial channels) (Laursen, 1944).  More 

recent studies of 17 sites along the southern and western coasts of Svartenhuk reported 

widespread raised marine deposits, characterised by shell-bearing littoral gravel and sub-

littoral muds, with a single exposure of diamicton (Bennike et al., 1994; Kelly, pers. comms.).   

 

These sites are thought to represent palaeo- spits, cuspate forelands, alluvial cones, and 

deltas, which extend up to 35 m a.s.l., and are not covered by diamicton or affected by 

glaciotectonic disturbance (Bennike et al., 1994).  Bennike et al., (1994) reported twenty-

three macrofaunal taxa from 12 sites (See Figure 6.3 and Tables 6.1 and 6.2).  These 

assemblages were dominated by Hiatella arctica and Mya truncata (Table 3).  In addition, 

macrofossils at two sites (also studied by Bennike et al., 1994) were analysed by Laursen 

(1944) and Kelly (1986).  The marine macrofaunal assemblages found were analogous to 

Holocene faunas from North Greenland, but with some additional species.  This indicated 

that palaeo-environmental conditions in Svartenhuk during the deposition of these 

sediments were warmer than present day North Greenland (Kelly, 1986, Bennike et al., 

1994).  In contrast, ostracod assemblages found in Arfertuarssuk (Figure 6.3) represented a 

quiet, shallow marine environment, far from meltwater sources, analogous to present day 

environments in Disko Bugt (Bennike et al., 1994).  Foraminiferal assemblages have been 

investigated from one site in Arfertuarssuk (Site 1, Figure 6.3).  These displayed high species 

diversity, suggestive of glacier-distal to sub-arctic conditions (Bennike et al., 1994).  

Therefore, investigation of the biostratigraphy from sediments correlated to the same single 

period of elevated sea-level returned a wide range of palaeo-environmental 

reconstructions.  However, authors were still able to infer ocean temperatures analogous to 

present day Disko Bugt and North Greenland (Bennike, 1994).  In addition to the difficulties 

of a highly mixed assemblage, a lack of site specific sedimentological process interpretations 

makes it difficult to place the local biostratigraphy within a robust depositional context. 

 

6.2.3. Chronology 

 

Previous work has developed a preliminary chronology for the Quaternary deposits of 

southern and western Svartenhuk, through 14C dating, amino acid racemization (AAR), and 

U/Th age determinations of shell material (Kelly, 1986, Bennike et al., 1994).  The majority 

of radiocarbon dates from shells across Svartenhuk returned pre-AMS, non-finite ages of 

>40,000 14C yrs BP (six dates), with one finite age of 37,970 +2470/-1890 14C yrs BP (Table 2) 

(Kelly, 1986, Bennike et al., 1994).  These age determinations are from single shells at each 
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site.  Amino acid determinations from marine shells taken from sites throughout Svartenhuk 

returned aIle/Ile ratios of F = 0.182 and T = 0.0236 (12 samples) (Kelly, 1986), and F = 0.173 

and T = 0.032 (8 samples) (Bennike et al., 1994), suggesting an age of >55 kyr (Kelly, 1986).  

Finally, two U/Th dates from marine shells returned ages of >89 kyr and 115 kyr (no errors 

given) (quoted in Funder et al., 1994 as from Kelly, 1986). 

 

On the basis of this chronology, sediments found across the Svartenhuk coastal zone were 

proposed to represent a period of elevated sea-level (~35 m a.s.l.) in MIS 5e-a, between 

~115 and 55 kyr, named the ‘Svartenhuk Marine Event’ (Kelly, 1986, Funder et al., 1991, 

Bennike et al., 1994), and correlated with the Thule aminozone in north-west Greenland 

(Bates, 1953).  The nature of ‘Svartenhuk Marine Event’ sediments, their potential age 

range, and their extensive preservation supports the hypothesis that ice from the GrIS and 

UISS had minimal impact upon Svartenhuk during the LGM, causing little erosion. 

  

However despite these interpretations, a complete understanding of Svartenhuk’s late-

Quaternary history is lacking for a number of reasons: 

- (1) palaeo-environmental indicators taken from stratigraphic evidence are 

conflicting, with foraminifera, ostracods, and bivalves producing variable palaeo-

environmental reconstructions for sediments. 

- (2) detailed sedimentological work has not yet been undertaken through the region, 

and a comprehensive understanding of the depositional environments of the 

‘Svartenhuk Marine Event’ sediments is lacking; 

- (3) the Svartenhuk landscape upon which these sediments are deposited has not 

been geomorphologically assessed in detail. Instead the region is simply 

characterised as non-glaciated/affected by little glacial activity. 

- (4) the current chronological framework is based on relatively few dates, which are 

sparsely distributed across region. 

 

The only known Holocene sediments on the peninsula are found on the north-eastern coast 

of Svartenhuk, close to the outer limit Ingia Fjord (Figure 6.3) (Bennike, 2000).  There, small 

raised deltas formed of shell bearing marine sediment were recorded up to 6.5 m a.s.l., 

dated to (10.4 – 10.2 cal. kyr BP).  These are thought to relate to the local Holocene 

maximum marine limit (Bennike, 2000), and to the Holocene deglaciation of the UISS from 

its offshore LGM position into its present fjord confines. 
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6.3. Methods 

 

6.3.1. Geomorphological mapping 

 

Regional geomorphological mapping was carried out using 1:50,000 topographic maps, 

geological maps (Henderson and Pulvertaft, 1987a, Henderson and Pulvertaft, 1987b), 

1:150,000 aerial photographs (Kort and Matrikelstyrelsen) and ASTER GDEMs, focusing upon 

the southern coast of Svartenhuk.  These were ground truthed in the field.  Glacial, 

glaciofluvial, and fluvial landforms were identified and mapped, using a Garmin GPS 60 in 

order to record their location. 

 

6.3.2. Sedimentology 

 

Sediment exposures were logged and sketched, noting any lateral sediment variability and 

macroscale sediment structure.  Sediment description adopted a lithofacies approach 

(Edwards, 1986, Evans and Benn, 2004) and included description of: grain size; depositional 

and deformation structures; thickness; geometry; colour; clast size; sediment texture; and 

contact between lithofacies (Evans and Benn, 2004).  Clast form analysis was performed 

upon clasts from gravel and diamicton units (n=50 per unit), measuring the length of the A, 

B and C axes, and recording each clast’s roundness on the Powers’ roundness scale (Benn 

and Ballantyne, 1994).  Follow collection, clast form was presented using ternary diagrams, 

a clear way in which to display clast shape free of any bias (Sneed and Folk, 1958, Benn and 

Ballantyne, 1994, Lukas et al., 2013).  Ternary diagrams use c:a and b:a axis ratios to 

distinguish equant/blocky (a ≈ b ≈ c), elongate (a >> b ≈ c), and oblate/platy (a ≈ b>c) shaped 

clasts (Benn and Ballantyne, 1994).  Ternary plots used in this chapter were created using a 

custom made Microsoft Excel spreadsheet.  Clast C40 index (percentage of clasts with a c:a 

ratio of ≤ 0.4) was used to further characterise the data set, distinguishing blocky from 

elongated clasts, an important factor in glaciated environments (Ballantyne, 1982, Benn, 

1994, Benn and Ballantyne, 1994).  Totals for the clast roundness categories were converted 

to percentages for each sample and presented as a series of frequency distributions.  RA 

indexes were calculated by adding the percentages of very angular and angular clasts 

(Figure 6.19). 

 

Clast fabric data were collected units of diamicton (Evans and Benn, 2004).  The orientation 

and dip of fifty selected clasts within a 1 m2 exposure was measured for each sample.  
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Eigenvalues were calculated for samples, and results were plotted as stereonets and rose 

diagrams using the RockWare RockWorks software package. 

 

In addition to these field methods, samples of sediment were taken from each sedimentary 

unit for laboratory particle size measurement.  The size of particle >2 mm were described in 

the field, with samples of sediment <2 mm taken for particle size analysis.  Laboratory based 

particle size was determined for the <2mm fraction using laser diffraction, widely regarded 

as providing the greatest reproducibility (Sperazza et al., 2004, Goossens, 2008).  In this 

study a Malvern Mastersizer 2000 was used, running a standard operating procedure 

developed for this study: 

1. System alignment and measurement of background obscuration/residual noise.  

2. Manual introduction of the sample in solution and application of 25 seconds of 

pretreatment ultrasound to disaggregate the sample. 

3. Samples passed through the detection lens. Three repeat measurements are taken and a  

mean value calculated. Values are reported as percentage volume concentrations.  

4. The system is cleaned and refilled between sample runs to minimise cross contamination. 

 

6.3.2. Radiocarbon dating 

 

Shells were collected for radiocarbon dating from sediments at all sites, where found.  

Where visible, shells were picked from sediment exposures with care using a trowel.  In 

addition, bulk sediment samples were taken in the field.  These were sieved and residual 

shells were retained for radiocarbon dating.  In order to ensure that dated shells were in situ 

only paired, articulated bivalves were sampled.  Shells were lightly cleaned to remove 

surficial dirt.  Samples were processed at the NERC Radiocarbon Facility, East Kilbride.  Here, 

samples were cleaned in an ultrasonic bath in deionised H2O for two minutes and then 

rinsed in deionised H2O.  Once cleaned the outer 20% by weight of shell was removed by 

controlled hydrolysis with dilute HCl. The samples were then rinsed in deionised water, 

dried and homogenised. A known weight of the pre-treated sample was hydrolysed to CO2 

using 85% orthophosphoric acid at room temperature. The CO2 was converted to graphite 

by Fe/Zn reduction.  Results in this study have been corrected to δ13CVPDB‰ -25 using the 

δ13C values provided in the report. The δ13C values were measured on a dual inlet stable 

isotope mass spectrometer (Thermo Scientific Delta V Plus) and are representative of δ13C in 

the original, pre-treated sample material. 
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The marine radiocarbon reservoir effect is a difference in 14C age between organisms which 

derive their carbon from the terrestrial environment, and those which live in the marine 

environment, or incorporate marine-derived carbon into their systems through ingestion 

(Ascough et al., 2005).  As the oceans can only take in atmospheric carbon at their surface, 

deep water is far removed from its source of carbon.  The slow mixing of these water 

masses means that marine flora and fauna are depleted in 14C relative to their terrestrial 

counterparts (Ascough et al., 2005).  In the North Atlantic region, the reservoir effect is 

+400-800 14C years (Ascough et al., 2005), and thus this range was used in new dates from 

this study. 

 

6.4. Results 

 

In order to successfully study and characterise the sediments of southern Svartenhuk, 

geomorphological and sedimentological investigation was undertaken in three distinct 

valleys: Arfertuarssuk (1); Kugssineq and Tasiussaq (2); and Uligssat (3) (See Figure 6.3).   A 

series of logs were taken from each of the three valley sites, and the sedimentary sequences 

recorded through these have been sub-divided into five lithofacies associations (see Table 

6.4 for a summary of the lithofacies associations recorded).  Geomorphological results are 

presented by each of these three areas, and sedimentological results and interpretations 

are presented by lithofacies association.  Clast form data are shown in ternary plots, clast 

roundness data are presented in histograms, and clast fabric data are presented in rose 

diagram stereonets. 

 

6.4.1. Geomorphological descriptions 

 

6.4.1.1. Arfertuarssuk and Quagssugarssuit (Logs 1 - 4) 

 

Arfertuarssuk is a sheltered, northwest to southeast trending, steep-sided fjord in western 

Svartenhuk (Figures 6.3 and 6.5).  It is bounded by ground which rises rapidly to higher 

altitude terrain (>600 m a.s.l.) to the east and west.  The fjord head region, and the 

hinterland to the north rises more gently, characterised by smooth, rolling topography, 

reaching up to 300 m a.s.l. in altitude.  The steep walls to the east and west, and the more 

gently sloping terrain in the north of the fjord are overprinted by a series of 

palaeoshorelines, alluvial fans, and deltas (Figures 6.5 and 6.6). 
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A series of erosional benches are found incised into the fjord walls, up to a height of 68 m 

a.s.l.  These vary in their size and preservation, and are discontinuous, with individual 

sections reaching up to 500 m in length, with tread depths up to 11 m.  In places their 

surfaces displayed a thin gravel cap, formed of coarse gravels held in a sandy matrix.  The 

depth of these sediment caps could not be ascertained in the field, but was >30 cm.  The 

benches are most clearly formed on the east side of the fjord, close to the fjord head 

(Figures 6.3 and 6.5b).  The most prominent of these benches is at 32 m a.s.l., and backed by 

a distinct, frost shattered, fossil cliff line.  To the southeast, this ridge grades into a flat 

topped alluvial fan (32 m a.s.l.), towards the base of a contemporary fluvial channel (Figure 

6.6a). 

 

Raised, alluvial fans are found throughout Arfertuarssuk, formed on terrain to the east, west 

and north of the fjord.  Alluvial fans are sediment accumulations  which form when channels 

emerge from an upland areas (Bull, 1977).  Their surfaces are smooth, displaying a gentle 

apex to toe slope.  Although elevated above present sea-level (12 – 32 m a.s.l.), the fans are 

found in conjunction with a clearly definable palaeo-fluvial source (i.e. formed at the base of 

a fluvial channel) (Figure 6.5).  These are interpreted as coastal fan deltas which formed 

through sediment aggradation to sea-level, and have been subsequently raised by 

glacioisostatic rebound.  The largest coastal alluvial fan complex in Arfertuarssuk is found on 

the western side of the fjord, opposite Log 4 (Figures 6.5 and 6.6b).  It emanates from a 

deeply incised fluvial channel sourced from high altitude terrain to the west.  The fan 

extends ~500 m up valley and its surface is flat, graded to ~32-20 m a.s.l. (apex to toe).  The 

fan surface is composed of angular to sub-rounded local basaltic material held within a silty 

matrix, and has experienced extensive frost heaving. A 1-2 m deep bench is incised into the 

eastern and southern faces of the fan, at 13 m a.s.l. (Figure 6.6b). 

 

In addition to the fluvially deposited deltas, a number of raised deltas were found 

throughout Arfertuarssuk Fjord, at the fjord head (Logs 1-3) and in the mid-fjord (Log 4), 

with no clear source channel.  These are spatially extensive features with flat-topped 

surfaces.  The deltas upper surfaces are graded to between 12 and 16 m a.s.l.  At the head 

of the valley, an extensive delta appears to infill the southern Quagssugarssuit valley.  Logs 

1-3 are coastal exposures through this delta (Figure 6.6d).  Log 4 is taken from a delta on the 

eastern side of Arfertuarssuk, mid-way up the fjord (Figure 6.5).   The delta has a flat top 

with a gentle south-west dip, and is graded to 16-14 m a.s.l.  An exposure of in-situ bedrock 

was found at the base of the delta section, exposed by coastal processes.  This was heavily  
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Figure 6.5.  Geomorphological map of the Arfertuarssuk Fjord and Quagssugarssuit valley 

region, showing log numbers referred to in the text.  Rose diagrams show bedrock striae 

measurements (n = 25). 

 

striated, with a dominant 160° - 340° direction, sub-parallel to fjord long axis (see rose 

diagram in Figure 6.5).  The narrow, low lying “Unnamed Valley” to the northeast of Logs 1-3 

(Figure 6.5) contains a thick sediment infill which continues inland from the coast for ~800 

m.  It has a smooth surface which dips downstream towards Arfertuarssuk, at a height of 32 

to 16 m a.s.l.  The surface has been heavily dissected by contemporary fluvial channels, and 

grades directly into the upper surfaces of deltas at Sites 1 and 2.  There are a series of 1 m  
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Figure 6.6. Photographs from Arfertuarssuk Fjord: (a) view south from the 32 m a.s.l. ridge 

north of Log 4 (see Figure 6.5) with alluvial fan graded to the same height in the distance; (b) 

view southwest from Log 4 to an alluvial fan on the west side of the fjord (32-20 m a.s.l.).  

The fan’s dipping surface can be seen, with an incised step at 13 m a.s.l.; (c) view eastwards, 

looking east at Log 4 - delta bedding visibly dipping to the bottom right; (d) view from the 

surface of the Log 1 and 2 delta, looking northeast to Log 3.  Log 3 was recorded from the 14 

m a.s.l. high mound in the centre of the photo.  The valley in the background beyond this is 

the location in which extensive glaciofluvial sediment, an esker, and pitted outwash were 

found (see text). 
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deep, ~100 m long channels incised into the bedrock topography at the eastern margin of 

the surface. 

 

Although the surface was generally smooth, a series of circular depressions, up to 4 m in 

depth and 10 m in diameter were found formed across its surface, with no obvious pattern 

of distribution.  Based upon the morphology of this area it is interpreted as a region of 

kettled outwash, with an extensive outwash surface cratered by circular kettle holes (Benn 

and Evans, 2010, Maizels, 1977).  This is probably a result of the melt out of blocks detached 

from the snout of a glacier (Rich, 1943, Price, 1970, Gustavson and Boothroyd, 1987), or 

through the melt of icebergs deposited on the outwash surface through a flood event 

(Maizels, 1992).  In addition, an 80 m long, 1 m high ridge was found grading into the upper 

limit of the flat-topped surface, from the north.  This sinuous, low relief ridge was formed of 

coarse, unsorted sand and gravel, with locally sourced basaltic pebbles and cobbles.  Based 

upon the form, valley position, and internal sedimentology of the ridge, it is interpreted as a 

small esker, formed of glaciofluvial sand and gravel (Warren and Ashley, 1994, Benn and 

Evans, 2010). 

 

The terrain north of Arfertuarssuk is rolling and hilly, dominated by the low-lying, NNW – 

SSE running Quagssugarssuit valley (Figure 6.3, 6.5, and 6.7).  The area is characterised by a 

series of NNW – SSE trending bedrock ridges, elevated up to 100 m above the surrounding 

terrain, with a transverse wavelength of ~500 m.  The presence of these ridges is strongly 

controlled by the inclined bedding of the basaltic bedrock which has allowed preferential 

erosion along exposed lines of weakness.  This erosion has produced parallel ridges 

controlled by large-scale geological bedding continuity.  The summit surfaces of these ridges 

display either: exposed heavily weathered bedrock (with weathering pits up to 10 cm deep 

and frequent tors and micro-tors), or a thin cover of weathered regolith (generally angular 

autochonous blockfield with some abraded, sub-rounded erratic clasts).  Where present, the 

regolith has been subjected to extended periods of periglacial processes including frost 

shattering and stone sorting (Figure 6.7).  Very occasionally weathered bedrock surfaces 

display fragments of glacially polished and striated faces.  Infrequent sub-rounded boulders 

of local basaltic and far-travelled gneissic lithologies are present up to 400 m a.s.l., perched 

upon the present land surface.  Above this elevation sub-rounded boulders become less 

common.  Low lying regions between the bedrock ridges contain well-developed fluvial 

systems, draining to the NNW and SSE.  The majority of clasts found within these channels 

are local basaltic lithologies, though infrequent gneissic erratics were found, increasing in  
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Figure 6.7. Photographs of the general morphology of the Quagssugarssuit region. (a) 

photograph looking east, to the higher ground of the Akulerqut Valley – taken from the 

crest of a small moraine; (b) photograph looking west across the low-lying Quagssugarssuit 

valley.  The higher ground in the background rises steeply to ~400 m a.s.l., and has distinct 

drift limit halfway up its face (arrowed).  Arfertuarssuk fjord head is to the far left of the 

photograph; (c) heavily weathered and frost shattered terrain which characterises the 

region >300 m a.s.l., with a well-developed fluvial system in the lowland to the left and right 

of the photograph. 

 

abundance to the north east of the valley.  A series of small (<100 m in length), relict 

channels containing clasts up to boulder size were mapped across this landscape.  They 

broadly trend N-S, and run obliquely to slope angle.  A number of the NNW – SSE bedrock 

ridges within the Quagssugarssuit valley contain deeply incised meltwater channels at their 

summit ridges.  The channels are short but deep features (up to 10 m), and have not incised 
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to valley floor.  They appear to cut across local watersheds and in places appear to form at 

ridge interfluves, with no clear meltwater source area (Figure 6.8). 

 

 

Figure 6.8. Two examples of the deeply incised overspill channels described in the text, close 

to the Unknown Valley (Figure 6.5).  Note that the channel in B originates at an interfluve, 

with no obvious upslope meltwater source. 

 

A small lobate ridge was mapped on the east of Quagssugarssuit, close to the mouth of the 

Akulerqut Valley (Figure 6.7a).  It is ~2-3 m high, 5 m wide, and only present on the southern 

side of the valley.  Based upon its morphology and position upon the flank of the valley, the 

ridge is interpreted as a partial remnant of a lateral moraine.  A small (0.5 – 1 m high), 

discontinuous ridge was mapped 500 m up-valley of the moraine, close to the present fluvial 

channel.  It was formed of sub-rounded cobble-sized, locally derived basaltic clasts.  On the 

basis of its mid-valley position, internal sediments, and morphology, this is interpreted as an 

esker, as defined above (Warren and Ashley, 1994, Benn and Evans, 2010).  Up valley of the 

moraine valley morphology is wide, with a clear U-shaped profile.  In contrast, down-valley 

of the moraine, the valley is narrower with a clear V-shaped cross-profile. This valley is 

sourced from the interior of Svartenhuk and currently hosts a number of small, independent 

valley glaciers in its upper reaches. In addition, a number of the small valleys between basalt 

ridges to the north east of Sites 1 and 2 contain arcuate poorly formed, discontinuous lateral 

moraines. 
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6.4.1.2. Kugssineq and Tasiussaq (Logs 5 - 9) 

 

The south coast of Svartenhuk contains five north-south trending valleys, sourced in the 

high-level (>1000 m a.s.l.) interior of Svartenhuk.  These valleys are fed by a number of 

individual, small (<3 km2) valley glaciers.  The valleys have large, U-shaped cross-profiles up 

to 5km in width.  Valley floors are currently characterised by contemporary tidal flats, salt 

marshes, and misfit fluvial streams.  The low gradient floors of the valleys continue for up to 

10 km inland, with steeply rising walls either side.  Other than the Tasiussaq valley, little 

evidence of glacial activity is visible in any of the valley systems (e.g. moraines, eskers, 

striated bedrock surfaces).  From mapping by Henderson and Pulvertaft (1987b) and this 

study, all five valley systems were seen to contain thick sequences of sediment close to the 

valley mouths, extending up to 3 km inland.  These sediments are found deposited in flat-

topped fans and deltas, graded to various heights between 14 and 43 m a.s.l.  These are 

bisected by contemporary fluvial systems which appear to misfit valley morphology.  The 

two most westerly of these valleys are Kugssineq and Tasiussaq (Figure 6.3).  The Kugssineq 

valley is a 0.8 km wide, flat-bottomed valley, the floor of which contains a contemporary 

salt-marsh system.  A series of sediments were preserved at the mouth of the valley in a 

large, flat-topped delta, reaching 18 m a.s.l.  Sections of this are exposed by current fluvial 

and coastal processes (Figure 6.9a).  A possible higher bedrock incised terrace was seen up 

valley (at ~80m a.s.l.), but was not investigated further. 

 

The floor of the Tasiussaq valley is characterised by contemporary salt marsh, with a 

number of large circular pools (Figure 6.9c).  Two discontinuous ridges were mapped on the 

south side of the valley, between Tasiussaq and Igdlerussat valleys (Figure 6.10), above the 

valley-floor deltas.  They are orientated NE-SW, sub-parallel to Tasiussaq valley long axis 

(Figure 6.9b and 6.10), and run down-slope at a gentle gradient.  They are wide and low in 

relief (<10 m wide, <4 m high) and formed of angular to sub-rounded clasts between pebble 

and boulder size.  Based upon these criteria, these features are interpreted as a series of 

inset lateral moraines (Boulton and Eyles, 1979, Benn and Evans, 2010), relating to the 

presence of ice within the Tasiussaq valley.  High-level terrain south of the Tasiussaq valley, 

outside of these moraines, is characterized by frost shattered bedrock, with a thin, patchy 

cover of weathered regolith (Figure 6.11b).  Where bedrock remains intact and exposed, 

outcrops displayed weathering pits up to 6 cm deep and very occasional abraded and 

striated surfaces (173-353o).  No exotic (i.e. non-basaltic) erratics were found throughout 

this high-level terrain.  The mapped extent of this weathered surface is shown in Figure  
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Figure 6.9. Photographs from the Kugssineq and Tasiussaq valleys (see Figure 6.3). (a) View 

east to the cliff exposure of the delta to the north west of Tasiussaq, the surface of which is 

graded to 14-16 m a.s.l.  Logs 5 and 6 were taken from this exposure; (b) view northeast 

from close to Logs 7 and 8, with the largest inset lateral moraines on the southern border of 

the Tasiussaq valley arrowed; (c) oblique view of the Tasiussaq valley looking northwest.  

Note the well-developed sediment filled valley floor with circular pools, and steeply rising 

terrain to the north; (d) view of the Tasiussaq valley, looking northeast, up valley.  The 

obvious flat topped feature in the centre is a delta, graded to 16 m a.s.l.  Logs 7 and 8 were 

taken from the exposure facing the camera.  In addition, inset lateral moraines (as in Figure 

6.9a) can be seen to the right of the image. 

 

6.10.  However, based upon field observations, it is likely that this type of surface covers the 

majority of high-altitude (>500 m a.s.l.) areas.  In contrast, lower altitude terrain inside of 

the lateral moraine complex is dominated by fluvial and salt marsh environments.  Where 

present, bedrock surfaces appear less weathered that terrain outside of the moraines, with 

weathering pits commonly 1-2 cm in depth. 
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Figure 6.10. Geomorphological map of the Kugssineq valley and Tasiussaq region showing 

deposits and landforms mapped during this study.  Logs are labelled with numbers referred 

to in the text. 

 

Sediments at the mouth of Tasiussaq valley (Figure 6.9d) are best preserved on the southern 

side of the valley, close to the neighbouring Igdlerussat, in a flat topped delta sequence  

graded to 16 m a.s.l. (Figure 6.10 and 6.11a).  The sediments are dissected by contemporary 

fluvial channels from both Tasiussaq and Igdlerussat.  A series of low relief, sinuous, ridges 

were found deposited upon these flat topped deposits, orientated sub-parallel to both the 

Tasiussaq valley and lateral moraines found on higher ground to the south (Figures 6.11a 

and 6.11b).  On the basis of their sinuous form and internal sediments, these ridges were 

interpreted as eskers (Warren and Ashley, 1994, Benn and Evans, 2010).  These are deemed 
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indicative of a subglacial environment, and suggest that the delta surface has been overrun 

by ice subsequent to its formation.  Delta top eskers could have ‘emerged’ following melt-

out of an ice-cored delta, however the sedimentological context of the delta demonstrates 

this is not the case.  A large sedimentary ‘feature’ was found in south-west Tasiussaq, south-

west of the delta (Log 9), measuring 120 m long by 20 m high.  The feature has been eroded 

by contemporary coastal processes, and lies below a small valley sourced from high ground 

to the southeast, close to Igdlerussat (Figure 6.10).  The feature appears to have been  

 

 

Figure 6.11. Photographs from Tasiussaq valley (a) oblique view looking northwest over the 

delta surface from which Logs 7 and 8 were recorded.  Small sinuous gravelly ridges are 

indicated by black arrows, trending from right to left across the photo.  These are 

interpreted as eskers (see text for details); (b) view along a sinuous, low relief gravel esker 

overlying Site 7; (c) typical terrain outside the Tasiussaq lateral moraine limit - extensive 

heavily weathered bedrock and regolith, with occasionally ice scoured surfaces. 
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glacially streamlined, its internal sedimentary structure showing clear evidence of erosion 

following deposition.  The deposit’s south western face also displays evidence of later 

bisection by contemporary coastal processes. 

 

6.4.1.3. Uligssat (Log 10) 

 

Uligssat is the easternmost of the Svartenhuk valleys (Figure 6.3).  The valley trends north – 

south, and is sourced by high altitude terrain in the central-east of the Svartenhuk 

Peninsula.  Extensive sediments are preserved close to the valley mouth and further up-

valley, in a series of inset deltas and up-valley alluvial fans, the surfaces of which are graded 

to between 20 and 75 m a.s.l.  This is the highest evidence for marine activity throughout 

the Svartenhuk area, and therefore is thought to represent the marine limit.  A large delta 

complex is found close to the mouth of the valley, dissected by post-depositional fluvial and 

coastal erosion, with a series of sub-angular to sub-rounded erratic quartzite boulders 

resting upon its surface (Figures 6.12 and 6.13). This delta is flat-topped, with a gentle 

surface slope, and steeply dipping up-valley face (Figure 6.13c).  The surface of this delta 

reaches 36 m a.s.l. at its highest point, dropping to ~24 m a.s.l. at its down-valley edge 

(Figure 6.13c and d).  Smaller deltaic deposits were found up to 43 m a.s.l., though these 

could not be associated with the larger delta in the valley.  The highest altitude feature in 

the valley is found at 75 m a.s.l., and appears as an alluvial fan, emanating from a small (0.25 

km2) bench incised into the bedrock valley wall.  The fluvial system in the centre of the 

valley is a clear misfit to the large U-shaped valley in which is flows. 

 

Figure 6.12. Erratic boulders found resting upon the upper surface of the 36-24 m a.s.l. 

delta.  Boulder location is between the yellow star and closest white arrow in Figure 6.13c. 



182 
 

 Figure 6.13.  Plate of photographs from the Uligssat Valley (see Figure 6.3 for valley location). (a) Photograph looking up-valley at the face of the 

delta, including the section logged in Log 10.  A person can be seen surrounded by a box in the centre of the photograph for scale; (b) view 

northeast looking up-valley.  A series of raised deposits are arrowed, not investigated in the field; (c) view looking east towards a raised delta 

(arrowed) in the mouth of the Uligssat valley.  Location of Log 10 is shown by a star; (d) view westward from the delta surface seen in photograph 

C.  A continuation of the logged delta surface is seen arrowed in the background.  The area between the two surfaces is dissected by contemporary 

fluvial activity.  Tents identified by a white box can be seen on the flat fluvial surface to the left for scale.  
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A series of ridges were found on valley flanks at higher altitudes, but are believed to be 

bedrock controlled, formed through preferential weathering along lines of local geological 

weakness, and do not reflect raised shorelines.  Tributary fluvial channels up-valley feed into 

a series of alluvial fans (Figure 6.13b).  In addition, kame terraces, poorly formed 

discontinuous lateral moraines, and a trimline are found on valley walls.  A section was 

logged from the large delta at the mouth of the valley (Log 10 - Figure 6.13a and c).  The 

front edge of this delta was 24 m a.s.l. with the up-valley apex reaching 36 m a.s.l. 

 

 

6.4.2. Sedimentological descriptions 

 

As outlined in Section 6.3.1., a lithofacies approach was adopted for sediment description 

and interpretation (Edwards, 1986, Evans and Benn, 2004).  The sediments from the sites of 

southern Svartenhuk have been sub-divided into a series of distinct lithofacies, which were 

then grouped as lithofacies associations where deemed suitable (Table 6.4).  As a result, 

sedimentological logs are presented first, followed by clast form and fabric data.  These are 

followed by sedimentological descriptions and interpretations.  Sediment logs are presented 

in Figures 6.14-6.17, clast form data is presented in Figures 6.18 and 6.19, particle size 

analysis data in Figure 6.20, and clast fabric data in Figure 6.21. 

 

Lithofacies Sediment description Lithofacies codes Logs pres. in Sediment interp. 

LF
A

5
 LF5b Matrix-supported gravels Gmm 7, 8 Esker gravel 

LF5a 
Upper matrix-supported 
diamicton 

Dmm 1, 2, 7, 8 
Upper subglacial 
diamicton  

LFA4 
Massive to horizontally 
bedded gravel and fines 

Gmm, Ghm, Fm, 
Shf, Ghf 

3, 9 Slope deposits 

LF
A

3
 

LF3c 
Horizontally bedded gravels 
interstratified with fines 

Glt, Ghc, Gmc, Sm, 
Fm, Shf, Fm, GRh 

6, 10 
Ice marginal 
glacio/fluviodeltaic 
topsets 

LF3b 
Dipping planar stratified to 
massive coarse gravels 

Gmm, GRm, Sm, 
Ghc, Shf, Ghf, Fm, 
Gmc, Ghm, Fs, Gfu 

1, 2, 3, 4, 7, 
8, 10 

Ice marginal 
glacio/fluviodeltaic 
foresets 

LF3a 
Massive to horizontally 
bedded fines and fine gravel 

Sm, Fs, Ghf, Gmc, 
Fm, Gcu, Gmm, Ghc 

7, 8, 9, 10 
Ice marginal 
glacio/fluviodeltaic 
bottomsets 

LFA2 
Lower matrix-supported 
diamicton 

Dmm 1, 2, 5, 6, 9 
Lower subglacial 
diamicton 

LFA1 
Shattered bedrock to 
diamicton  

Dcm 5 
Periglacially reworked 
bedrock 

Table 6.4.  Table of lithofacies associations, lithofacies, a short description of each 

lithofacies, and the facies from each logged section correlated to each lithofacies 

association. 
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Figure 6.14.  Sedimentary Logs 1-4, recorded from Arfertuarssuk Fjord.  Facies codes and sediment symbols outlined to the left are used 

throughout the chapter.  Clast fabric directional data are shown in red stereonets.  The inset box for Log 2 shows results of striae found on boulder 

from LFA2.  
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Figure 6.15. Sedimentary Logs 5-8 from Tasiussaq Valley.  Clast fabric directional data are shown in red stereonets 
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Figure 6.16. Log 9, from the mouth of Tasiussaq (see Figures 6.3 and 6.10 for location).  

Photograph to the right displays the variability within LF3a; varying from Fm/Fs, to 

Fs/Gcu/Gmm, to Shf interbedded with Fs. Note the extreme colour change at the top of the 

photograph, representing an increased organic content. 
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Figure 6.17. Sedimentary log and sediment photographs from Log 10.  Photos show the variability in grain size and structure through the section. 

(a) dipping, interstratified silts, fine sands, and granules; (b) similar facies with less coarse units; (c) coarse deposits of sands and matrix supported 

gravels, still showing planar stratification and both normal and inverse grading; (d) coarse gravels, in places clast supported.  Some planar 

stratification and lenticular bedding; (e) horizontal, planar stratified gravels, with larger clasts than lower facies. 1
7

6
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Figure 6.18. Clast form (triangle plots) and clast roundness (histograms) from a number of 

sites in the study.  The specific facies of each sample location is marked, with the facies 

code. 



189 
 

 
Figure 6.19. Plot of clast form data from this study, showing RA values against C40 values for 

all samples, with lithofacies codes labelled. 

 

 

 

 

 
Figure 6.20.Cumulative distribution graphs showing the particle size of matrix samples taken 

from this study. 
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Figure 6.21.  (a) clast fabric triangle of samples from LFA2 and LF5a taken during this study 

(red circles), superimposed upon known subglacial till fabric data from previous studies 

(Benn, 1994) 

 

 

6.4.2.1. LFA1 results 

 

LFA1 was found at one location throughout the sites studied, cropping out extensively at the 

base of Log 5 (Figure 6.15).  It consists of diamictic sediment with variable clast content, 

characterised by angular to very angular, locally-derived basaltic clasts held within a clay to 

silty sand matrix.  The diamicton appeared in bands of altering colour, varying between 

layers of red, brown, yellow, and purple.  Clast density throughout this lithofacies is variable, 

and in places the diamict is clast-supported.  The majority of clasts show a high degree of 

weathering and extensive brecciation.  In places LFA1 was seen to be transitional into, or 

interstratified with, in-situ bedrock breccias, evidenced by a higher clast density, in places 

displaying primary bedrock structure (Figure 6.22b).  In places the in-situ bedrock appears to 

have been displaced/thrust, with the coarse, angular, diamict found between areas of 

heavily brecciated bedrock. 
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6.4.2.2. LFA1 interpretation 

 

The brecciated bedrock of lithofacies association LFA1 is interpreted as heavily weathered, 

tectonised in-situ bedrock.  The amount of weathering varies throughout the lithofacies 

association, between areas of brecciated bedrock and clast-rich diamict.  This modification 

occurred during an extended period of periglacial, cold-climate conditions.  Initial bedrock 

brecciation is likely to have been caused by ground ice development during prolonged 

periglacial conditions (Murton, 1996).  However, the interfingering of zones of brecciated 

bedrock with bedrock-rich diamicton (Figure 6.22b) suggests formation and bedrock 

disturbance through glaciotectonism under a warm-based ice mass (Harris, 1991, Phillips et 

al., In Press).  Periglaciation and glaciotectonism is a precursor to full glacial erosion (Croot 

and Sims, 1996), and would have acted to deform and crush both underlying bedrock and 

sediment (Aber et al., 1989), before the subglacial processes of erosion and deposition 

dominated.  The presence of a marked transition from undeformed bedrock (via heavily 

brecciated bedrock) to a clast- to matrix-supported diamict is a result of this change in 

process through time.  These are therefore genetically linked lithofacies, and their 

occurrence has been reported elsewhere (Croot and Sims, 1996, Benn and Evans, 1996, 

Hiemstra et al., 2007).  The lowermost bedrock which varies between intact and brecciated 

is the result of minor glaciotectonic activity.  The diamictic lithofacies both above this 

bedrock (and in places interstratified with it) is formed through more intense glaciotectonic 

processes, including bedrock crushing and mixing with fine rock flour (Goldthwait and 

Matsch, 1989, Hiemstra et al., 2007).  It is also possible that the overlying LFA2 is a 

glaciotectonite, forming the final facies within this transitional sequence from glaciotectonic 

action to subglacial erosion. 

 

6.4.2.3. LFA2 results 

 

LFA2 was found as a basal unit in Logs 1 and 2 in Arfertuarssuk.  It is a grey, poor to well-

consolidated, generally structureless matrix-supported diamicton (Dmm), with occasional 

discontinuous lenses of well-sorted sandy silt (~10 cm thick, ~30 cm wide).  Some very crude 

stratification was visible in section (e.g. facies 5c).  Clast abundance throughout the LFA2 

was highly variable, though the diamict remained matrix supported throughout.  The matrix 

is composed of silt to silty-sand, with particle size peaks at 1000 µm, 150 µm, and 60 µm 

(Figure 6.20).  It contains abundant marine shell fragments, dominated by Hiatella arctica 

and occasional single valves, although very rare paired valves were found.  Clasts within 
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Figure 6.22. Photograph from Logs 5, showing the only exposure of LFA1. (a) Overview of the section logged in Log 5; (b) enlargement of LFA1 and 

its contact with bedrock below, and LFA2 above.  The interstratified/injected LFA1 can be seen.  Tape measure is ~60 cm in length. 
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LFA2 are up to 50 cm in diameter, angular to sub-rounded, often striated, and dominated by 

local basaltic lithologies and occasional gneissic erratics.  Clast form data reveal a preference 

toward blocky to elongate clasts, with C40 values between 38 and 44%, and RA values of 37-

42.  Clast macro fabrics were only taken from Arfertuarssuk, and display NW-SE orientated 

a-axes, with a less important perpendicular, NE-SW component (Figure 6.14).  S1 values are 

0.54, suggesting moderate a-axis clustering, and fabric shapes plot as girdles to moderate 

clusters (Figure 6.21).  Striae were measured on boulders found emplaced within LFA2, ~100 

m to the southwest of Site 1.  Results showed highly uniform intra-boulder striae, but high 

inter-boulder variability, suggesting some boulder rotation subsequent to striation, and 

during diamicton emplacement (Figure 6.14).  A paired valve was sampled from the 

sediment for radiocarbon dating, and returned a finite age of 47.7 cal. kyr BP (Table 6.5). 

 

6.4.2.4. LFA2 interpretation 

 

LFA2 displays many sedimentological, structural and clast properties of subglacial till, 

formed through deformation and lodgement (Evans et al., 2006).  These include a poor to 

well-consolidated diamictic matrix, with sub-rounded, lodged, striated clasts.  Clasts are 

dominated by local basaltic lithologies, suggesting that ice eroded and incorporated basaltic 

bedrock from the Svartenhuk interior into LFA2, prior to emplacement.  The thick nature of 

LFA2 (thicknesses reaching 5 m) may be due to lodgement and reworking of pre-existing 

sediment, including till (Dowdeswell and Sharp, 1986, Evans et al., 2006), or due to ice-

marginal processes (folding, thrusting and stacking), which lead to till thickening (Evans and 

Hiemstra, 2005, Ó Cofaigh et al., 2011).  It is possible that the massive, structureless nature 

of LFA2 is due to sediment homogenisation through high levels of strain and sediment 

mixing (Boulton and Jones, 1979, van der Wateren, 1995), or is partially inherited from a 

pre-existing sediment.  Rare interbedded stratified diamicton could relate to part of the 

continuum from a stratified to massive diamict, which would be indicative of progressive 

homogenisation through mixing (Evans et al., 2006, Ó Cofaigh et al., 2011).  The presence of 

abundant shell fragments throughout the facies suggests the glacier was also able to rework 

local pre-existing marine sediment during till genesis. 

 

Clast fabric data support the interpretation of LFA2 as a subglacial till.  The data show low 

isotropy and variable elongation, lying between girdles and moderate clusters.  These fall 

within known envelopes of upper till fabric, suggesting clast emplacement through 

lodgement and non-solid state deformation (Figure 6.21) (Benn, 1994; Bennett et al., 1999).  
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Table 6.5.  Table of two new radiocarbon ages produced during this study, from Log 1, Arfertuarssuk.  The results have been corrected to 

δ13CVPDB‰ -25 using the δ13C values seen above.  Both samples from paired Astarte montagui bivalves. 

 

Pub. code 
Sample 

code 
Lat. 
(°N) 

Long 
(°W) 

Sample 
type 

δ13CVPDB‰           
± 0.1 

Carbon content 
(% by wt.) 

14C Enrichment  
(% modern) 

+/- 1σ         
(% modern)  

14C Age 
(years BP) 

cal. Min 
(yr) 

cal. Max 
(yr) 

cal. mid 
(yr) 

SUERC-
37526 

SV_1a 
(LFA2) 

71.51 55.24 
Astarte 

montagui 
-0.265 11.5 0.41 0.06 

44097 
±1177 

45604 49808 47706 

SUERC-
37530 

SV_1c 
(LF5a) 

71.51 52.95 
Astarte 

montagui 
0.796 11.7 0.6 0.06 

41106 
±810 

43552 46085 44819 
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In places, clast fabric data are highly bimodal (See Log 2; Figure 6.14), with a secondary 

modal peak transverse to the direction of ice-flow reconstructed from bedrock striae 

evidence.  This bimodality could be the result of a localised increase in lodgement, aligning 

clasts transverse to flow (Andrews and Shimizu, 1966, Lindsay, 1970), or could be the result 

of weakly constrained deformation (Hicock, 1992, Hicock and Fuller, 1995).  Given the 

multimodal fabric from Log 1, the latter appears more likely.  Directional clast fabric data 

suggest ice flow from the north-northwest within Arfertuarssuk; in agreement with striae 

from bedrock within the fjord (see Section 6.4.1.1.).   The relatively weakly clustered clast 

fabrics suggest ductile deformation similar to the upper A horizons of tills in Iceland (Evans 

et al., 2006).  In places clast fabric show no preferential orientation.  This is likely to be a 

result of a localised drop in the strain experienced by the sediment (Benn, 1995), or a 

function of the thick deforming layer (Hart, 1994).  Though measured clasts are blocky and 

elongate, clast form covariance data reveal a relatively angular clast assemblage (Figures 

6.18 and 6.19), although it should be noted that clast form was only sampled from 

Arfertuarssuk.  This suggests a short transport distance for the clasts, with rapid erosion and 

subsequent deposition.  Thus, LFA2 displays characteristics of a subglacial till, with variable 

deformation and lodgement components.  This is likely to result from the heterogeneous 

properties of subglacial beds, and the variability between deforming and stable areas 

(Piotrowski et al., 2004, Evans et al., 2006). 

 

6.4.2.5. LFA3 

 

6.4.2.5.1. LF3a Results 

 

Based upon their sedimentological properties, deposits from LFA3 have been subdivided 

into three lithofacies (LF3a, LF3b, and LF3c).  As a lithofacies association, the sediments 

relate to ice marginal deposition in a deltaic setting.  LF3a is the lowest lithofacies within 

LFA3, and is found either at the base of the logged sequences (Log 7 and 8), or sharply, but 

conformably overlying LFA2 (Log 9).  It is characterised by planar bedded, interstratified 

silty-clay, silt, and medium sand (Figure 24), with a fine gravel content (average grain size 

300 µm - Figure 6.20).  Planar stratification was horizontal, except for 9b, where bedding 

dips west at 2°.  Where present, gravelly horizons were clast supported and lensate, held 

within a medium sand (Gcu – Gmc).  These interstratified units vary from ~1 mm to 60 cm in 

thickness.  LF3a shows evidence of variable grading, displaying normal grading (e.g. Log 7), 

inverse grading (e.g. Log 9), and no grading (e.g. Log 8).  In places the finer beds display 
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distinct evidence of post-depositional loading deformation including convolutions, flames, 

and pipes.  The silty-clay and silt beds often contained ubiquitous detrital plant remains.  

Abundant marine shell fragments and rare whole marine valves were retrieved from finer 

layers.  In Log 9 the abundance of macroscopic plant remains increases dramatically 

between towards the top of LF3a.  Here planar stratified minerogenic silty sand is 

interstratified with layers of dense mats of plant remains, up to 15 mm thick.  The organic 

remains were dominated by aquatic reed species, and in places small twigs thought to be 

Salix herbacea and Betula nana.   

 

Figure 6.23. Photograph of the sedimentary exposure 10 m to the north of Log 2. The two 

diamictic lithofacies (LFA2 and LF5a) can be seen at the base and top of the sequence.  

Between these is the horizontal to planar stratification of LF3b. 

 

 

6.4.2.5.2. LF3a Interpretations 

 

The very fine-grained planar stratified deposits are interpreted as bottomsets of a delta, and 

represent low-energy fluviodeltaic sedimentation (Gilbert, 1885, Lønne, 1995).  These 

sediments are deposited by suspended-load sediment settling in front of an advancing delta 

(Gilbert, 1885, Kenyon and Turcotte, 1985, Lønne, 1995).  The ubiquitous macroscopic plant 

remains found throughout the lithofacies are suggestive of a low energy depositional  
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Figure 6.24.  Photograph of horizontally stratified silty-clay, silt, and sand, characteristic of 

LF3a from Log 7.  Trowel is pointing at a ~5 cm thick layer of dense organic remains.   

 

 

environment, with slow flowing water allowing the settling of terrestrial plant remains.  It is 

likely that these were introduced from higher altitude upstream regions.  The variability in 

both the frequency and relative density of macroscopic organic remains throughout LF3a is 

a result of variability in vegetation availability and its delivery into the delta.  This lithofacies 

displaying high organic component is indicative of either: a period of ice-free conditions 

sufficient to allow vegetation growth and inwash; or reworking of pre-existing vegetation 

through glacial advance.  The transitions between LF3a and the overlying LF3b are sharp but 

conformable, suggesting a rapid, but continuous transition.  The coarsening upwards 

sequence noted within LF3a suggests a progressive increase in the proximity of the of the 

ice margin to the location of deposition.   
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6.4.2.5.3. LF3b Results 

 

The lithofacies is characterised by orange-brown crudely to well-stratified medium sand and 

gravel.  The gravel is matrix-supported and interstratified with thin (~2 cm thick) facies of 

coarse, clast-supported gravel, massive medium to coarse sand, and silt.  The gravels are 

predominantly planar stratified, offlapping to the south-southeast at 6-37°, and in places 

display a lensate, channel-like morphology (Figure 6.17, 6.23, and 6.25).  Interstratified fine 

grained units (clayey silt and silt) often show distinct loading structures; convolution, flames, 

and pipes. Occasional facies of clast supported (Gmc), open framework gravel were logged.  

Facies thickness varies widely, often with areas of thin (~5 cm) silty sand facies 

interstratified with thick (>30 cm) facies of gravel.  Matrix grain size shows a strongly 

unimodal distribution, with a matrix dominated by coarse to medium sand (~700-900 µm in 

Tasiussaq and 400 µm in Arfertuarssuk) (Figure 6.20).  Clasts throughout are pebble to 

cobble sized sub-angular to sub-rounded local basaltic lithologies, reaching 60 cm in 

diameter, with variable C40 values of 36-64%, and RA values of 10-44 (Figures 6.18 and 

6.19).  These are suggestive of generally blocky, compact, sub-rounded clasts (Figure 6.18).  

Very infrequent shell fragments were found throughout LF3b, but no whole shells were 

retrieved.  In Log 10 (Uligssat), a 2.5 m section of matrix supported gravel contained large-

scale cross-cutting lenticular geometry.  In Log 8, LF3b displayed a distinct fining upwards 

sequence, with a marked reduction in clast size and density, accompanied by an increase in 

bedding dip. 

 

6.4.2.5.4. LF3b Interpretation 

 

On the basis of its geomorphic context (flat topped raised deltaic features) and 

sedimentology (dipping, planar stratified sand and gravel), LF3b is interpreted as a sequence 

of gravelly delta forests (Gilbert, 1885, Edwards, 1986, Nemec and Steel, 1984).  Based upon 

the deltaic setting and the presence of frequent marine shell fragments, LF3b was deposited 

in a marine environment.  The poor sorting and weak imbrications of clasts within foreset 

beds reflects deposition through avalanching, highly concentrated debris flows, and bedload 

deposition down the delta face, forming dipping, planar stratified deposits (Postma and 

Roep, 1985, Kenyon and Turcotte, 1985).  The upward fining sequence recorded in LF3b 

exposures from Tasiussaq are common sedimentological characteristics of delta foresets 

(Clemmensen and Houmark-Nielsen, 1981), likely to represent a retreat of the ice margin.  

In contrast, the exposure of LF3b found at the head of Arfertuarssuk (Log 1 and 2) is 
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characterised by a coarsening upwards sequence.  It is possible that this is due to the 

development of deposition proximal to a glacier meltwater efflux (Bannerjee and McDonald, 

1975, Cheel and Rust, 1982).  The inferred direction of delta formation from foreset dip 

varies between logged sections, with deposition from the north in Arfertuarssuk, the east in 

Tasiussaq, and the north in Uligssat.  The orientation of dipping planar stratified lithofacies 

provides further evidence for the interpretation of sediments and belonging to a Gilbert-

type delta.  In addition, dip orientation assists in precluding a fluvial source for the 

sediments (e.g. Logs 4, 7, and 8).  Clast form data are variable throughout logged exposures 

of the lithofacies, but suggest active transport.  C40 and RA values are higher than those 

reported from other deltaic deposits (Benn and Evans, 1993), suggesting a short transport 

history, and therefore limited clast rounding. 

 

Figure 6.25. Photographs from the delta section recorded in Log 8.  (a) Overview 

photograph of the section described in Log 8, dominated by the dipping, planar stratified 

LF3b; (b) enlargement, showing the sharp switch from LF3a to LF3b. 

 

6.4.2.5.5. LF3c Results 

 

LF3c is composed of well to very-well sorted interstratified clayey silts, fine to coarse sand, 

and fine sand and gravel.  Units are horizontally planar stratified, with no clear grain size 

grading, and are up to 50 cm thick (Figure 6.26).  Granule sized clasts are dominated by local 

basaltic material, and appear sub-angular to sub-rounded.  No clast form data was taken 

from this lithofacies.  In Log 10 (Uligssat), a 2.5 m section of matrix supported gravel 

contained well-developed, large-scale cross-cutting lenticular geometry (Figures 17 and 26). 
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6.4.2.5.6. LF3c Interpretation 

 

The facies of massive to planar interstratified silt to gravel is interpreted as low energy 

glaciolacustrine and glaciofluvial deposits, formed in the proglacial zone as delta topsets.  

Sediment variability is thought to be a function of variability in water depth (Fyfe, 1990), and 

local glacier proximity.  The fine grain size, and low energy nature of the sediments suggest 

that this deposition occurred in an ice-distal setting.  Though LFA3 is found extensively 

throughout Arfertuarssuk, Tasiussaq, exposure of LF3c is very restricted, only found in Logs 

6 and 10.  The well-developed lenticular geometry of sediments in Log 10 records the 

development of palaeochannels, a common feature of topset deposits (Fyfe, 1990, Lønne 

and Nemec, 2004).  This provides evidence for the development of well-defined, 

channelised flow across the surface of the delta. 

 

 

Figure 6.26. Photograph of horizontally stratified medium sands characteristic of LF3c.  

Photograph is from Log 6. 

 

6.4.2.5.7. LFA3 Interpretation 

 

Based upon both their sedimentology (bottomsets, foresets, and topsets) and 

geomorphology (flat topped features with sloping front and rear faces - see Section 6.4.1.) 
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they are interpreted as partial sequences from Gilbert-type deltas (Gilbert, 1885, Bates, 

1953, Benn and Evans, 2010). 

 

Gilbert-type deltas form in both glacier-fed and ice-contact settings (Benn and Evans, 2010), 

and often display very similar sedimentological properties (Lønne, 1993).  The raised deltas 

from which Logs 4 (centre of the Arfertuarssuk Fjord) and 10 (Uligssat valley) were recorded 

display steeply sloping upstream flanks, and lower angle downstream slopes.  These 

upstream slopes are interpreted as ice-contact slopes, providing evidence that the delta was 

ice-contact during its formation (Figures 6.6c and 6.13c).  In addition, there is limited 

continuation of the raised deltas, providing evidence that it was formed through deposition 

in an ice-contact, and not glacier-fed setting.  In contrast, the delta from which Logs 1-3 

were recorded, at the head of Arfertuarssuk Fjord, does not display a clear ice-contact slope.  

It is possible that this too represents an ice-contact delta, although evidence is inconclusive, 

and is tentatively interpreted as glacier-fed.  Similarly, the deltas from which Logs 6-9 were 

recorded do not display clear ice-contact slopes, and as a result can only be classified as 

Gilbert-type deltas, and not as glacier-fed or ice-contact. 

 

 

 

Figure 6.27. (a) Photograph of section from Log 3, displaying dipping, planar bedded gravels 

(LF3b), overlain by LFA4; (b) sedimentary detail of LFA4 – with dipping bedding evident. 

 

 

6.4.2.6. LFA4 Results 

 

LFA4 is found in Arfertuarssuk and Tasiussaq, and composed of extensive moderately to 

poorly stratified, medium to coarse dipping planar stratified sand and gravel (Figure 6.27).  
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The bulk of LFA4 is matrix supported, though infrequent facies of clast supported gravels 

were logged.  Clasts throughout the lithofacies association are pebble to cobble sized, 

angular to rounded, and dominated by local basaltic lithologies.  The clast assemblage 

returned C40 values of 60-64% and RA values of 55-65 (Figures 6.18 and 6.19).  Gravelly 

facies in Log 3 are interstratified with fine grained facies of beige sandy silt, and 

discontinuous lenses of brown silty clay.  These contain angular basaltic granules up to 3 cm 

in diameter.  Facies from LFA4 dip variably throughout Svartenhuk: south-southeast at 20-

38° in Arfertuarssuk, and west at 8-20° in Tasiussaq. 

 

6.4.2.7. LFA4 Interpretation 

 

Based upon the dipping stratification, and frequent sharp switches between matrix and clast 

supported facies, LFA4 is interpreted as a stratified slope deposit (DeWolf, 1988, Francou, 

1990).  Though impossible to comprehensively separate and understand the depositional 

processes responsible for deposition, these kind of deposits are likely to have formed 

through gravitationally driven slope wash, debris flow, and solifluction (Bertran et al., 1997), 

sourced from steep terrain backing a number of delta sites.  The presence of stratification 

and a clear sorted structure are indicative of an overland flow component (Bertran and 

Texier, 1999).  The fine gravelly facies of LFA4 at Log 3 are indicative of a relatively short 

transport distance along the flow distance (Van Steijn et al., 2002).  The repeatable pattern 

of switches between matrix rich gravel and layers of coarser clast rich gravels is 

characteristic of stratified slope deposits, formed through multiple stacked grain flows (Van 

Steijn et al., 2002).  Clast form data support this interpretation, with the highest C40 and RA 

values reported from this study.  The C40 – RA plot places the LFA4 samples in a similar 

region to previously reported scree and supraglacial material (Benn and Ballantyne, 1994) 

(Figure 6.19).  The high angularity is characteristic of slope deposits, with a relatively short, 

passive transport pathway (Ballantyne, 1982, van Steijn, 1996, Van Steijn et al., 2002).  

These data suggest a preference to slabby, elongate forms, also indicative of unmodified, 

frost-weathered clast (Ballantyne, 1982).  Though difficult to fully interpret the sediment 

based upon this exposure, the presence of interstratified fines throughout LFA4 suggests 

some input through slope wash.  Though periglacial conditions are likely to have enhanced 

slope deposition through increased frost action, they are not necessary; slope deposits can 

form under a wide range of conditions (Van Steijn et al., 2002). 
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6.4.2.8. LFA5 

 

LFA5 was subdivided into two distinct lithofacies.  LF5a is a diamicton found capping Logs 1 

and 2 in Arfertuarssuk, and is also found in Tasiussaq.  Within Tasiussaq, LF5a appears 

below, or in places interbedded with LF5b, a facies of sand and gravel.  Due to their 

dissimilar sedimentology they have been analysed and interpreted separately. 

 

6.4.2.8.1. LF5a results 

 

LF5a is a grey to pink-grey, massive, matrix-supported diamicton (Dmm).  It is moderately to 

well consolidated, with a bimodal matrix distribution, with modes at 1000 µm (coarse sand) 

and 45 µm (coarse silt) (Figure 6.20).  A lesser component of clay to silt was also found.  The 

matrix is rich in marine shells, with common fragments and rare intact in-situ single valves.  

In places the shells are held in distinct horizons within the matrix.  The contact between 

LFA5 and underlying lithofacies is very sharp in all exposures, with no evidence of sediment 

mixing.  Clasts in LF5a are dominated by local basaltic lithologies, up to 20 cm in diameter 

and sub-angular to sub-rounded, with ~14% striated.  Clast fabrics are moderately to 

strongly clustered, displaying low isotropy (Figures 6.21).  The macrofabric data return an S1 

eigenvalue of 0.59, suggesting moderate to high a-axis clustering, and a girdle to moderate 

cluster clast form shape (Figure 6.21).  Clast form analysis is clustered toward blocky and 

elongate, and data show C40 values of 38-48%, and a highly variable RA of 6-56 (Figures 

6.18 and 6.19).  As with LFA2, the lithofacies contained abundant marine shell fragments, 

with very rare paired valves.  A paired valve was sampled from the sediment for radiocarbon 

dating, and returned a finite age of 44.8 cal. kyr BP (Table 6.5). 

 

6.4.2.8.2. LF5a interpretation 

 

Based upon its diamictic nature, moderate to strong clustering of clast fabric coincident with 

independent indicators of ice flow direction, and the presence of striated clasts, LF5a is 

interpreted as a moderately to well-consolidated subglacial till.  The presence of local 

basaltic clasts and shell fragments throughout LF5a suggests extensive erosion of the 

underlying basaltic bedrock, and cannibalisation of pre-existing localised marine sediments.  

Clast form data display a higher C40 value than previously reported subglacial tills (Benn and 

Ballantyne, 1994), though the low RA values are similar.  The high angularity of clasts in 

comparison to other studies could be due to short transport distance, as discussed in LFA2.  
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Clast fabric data support the interpretation of LFA2 as a subglacial till, showing low isotropy 

and moderate to high elongation; falling within known envelopes of upper till fabric (Benn, 

1994; Bennett et al., 1999).  Although the strength and direction of preferential clast 

orientation varies between logged diamicton facies, orientation is in agreement with 

independent ice flow indicators, inferring north-northwest to south east ice flow in 

Arfertuarssuk, and northeast to southwest ice flow in Tasiussaq (see Figures 6.14 and 6.15).  

When LF5a is found in association with LFA2, clast macrofabrics from both lithofacies are in 

agreement, suggesting multiple ice advances overriding the sites from similar directions.  

Fabric from the lower portion of LF5a in Log 7 is multimodal, with no preferential 

orientation.  This could be a result of a localised decrease in the strain experienced by the 

sediment (Benn, 1995), or a function of a thick deforming bed, allowing free rotation of 

clasts (Hart, 1994, Hicock, 1992, Evans et al., 2006).  The absence of any bedding or 

deformation structures could suggest sediment homogenisation through mixing (van der 

Wateren, 1995), or simply be a primary sedimentary characteristic of a partially reworked 

deposit.  As argued for LFA2 above, this therefore suggests that LF5a contains both 

lodgement and deformation components.  In summary, the sedimentological and clast 

macro fabric data suggest that LF5a is a subglacial till, dominated by lodgement emplaced 

by glacier movement from the north-northwest in Arfertuarssuk, and northeast in Tasiussaq. 

 

6.4.2.8.3. LF5b Results 

 

LF5b was recorded capping Logs 7 and 8 in Tasiussaq.  This lithofacies is characterised by up 

to 1 m of yellow, clast supported sandy gravel, in places held within a friable open 

framework.  The facies is generally structureless, with some very crude sub-horizontal 

stratification.  In Log 7, the gravel is interstratified with occasional lenses (~3 cm thick) of 

well-consolidated pink diamicton, similar in colour, texture, and grain size to LF5a.  Clasts 

are local basaltic lithologies, up to ~14 cm in diameter.  Clasts are local basalt, and 

dominated sub-rounded and rounded clasts.  Clast form data show C40 values of 26-32%, 

and RA values 14-20 (Figures 6.18 and 6.19). 

 

6.4.2.8.4. LF5b Interpretation 

 

Exposures of LF5b are only found in locations where eskers were found on the land surface 

(see Section 6.4.1.2.).  As a result, the LF5b sand and gravel is interpreted as esker fill gravel 

(Warren and Ashley, 1994, Benn and Evans, 2010).  Clasts are locally derived from the 
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Svartenhuk Peninsula interior, and the low C40 (26-32%) and RA (14-20) values reflect an 

active transport history, either through subglacial or englacial pathways (Benn and Evans, 

2010). 

 

6.5. Discussion 

 

6.5.1. Geomorphological evidence for glaciation of southern Svartenhuk  

 

Previous research has proposed LGM glacial extent on Svartenhuk was very restricted 

(Laursen, 1944).  Although never comprehensively mapped, ice is thought to have been 

restricted to high-altitude mountain massifs in the interior of the peninsula, forming 

individual mountain valley glaciers and small cold-based ice fields.  This restricted LGM 

glaciation is hypothesised to have allowed preservation of extensive coastal deposits of non-

glacial MIS 5e-a sediments, deposited during periods of elevated sea-level.  Results from this 

study directly contradict this interpretation.  Geomorphological evaluation of sites from the 

Arfertuarssuk, Tasiussaq, and Uligssat valleys in southern Svartenhuk provide ubiquitous 

evidence for warm-based glaciers extending down to the present coastline.  Glacially 

striated bedrock found at a mid-fjord position within Arfertuarssuk provides evidence for 

grounded warm-based ice.  Evidence constrains this to at least the mid fjord, though its 

terminal position is not known.  Inset lateral moraines in Tasiussaq provide direct evidence 

for occupation of the valley by a large, warm-based glacier.  Within Tasiussaq, terminal 

position of valley glacier is very poorly constrained.  However, based upon the altitude of 

the valley-side lateral moraines, it must have extended offshore. 

 

As discussed in section 6.4, a series of ice-contact and glacier-fed deltas were recorded 

throughout Arfertuarssuk, Tasiussaq, and Uligssat, and regions of kettled outwash found at 

the head of Arfertuarssuk and throughout Tasiussaq.  Together these provide further 

convincing evidence for the extensive, warm-based glaciation of the region.  In particular, 

the preservation of the deltas and kettled outwash surfaces record the last deglaciation of 

southern Svartenhuk, from the coast toward the interior.  The presence of glaciogenic deltas 

is suggestive of a retreating glacier front, punctuated with a series of stabilisations, allowing 

the formation of large-scale, high-energy deltas.  The preservation of kettled outwash 

geomorphology and its stratigraphic position above the glaciogenic deltas in Arfertuarssuk 

and Tasiussaq suggests that the kettled surfaces represent the final stages of the last 

deglaciation from southern Svartenhuk, likely to be of outlet glaciers with debris charged 
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snouts (Benn and Evans, 2010).  This caused snout burial and stagnation during withdrawal, 

creating an ice-proximal, kettled outwash surface through ice block melt-out (Benn and 

Evans, 2010).  The small esker which runs into and across the outwash surface is likely to 

have formed either englacially or subglacially. 

 

Although the coastal valleys and fjords contain ubiquitous evidence of glacial activity, 

evidence further inland is limited.  Within the interior region to the north and east of 

Arfertuarssuk only discrete, small-scale evidence of ice activity was found.  These included 

small, subdued lateral moraines, small fragmentary eskers, and occasional edge-rounded 

boulders, perched upon the landsurface (e.g. occasional edge-rounded erratic boulders, 

small subdued moraines).  The series of overspill channels found incised into bedrock ridges 

to the northeast of Arfertuarssuk also provide evidence of glaciation within the interior of 

Svartenhuk.  As outlined in section 6.4.1.1, these overspill channels would have formed 

following damming and overtopping of the topography by pooled water.  Damming of this 

magnitude is not feasible with the present regional topographic configuration, and it is 

therefore believed that damming was caused by glacier ice.  Meltwater would have become 

dammed between the retreating ice-front, lateral basaltic ridges, and higher terrain to the 

southeast (Figure 6.3).  This would have formed large, topographically bound basins which 

then filled with meltwater.  Once filled, water escape through overspill would have occurred 

along lines of weakness on the ridges, forming gorges and channels flowing into 

neighbouring valleys. 

 

Evidence for glacial alteration on high-level land surfaces to the east of Arfertuarssuk and 

north and southeast of Tasiussaq is minor, with erratics and rare striated surfaces above 300 

m a.s.l.  Heavily weathered, high-altitude surfaces display evidence of a long-term surface 

exposure history, with some evidence for non-erosive glacial activity.  This suggests that the 

area has been covered by thin, protective, cold-based ice (Rea and Evans, 2003), likely to 

have been sourced from these high-level plateaux.  This protective ice cover is likely to have 

developed during both the LGM and previous glacial periods, though there is presently no 

chronological control on the exposure history of the surface.  However, it is likely that 

surface would have a complex exposure history, showing multiple periods of burial (by cold-

based ice) and exposure.  

 

The large sub-angular to sub-rounded boulders found upon lower fan surfaces in Uligssat 

are clearly erratic in nature, and not sourced from the Svartenhuk Peninsula.  There are no 
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other erratic boulders in the valley, either upon fan surfaces, or within deltaic sediments, 

suggested that they were deposited on top of the fan surface subsequent to deposition, 

perhaps by stranded ice bergs sourced from outlets to the east (e.g. Rink and Ingia Isbræ).  

However, these boulders remain enigmatic, and their source and depositional history are 

not fully understood. 

 

6.5.2. Sedimentological evidence for glaciation of southern Svartenhuk  

 

Geomorphological evidence for the warm-based glaciation of southern Svartenhuk is 

supported by sedimentological evidence from Arfertuarssuk, Tasiussaq and Uligssat.   

 

6.5.2.1. Subglacial sediment 

 

Subglacial till (LFa2 and LF5a) is found extensively throughout both Arfertuarssuk (Logs 1 

and 2) and Tasiussaq (Logs 5, 6, and 9).  As outlined in sections 6.4.2.3., 6.4.2.4., 6.4.2.8.1., 

and 6.4.2.8.2., these deposits are glacial in origin, and provide direct evidence for grounded, 

warm-based ice flowing through Arfertuarssuk and Tasiussaq valleys.  In places, both 

bedrock and sedimentary deposits displayed clear evidence of deformation through 

glaciotectonism (LFA1 – Log 5), providing further evidence for the overrunning of the region 

by mobile, warm-based ice.  In conjunction with their geomorphology, the esker gravels 

(LF5b) recorded in Logs 7 and 8 present additional sedimentological evidence for subglacial 

deposition during a second ice advance.  Clast fabric data from subglacial tills within 

Arfertuarssuk and Tasiussaq are in agreement with bedrock striae, moraine and delta 

orientation, and fjord/valley morphology.  These suggest north-northwest to south-south 

east ice flow in Arfertuarssuk, northeast to southwest ice flow in Tasiussaq, and north to 

south ice flow in Uligssat.  In conjunction with the results of clast lithological analysis (a clast 

assemblage of close to 100% locally derived clasts) this ice directional data suggests ice in all 

three valleys was sourced from the high-altitude centre of the Svartenhuk Peninsula, with 

no input from the GIS.  In Arfertuarssuk, both LFA2 and LF5a were visible within a single 

section.  These exposures provide unequivocal evidence for two distinct ice advances within 

Arfertuarssuk.  In contrast, only LFA2 or LF5a were visible in section in Tasiussaq.  However, 

Log 9 (in which LFA2 is present) is in close proximity to Logs 7 and 8 (in which LF5a is 

present).  LFA2 is the basal facies in Log 9, and lies below the ground surface of Logs 7 and 8.  

It is therefore hypothesised that LFA2 is present in Logs 7 and 8, though remains below the 

present land surface, and was not excavated. 
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The presence of whole and fragmentary marine shells throughout LFA2 and LF5a suggests 

that the sediments were either originally deposited under marine conditions (i.e. a higher 

than present sea-level), or consist of reworked marine sediments.  The latter is most likely 

for subglacial deposition, as discussed below (Section 6.5.3.). 

 

6.5.2.2. Proglacial sediment 

 

LFA3 is found between the subglacial tills, and broadly records a period of proglacial delta 

formation under marine conditions.  These provide evidence for the retreat of ice through 

Arfertuarssuk, Tasiussaq, and Uligssat.  During retreat, it is likely that ice became 

temporarily pinned a number of times, allowing for delta development.  No direct glacial 

sediments were found in Uligssat, and as a result the exposures of LFA3 (found within ice 

contact deltas), provide indirect evidence for glaciation.  The presence of whole and 

fragmentary marine shells throughout LFA3 suggests that the sediments were deposited 

during marine conditions, as the sediments are in situ.  This is supported by delta and 

alluvial fan geomorphology from the Svartenhuk coast, which is graded to a series of heights 

above sea-level (16 – 75 m a.s.l.), inferring formation during a higher than present relative 

sea-level. 

 

6.5.3. Chronology of southern Svartenhuk deposits 

 

The existing chronology constraining the deposits analysed in this study is based upon a 

number of infinite (>40 kyr) radiocarbon ages from locations at Logs 1, 3, and 5/6 (Table 

6.2), amino acid racemisation determinations, and U-series ages (>89 and 115 kyr BP (no 

errors quoted) - Funder et al., 1994 as from Kelly, 1986).  As discussed, these have been 

used to suggest pre-LGM sediment deposition.  Despite the stark disagreement in the 

sedimentological interpretations presented by this study and the studies from which the 

dates originate, the chronological control remains valid.  This study has provided an 

additional two dates from Arfertuarssuk (Log 1 - Table 6.5), which returned finite ages of 

47.7 cal. kyr BP and 44.8 cal. kyr BP (MIS3). 

 

Together, these new and old chronological data present a number of possibilities for the age 

of the sediment deposition throughout southern Svartenhuk, and thus, the age of glacial 

inundation.  The newly produced ages from shells in Log 1 are overlapping within 2σ error, 

despite appearing inverted within the sequence.  There is a possibility that the ages are 
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underestimates, and the use of an inorganic carbonate standard to correct the samples 

(Iceland Spar Calcite) has artificially lowered the background from accurate levels.  If so, the 

shells would have returned measurements indistinguishable from background.  However, 

based upon the chronology presented, shell ages and their associated geomorphological 

and sedimentological setting presents a number of possible interpretations: 

(1) Shell ages represent the age of subglacial till deposition demonstrating deposition of two 

tills rapidly after one another at ~49.8 – 43.5 cal. kyr BP.  This would correlate to MIS 3, 

within the last glacial cycle. 

(2) Shells formed during the period ~49.8 – 43.5 cal. kyr BP, but their age does not represent 

the age of the sediment deposition (LFA2 and LF5a).  Instead shells have been post-

depositionally reworked from pre-existing marine sediment by glacial activity, and included 

within the subglacial diamict.  This interpretation could place the deposition of sediments 

within the LGM (24 – 16 cal. kyr BP (Clark et al., 2009, Funder et al., 2011)). 

 

The small number of new ages and infinite values of older ages makes the robust validation 

of any one of these interpretations very difficult.  However, a number of observations can 

be drawn from the data.  Unless these dates represent large underestimates of shell age, 

they are in disagreement with the proposed age of deposition for the sediments (115 – 55 

cal. kyr BP - Kelly, 1986, Funder et al., 1991, Bennike et al., 1994).  The majority of published 

radiocarbon ages which have been used to constrain the age of deposits (n=6) produced 

non-finite ages of >30.4 to >40 cal. kyr BP (Table 6.2), in which the shell signal was not 

discernable from background.  However, recent progress in the precision of measurements 

and the use of AMS makes it possible that rerunning of these samples would now return a 

finite measurement.  The new shell ages, taken from a subglacial till of a possibly reworked 

assemblage therefore provide a maximum age for the emplacement of the subglacial till, 

and consequently the glacier advance.  On this basis of this reasoning it can be tentatively 

argued that the deposits within Arfertuarssuk (as no new dates exist from Tasiussaq or 

Uligssat) represent deposition during the last glacial cycle, after 43.5 cal. kyr BP.  The highly 

crushed nature of the shell assemblage within LFA2 and LF5a (other than the two shell 

samples used for dating), and the mixed macrofossil assemblage (Bennike et al., 1994) 

provide some evidence of post-depositional sediment reworking during later glacial activity.  

This makes it possible that the shells dated from Svartenhuk, though dating shell formation, 

are not dating sediment genesis. 
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The sparse chronology of sediments throughout southern Svartenhuk makes correlation 

between sites, and indeed individual valley systems difficult.  As no new dates were 

produced for Tasiussaq or Uligssat, they remain undated.  Further chronological control 

from all three valleys would assist in correlation, however the similar geomorphology, 

sedimentology, stratigraphy, and hypothesised source region (the high-altitude Svartenhuk 

interior) suggests that lithofacies found at multiple sites were deposited during the same 

phase of glacial activity (i.e. the LGM).  The present chronology also makes understanding 

the outcropping of multiple subglacial tills difficult.  Where found, they are consistently 

separated by LFA3, suggesting a distinct period of ice retreat before the second phase of 

overrunning and deposition of LF5a.  Further constraint upon age of deposition could be 

provided by the relative height of deposits throughout southern Svartenhuk.  The deposits 

are graded to a number of distinct levels above present sea-level, and the presence marine 

fauna within the deposits indicates their deposition in a marine setting at a time with a 

higher than present sea-level, or the reworking of previously deposited marine sediment by 

subsequent glacial advance.  The in situ LFA3 were clearly deposited during a period of ice 

retreat, into a higher than present relative sea-level.  As an LGM age is assigned for these 

deposits, delta formation is likely to have been during the early stages of deglaciation, prior 

to outpacing of eustatic sea-level rise by glacioisostatic adjustment (Long et al., 1999). 

 

Samples for surface exposure dating (36Cl), optically stimulated luminescence, and 

radiocarbon dating (from macroscopic plant remains) have been submitted to dating 

laboratories, and results are forthcoming.  It is hoped that the results from this multiple-

method dating approach will help to further constrain the glacial activity of ice across 

southern Svartenhuk. 

 

6.5.4. Implications for regional ice sheet history 

 

Both geomorphological and sedimentological data demonstrate glaciation of the peninsula 

to the present coastline, characterised by large warm-based valley glaciers.  The findings 

provide compelling evidence for glacier expansion to the present coastline, and its 

subsequent retreat to the Svartenhuk interior.  Based upon ice flow indicators and clast 

lithological composition, these glaciers are thought to have been sourced from high altitude 

plateaux in central Svartenhuk.  Very little evidence exists for the presence of any 

widespread ice sheet or ice stream activity within any of the valleys studied.  This suggests 

that the large UISS did not move on-shore in southern Svartenhuk either during or following 
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the deposition of the sediments throughout southern Svartenhuk.  This absence of ice 

stream impact upon a very low-lying coastal area, in close proximity is due to a number of 

reasons.  Firstly, during glacial condition, the onset zone of the UISS (to the southeast of 

Ubekendt Ejland) would have caused intense ice stream drawdown through Igdlorssuit Sund 

and into the Uummannaq Trough (see Chapter Four).  In conjunction with the shallow 

bathymetry to the north of Ubekendt Ejland, this is likely to have prevented the majority of 

ice from the northern Uummannaq region flowing directly west, towards the Svartenhuk 

coastline.  However, although this topographic diversion and powerful drawdown is likely to 

have prevented some ice flow, it remains likely that some ice (up to 800 m a.s.l. in thickness) 

still flowed through Qeqertat Imat, just south of Svartenhuk.  If true, a secondary factor 

must have prevented ice stream ice from moving onshore.  In this case, it appears that ice 

from the Svartenhuk Peninsula was able to expand sufficiently to reach the coast and 

prevent ice from the northern Uummannaq region from moving onshore.  Thus, the 

tentative correlation of deposits to the last glacial cycle is supported by the hypothesised 

configuration of the UISS during the LGM (Ó Cofaigh et al., 2013b, Roberts et al., 2013) as it 

is unlikely that pre-LGM sediments would have survived through the LGM within large, low 

elevation valleys.  Though a systematic analysis of the entire peninsula was not undertaken, 

glacial activity across Svartenhuk is likely to have been characterised by a patchwork of 

mountain valley glaciers and protective cold-based plateaux.  The presence of this large 

system of ice caps and mountain valley systems is not uncommon throughout Greenland, 

many of which can be seen today.  However, their expansion to the present coastline at a 

time thought to represent full-glacial conditions is unusual in Greenland, and appears to be 

a unique result of the topographic configuration of the Uummannaq region. 

 

These results clearly present a different interpretation of the sediments found throughout 

the Svartenhuk coast.  As argued above, a number of the deposits are clearly glacial in 

origin, in disagreement with previous studies (Kelly, 1986, Bennike et al., 1994).  This 

discrepancy in process-interpretation, in combination with new shell ages from subglacial 

diamicton has implications for the ‘Svartenhuk Marine Event’, originally interpreted from 

these sediments and dated to 115-55 cal. kyr BP.  This event, thought to be associated with 

warm temperatures and an elevated relative sea-level during the last interglacial, is clearly 

untenable when viewed in light of the newly presented glacial history of the coastline, 

based upon geomorphological and sedimentological evidence.  This has further 

repercussions for a number of previously identified sequences which have been correlated 

to the ‘Svartenhuk Marine Event’, including the ‘Qarmat Interstade’ (Funder, 1990b), 
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‘Petersbugt Interstade’(Funder et al., 1991), ‘Jameson Land Marine Episode’(Funder, 1990a), 

‘Kaffehavn Marine Event’ (Kelly, 1986), and ‘Thule Aminozone’ (Kelly, 1986, Funder, 1990b).  

These can now no longer be correlated to the ‘Svartenhuk Marine Event’.  Although this 

work has provided a solid sedimentological and geomorphological context for the 

sediments, further chronological control upon the deposits is needed in order to fully 

understand the depositional history of the coastline, and to robustly correlate between the 

three valleys studied. 

 

6.6. Conclusions 

 

Morphosedimentary investigation of deposits from three valleys in southern Svartenhuk has 

produced compelling evidence for the expansion of warm-based glaciers to the present 

coastline in the past.  These findings are in direct disagreement with sedimentological 

results from previous research in the Svartenhuk region.  These studies investigated some of 

the same sediments to this study, and interpreted them as pre-LGM, littoral marine 

sediments, with little/no evidence of glacial activity.  As a result the ‘Svartenhuk Marine 

Event’ was proposed (Kelly, 1986, Funder et al., 1991, Bennike et al., 1994).  Although 

evidence was found for marine depositional environments, sedimentological results provide 

evidence for deposition within fluvial, glaciofluvial, and subglacial environments, close to 

present sea-level.  These deposits have formed a series of ice-contact and glacier-fed deltas, 

alluvial fans, and kettled outwash surfaces which, in places, appear to have been graded to a 

high relative sea-level. 

 

The chronological control from Arfertuarssuk Fjord is also contrary to previous work, which 

constrained the deposition of the ‘Svartenhuk Marine Event’ to 115 – 55 cal. kyr BP.  Two 

new shell dates from the lower and upper subglacial tills in Arfertuarssuk returned ages 

which provide a maximum age of 49.8 cal. kyr BP for till emplacement, and therefore glacial 

advance.  This places maximum age of the most recent glaciation of Arfertuarrsuk, and 

potentially the entire southern Svartenhuk coast, within MIS 3.  It is possible that the marine 

fauna within the subglacial tills could represent a heavily reworked assemblage, and 

therefore the dates presented here represent an age over-estimation.  As a result, the 

glaciation of Arfertuarssuk is tentatively correlated to the last glacial cycle, though it may 

represent an advance prior to the LGM in Greenland.  No new chronological control could 

be provided for Tasiussaq or Uligssat, and as a result they remain undated within this 

framework.  However, further radiocarbon, surface exposure (36Cl), and OSL dates are 
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forthcoming.  These will provide a more rigorous age control upon the glaciation of the 

southern Svartenhuk coast.  Deposits and landforms record widespread glacier retreat and a 

series of marginal oscillations during deglaciation.  This area is therefore unique in West 

Greenland, where due to ice sheet cover; few areas contain evidence for independent valley 

glaciation.  Further detailed investigation of other valleys and areas across Svartenhuk could 

provide important information about the way in which glaciers not coupled with the main 

ice sheet responded to changes in climate, ocean temperature, and neighbouring ice sheet 

and ice stream extent. 
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CHAPTER SEVEN 

Thesis conclusions and wider implications 

 

The findings of this thesis have a number of wider implications for our understanding of 

long-term ice stream development and onset; ice stream geometry and controls upon 

deglacial behaviour; bedrock bedform development beneath an ice stream; and landscape 

development in areas peripheral to large ice streams.  These are outlined below. 

 

7.1. Long-term development of the Uummannaq Ice Stream System 

 

The long-term history of the UISS has been investigated using glacial landsystem 

investigation (cf. Evans, 2003), and integrated with the previously devloped uplift history 

and geological properties of the region.  This assimilation of Pliocene-Pleistocene tectonic 

uplift, bedrock geology, and glacial landsystem distribution has significantly enhanced our 

understanding of the factors controlling the development and distribution of large ice 

streams. 

 

This research has demonstrated that the Uummannaq region is dominated by areas of long-

term selective linear erosion and areal scour.  The onset of glaciation in West Greenland is 

thought to have occurred at ~4-3 Ma (Maslin et al., 1998), and in the Uummannaq region 

this would have been accompanied by erosion along pre-existing fluvial valleys.  During the 

intensification of glaciation throughout the Pleistocene, erosion would have remained 

confined within these valleys which, over multiple glacial cycles, would have developed into 

a series of recognisably glaciated, over-deepened fjords.  As is common in areas of selective 

linear erosion (1974, Sugden, 1968, Sugden and John, 1976, Hall and Glasser, 2003), inter-

fjord areas within northern Uummannaq have been removed from the impact of intense ice 

sheet erosion through the development of over-deepened troughs.  They instead form high-

elevation plateaux which have been colonised by cold-based plateaux ice fields and small 

mountain valley glaciers.  During the LGM and previous glacial phases, these areas would 

have remained as cold-based ice fields or nunataks.  This focusing of ice through the fjord 

system, and latterly across the continental shelf, has isolated areas to the north and south 

of the system, namely the Svartenhuk and Nuussuaq Peninsulas.  The isolation of peripheral 

areas is thought to have become increasingly pronounced though time, as fjord incision 

encouraged more efficient ice flow. 

 



215 
 

The uplift history of West Greenland is relatively well studied, and has been shown to be 

complex, characterised by four major uplift ‘events’ (2007, Green et al., 2011, 2009, Japsen 

et al., 2005), and this thesis has integrated this knowledge with our newly developed high 

resolution regional landsystem classifications.  Following this, it is suggested that the 

persistent uplift of land surfaces since the onset of glaciation (~4-3 Ma) has had a 

fundamental impact upon glacial erosion at a regional scale throughout the Uummannaq 

region.  This uplift, and subsequent fluvial and glacial erosion to a new base-level, has 

further encouraged selective linear erosion, beyond what would be expected in a less 

tectonically active region. 

 

Further to the over-deepened fjords which run through the Uummannaq region, the 

confluent nature of the fjord system, governed by pre-glacial fluvial topography, is 

responsible for the development of the UISS.  The confluence of the fjord network to the 

east of Ubekendt Ejland has been promoted by a switch in first order geology from hard 

Archaen gneiss to soft Cretaceous sediment.  This encouraged glacial erosion, coalescence, 

and a subsequent increase in trough cross-sectional area, leading to the development an 

efficient fast flowing ice stream channel (Swift et al., 2008).  Such geological control upon 

the glaciological process of ice stream onset is not unique to the Uummannaq system (Swift 

et al., 2008), and could be a feature indicative of areas of large-scale palaeo-ice streaming. 

 

7.2. The geometry and behaviour of the northern Uummannaq Ice Stream System during 

the Last Glacial Maximum 

 

7.2.1. Northern Uummannaq Ice Stream System geometry during the Last Glacial 

Maximum 

 

Geomorphological and surface exposure ages (Chapter 4) have demonstrated that ice 

thicknesses within the northern UISS reached 1400 – 1900 m a.s.l., which are comparable to 

the southern UISS.  Data have shown that ice from the northern fjords expanded during the 

LGM, becoming confluent in Igdlorssuit Sund.  Diffluent flow, unconfined by topography, 

was recorded on low elevation surfaces within fjords (e.g. Karrat Island, east 

Qeqertarssuaq), but not at elevations higher than 1040 m a.s.l.  In contrast to the southern 

UISS, ice thicknesses in the northern UISS were not sufficient to overtop plateaux between 

individual fjords.  Once ice expanded beyond the fjord system, the over-deepened 

Igdlorssuit Sund (formed of soft Cretaceous sediments) acted to drawdown ice from the 



216 
 

northern UISS into the UISS onset zone.  This work has therefore filled a gap in the previous 

knowledge of the UISS and provided evidence for the expansion and coalescence of ice from 

the northern Uummannaq region. 

 

7.2.2. Bedrock bedform development within the Uummannaq Ice Stream System 

 

As observed throughout much of Greenland, onshore areas in the northern Uummannaq 

region are devoid of extensive sediment cover which is, instead, concentrated offshore.  

Work presented in Chapter 5 analysed the response of a rigid bedrock bed to thick, fast 

flowing ice beneath an outlet glacier during the LGM, and provides an important insight into 

the controls upon bedrock bedform development.  Data from both Rink-Karrat and Ingia 

Fjord indicate that bedrock bedform response to similar hypothesised subglacial conditions 

demonstrates considerable inter-site variability.  Elongation ratios, a measure often used to 

differentiate between fast and slow flowing ice, varied widely between the study areas, 

from 0.8:1 to 8.4:1, suggesting that ice flow properties were not the governing factor in 

bedform development.  Thus, bedforms appear to have developed as a complex response to 

subglacial conditions and underlying bedrock properties.  As reported in other studies 

(Hooyer et al., 2012, Gordon, 1981, Roberts and Long, 2005, Roberts et al., 2010, 

Krabbendam and Bradwell, 2011, Krabbendam and Glasser, 2011), joint and bedding plane 

properties (e.g. their frequency, thickness and orientation) have exerted a strong control 

upon bedform development.  For the bedforms considered in this study, the bedding plane 

dip relative to palaeo-ice flow directions was shown to be the most important factor in 

resultant bedform properties.  Where the bedding plane dip relative to ice flow was low, 

bedforms displaying high ELRs developed.  In contrast, when bedding plane dip was high, 

short, wide bedforms developed, with ELRs up to an order of magnitude lower.  These 

variations can then have consequences for bed roughness, and therefore cavity formation.  

This has provided further evidence that the sole use of bedrock bedform characteristics to 

infer palaeo-glaciological properties is problematic and should be supported by a thorough 

understanding of the bedrock properties in which bedforms have developed. 

 

Further study of bedrock bedforms within palaeo-ice stream areas, and from regions of 

differing geology would enhance the present dataset, and allow further hypothesis 

development. 
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7.2.3. Behaviour of the northern Uummannaq Ice Stream System during the Last Glacial 

Maximum 

 

Prior to this research, the timing and nature of LGM deglaciation though the northern 

Uummannaq Fjords was very poorly constrained.  Results from this study (Chapter 4) have 

created a robust chronological dataset constraining the retreat of ice through Rink-Karrat 

Fjord.  Outlet glacier retreat is known to be driven by a number of climatic and aclimatic 

factors including: air temperature; ocean temperature; relative sea-level; and topography.  

Controls upon UISS retreat speed and style appear to have changed during the ice stream’s 

deglaciation.  Initial retreat was forced by an increase in air temperature and rising sea level, 

and accelerated through the Uummannaq Trough by calving into an over-deepened 

channel.  Subsequently, retreat to the east and north of the UISS onset zone forced outlet 

glaciers from the UISS to separate.  Following this unzipping, surface exposure and 

radiocarbon dates have revealed that ice streams within the Uummannaq region 

experienced a strongly asynchronous retreat response throughout the Holocene.  Results 

from the southern UISS have shown the ice margin experienced a temporary marginal 

stabilisation at 11.0 to 9.3 kyr in response to an increase in topographic confinement 

(Roberts et al., 2013).  Following this, ice stream retreat continued, and ice reached its 

present margin by 8.7 kyr (Roberts et al., 2013).  This is in agreement with a number of 

reconstructions of LGM deglaciation, with reports generally placing the ice margin at, or 

beyond, its present location by 7 kyr (Weidick et al., 1990, Long and Roberts, 2003, Young et 

al., 2011b, Briner et al., 2010).  However, the chronology from the northern UISS is in stark 

contrast to this data, with evidence for ice remaining topographically pinned within the 

inner fjord system into the Holocene Thermal Maximum.  This demonstrates the extreme 

asynchroneity of West Greenland ice stream response to forcings during deglaciation, and 

the ability of topographic forcing to override climatic controls.  This has clear implications 

for predictions of future ice stream response in a warming climate. 

 

7.3. Geomorphological and sedimentological evidence for the glaciation of the Svartenhuk 

Peninsula 

 

The Svartenhuk Peninsula is a large, relatively low elevation land mass in very close 

proximity to the route of the palaeo-UISS.  Previous research has, however, suggested that 

the entire peninsula remained ice free during the LGM, instead containing extensive MIS 5 

deposits.  Both geomorphological and sedimentological evidence from three valleys from 



218 
 

the southern Svartenhuk coastline have provided convincing support for the presence of 

warm-based glaciation in the past.  Results provide evidence for the expansion of ice 

sourced from the Svartenhuk interior to the present coastline or beyond.  Results also 

record the deglaciation of these ice masses, with widespread raised deltas indicating 

deglaciation into a higher than present sea-level. 

 

This evidence contrasts with previous conclusions drawn from the region, which reported 

widespread marine sediments, and no evidence for glacial activity (Kelly, 1986, Funder, 

1989b, Bennike et al., 1994).  This evidence also renders the ‘Svartenhuk Marine Event’, a 

period of extensive marine deposition into a relative sea-level higher than present (at 115-

55 kyr) (Kelly, 1986), untenable.  Initial chronological results instead allow a tentative 

suggestion that the glaciation recorded through the southern Svartenhuk valleys is LGM in 

age, and previous chronological controls have largely overestimated the age of deposition. 

 

The local ice caps and mountain glaciers on Svartenhuk are therefore thought to have 

extended to the present coastline during the LGM.  In conjunction with the drawdown of 

northern UISS ice through Igdlorssuit Sund, the presence of a large ice mass over Svartenhuk 

would have prevented UISS ice from encroaching upon it.  The Svartenhuk area therefore 

represents a relatively unique area within Greenland in which large glaciers independent of 

the Greenland Ice Sheet have been able to grow during the LGM, and potentially earlier 

glaciations.  

 

Future work will focus on the generation of a more robust chronology for the glaciation of 

Svartenhuk, with surface exposure, OSL, and further radiocarbon dating planned.  This will 

constrain the glacial activity throughout all three valleys, and provide a more solid basis 

upon which the LGM history of the Svartenhuk Peninsula can be established. 
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